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Petrology of Sedimentary Rocks is an advanced textbook describing the physical,
chemical, and biologic properties of the major types of sedimentary rocks, as revealed
by petrographic microscopy, geochemical techniques, and field study. It covers the
mineralogy, chemistry, textures, and sedimentary structures that characterise sedimen-
tary rocks, and relates these features to the depositional origin of the rocks and their
subsequent alteration by diagenetic processes during burial. In addition to detailed
sections on siliciclastic rocks (sandstones, shales, conglomerates) and carbonate rocks
(limestones and dolomites), it also discusses evaporites, cherts, iron-rich sedimentary
rocks, phosphorites, and carbonaceous sedimentary rocks such as oil shales.

This Second Edition maintains the fundamental structure of the original book, and
presents a comprehensive treatment of sedimentary petrography and petrology. It has
been thoroughly updated to include new concepts and ideas, and cutting-edge techniques
such as cathodoluminescence imaging of sedimentary rocks and backscattered electron
microscopy. Numerous photographs and diagrams illustrate characteristic features while
an extensive and up-to-date reference list provides a useful starting point for additional
literature research.

This textbook is designed for advanced undergraduate and graduate courses in
sedimentary petrology. It is also a key reference for researchers and professional petro-
leum geoscientists wanting to develop an understanding of the petrologic characteristics
of sedimentary rocks and their geological significance.
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Preface

As indicated in the first edition, this book emphasizes the properties of sedimentary rocks
rather than sedimentary processes. Thus, it focuses on description and discussion of
mineralogic and chemical composition, as well as the textures and sedimentary structures
that characterize sedimentary rocks. Further, it discusses application of insights derived
from study of rock properties to interpretation of their origin, including provenance (sedi-
ment source), depositional environments, and diagenesis. Part I of the book deals with basic
principles related to the origin, classification and occurrence of sedimentary rocks. Part 11
describes and discusses the siliciclastic sedimentary rocks such as sandstones. Part III
describes the carbonate sedimentary rocks (e.g. limestones), and Part IV discusses other
chemical sedimentary rocks and carbonaceous sedimentary rocks such as oil shales. The
book is aimed at advanced undergraduate and graduate students; however, professional
geologists may also find the book useful.

Sedimentary petrology is a broad scientific discipline that encompasses study of all
kinds of sedimentary rocks, including those that constitute a relatively small volume
of total sedimentary rocks. These volumetrically minor rock types nonetheless provide
valuable insight into Earth history, and some are economically significant. Thus, the
book gives significant coverage to minor rock types such as cherts, phosphorites and
iron-rich sedimentary rocks, as well as to more abundant sedimentary rocks such as
sandstones, shales and limestones, which make up the bulk of the sedimentary rock
record.

Petrologic study requires application of suitable techniques for field and laboratory
observation and analysis. Several kinds of studies, such as measuring and describing
sedimentary structures, are carried out in the field before specimens are collected for further
analysis. In the laboratory, petrographic microscopy is a venerable, basic tool for studying
the composition and texture of sedimentary rocks; however, it is being supplemented
increasingly by a variety of other tools and techniques (see Chapter 1). Electron microscopy,
cathodoluminescence microscopy, X-radiography, electron probe microanalysis, Fourier
analysis and various kinds of spectroscopic analyses are examples of techniques that
allow further optical, geochemical and physical characterization of sedimentary rocks.
This book discusses applications of many of these techniques and furnishes references to
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numerous published monographs that provide further in-depth discussion of analytical
methods.

During preparation of Petrology of Sedimentary Rocks, 1 drew heavily upon the
published work of numerous researchers. I wish to acknowledge the value of their con-
tributions and to thank other individuals, including reviewers and editors, who contributed
to the book.



Part 1
Principles
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Origin, classification, and occurrence
of sedimentary rocks

1.1 Introduction

Sedimentary rocks form at low temperatures and pressures at the surface of Earth owing to
deposition by water, wind, or ice. By contrast, igneous and metamorphic rocks form mainly
below Earth’s surface where temperatures and pressures may be orders of magnitude higher
than those at the surface, although volcanic rocks eventually cool at the surface. These
fundamental differences in the origin of rocks lead to differences in physical and chemical
characteristics that distinguish one kind of rock from another. Sedimentary rocks are
characterized particularly by the presence of layers, although layers are also present in
some volcanic and metamorphic rocks, and by distinctive textures and structures. Many
sedimentary rocks are also distinguished from igneous and metamorphic rocks by their
mineral and chemical compositions and fossil content.

Sedimentary rocks cover roughly three-fourths of Earth’s surface. They have special
genetic significance because their textures, structures, composition, and fossil content reveal
the nature of past surface environments and life forms on Earth. Thus, they provide our only
available clues to evolution of Earth’s landscapes and life forms through time. These
characteristics of sedimentary rocks are in themselves reason enough to study sedimentary
rocks. In addition, many sedimentary rocks contain minerals and fossil fuels that have
economic significance. Petroleum, natural gas, coal, salt, phosphorus, sulfur, iron and other
metallic ores, and uranium are examples of some of the extremely important economic
products that occur in sedimentary rocks.

Many different terms are used to describe the study of sedimentary rocks, including
stratigraphy, sedimentation, sedimentology, and paleontology. This book deals with sedimen-
tary petrology, which is that particular branch of study concerned especially with the
composition, characteristics, and origins of sediments and sedimentary rocks. The book focuses
on the physical, chemical, and biological characteristics of the principal kinds of sedimentary
rocks; however, it is concerned also with the relationship of these properties to depositional
conditions and provenance (sediment sources). I have attempted, where appropriate, to identify
major problems and concerns regarding the origin of particular kinds of sedimentary rocks or
particular properties of these rocks. Where controversy surrounds the origin, as with the origin
of dolomites and iron-formations, different points of view are examined.
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In this opening chapter of the book, I give a brief, generalized discussion of the origin,
classification, occurrence, and study of sedimentary rocks. I also examine the tectonic
setting of sediment accumulation. The composition of siliciclastic sedimentary rocks, in
particular, is strongly influenced by tectonic provenance and the kinds of depositional basins
and depositional conditions present in the tectonic setting. Therefore, it seems appropriate in
this opening chapter to consider tectonic setting and basin architecture as a framework for
discussion in succeeding chapters.

Chapters 2 and 3 examine the sedimentary textures and structures that are common to
many kinds of sedimentary rocks. Chapter 4 describes the characteristics of sandstones,
Chapter 5 discusses conglomerates, and Chapter 6 describes the characteristic features of
shales and mudrocks. The extremely important topic of sediment provenance is discussed in
Chapter 7, followed in Chapter 8 by discussion of diagenesis of siliciclastic sedimentary
rocks. Chapters 9-13 deal with the chemical/biochemical sedimentary rocks. Chapter 9
describes limestones, Chapter 10 discusses dolomites, and Chapter 11 examines the dia-
genesis of these carbonate rocks. Chapter 12 describes the characteristics of evaporites,
cherts, phosphorites, and iron-rich sedimentary rocks and discusses some of the controver-
sial aspects of their origin. The final chapter of the book, Chapter 13, discusses the
organic-rich, carbonaceous sedimentary rocks such as oil shales and coals.

1.2 Origin and classification of sedimentary rocks

As mentioned, all sedimentary rocks originate in some manner by deposition of sediment through
the agencies of water, wind, or ice. They are the product of a complex, sequential succession of
geologic processes that begin with formation of source rocks through intrusion, metamorphism,
volcanism, and tectonic uplift. Physical, chemical, and biologic processes subsequently play
important roles in determining the final sedimentary product. Weathering causes the physical
and chemical breakdown of source rocks, leading to concentration of resistant particulate residues
(mainly silicate mineral and rock fragments) and formation of secondary minerals such as clay
minerals and iron oxides. At the same time, soluble constituents such as calcium, potassium,
sodium, magnesium, and silica are released in solution. Soluble constituents are constantly
carried from weathering sites in surface (and ground) waters that discharge ultimately into the
ocean. Explosive volcanism may also contribute substantial quantities of particulate (pyroclastic)
debris, including feldspars, volcanic rock fragments, and glass.

In time, particulates are removed from the land by erosion, and undergo transportation by
water, wind, or ice to depositional basins at lower elevations. Within depositional basins, transport
of particulates eventually stops when the particles are deposited below wave base. Soluble
constituents delivered to basins by surface waters, or added to ocean water by water—rock
interactions along mid-ocean spreading ridges, may eventually accumulate in basin waters in
concentrations sufficiently high to cause their removal by inorganic processes. In many cases,
however, precipitation of dissolved constituents is aided in some way by biologic processes. Also,
plant or animal organic residues, which wash in from land or originate within the depositional
basins, may be deposited along with land-derived detritus or chemical/biochemical precipitates.
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After deposition of particulate sediment or chemical/biochemical precipitates, burial
takes place as this sediment is covered by successive layers of younger sediment. The
increased temperatures and pressures encountered during burial bring about diagenesis of
the sediment, leading to solution and destruction of some constituents, generation of some
new minerals in the sediment, and eventually consolidation and lithification of the sediment
into sedimentary rock.

This highly generalized succession of sedimentary processes leads to generation of four
fundamental kinds of constituents — terrigenous siliciclastic particles, chemical/biochemical
constituents, carbonaceous constituents, and authigenic constituents — which, in various
proportions, make up all sedimentary rock.

1. Terrigenous siliciclastic particles

The processes of terrestrial explosive volcanism and rock decomposition owing to weath-
ering generate gravel- to mud-size particles that are either individual mineral grains or
aggregates of minerals (rock fragments or clasts). The minerals are mainly silicates such as
quartz, feldspars, and micas. The rock fragments are clasts of igneous, metamorphic, or
older sedimentary rock that are also composed dominantly of silicate minerals. Further,
fine-grained secondary minerals, particularly iron oxides and clay minerals, are generated at
weathering sites by recombination and crystallization of chemical elements released from
parent rocks during weathering. These land-derived minerals and rock fragments are sub-
sequently transported as solids to depositional basins. Because of their largely extrabasinal
origin and the fact that most of the particles are silicates, we commonly refer to them as
terrigenous siliciclastic grains, although some pyroclastic particles may originate within
depositional basins. These siliciclastic grains are the constituents that make up common
sandstones, conglomerates, and shales.

2. Chemical/biochemical constituents

Chemical and biochemical processes operating within depositional basins may lead to
extraction from basin water of soluble constituents to form minerals such as calcite, gypsum,
and apatite, as well as formation of calcareous and siliceous tests or shells of organisms.
Some precipitated minerals may become aggregated into silt- or sand-size grains that are
moved about by currents and waves within the depositional basin. Carbonate ooids and
pellets are familiar examples of such aggregate grains. There is no commonly accepted
group name for precipitated minerals and mineral aggregates, analogous to the term
siliciclastic; they are referred to here simply as chemical/biochemical constituents. These
constituents are the materials that make up intrabasinal sedimentary rocks such as lime-
stones, cherts, evaporites, and phosphorites.

3. Carbonaceous constituents

The preserved, carbonized residues of terrestrial plants and marine plants and animals,
together with the petroleum bitumens, make up a third category of sedimentary constituents.
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Humic carbonaceous materials are the woody residues of plant tissue and are the chief
components of most coals. Sapropelic residues are the remains of spores, pollen, phyto- and
zooplankton, and macerated plant debris that accumulate in water. They are the chief
constituents of cannel coals and oil shales. Bitumens are solid asphaltic residues that
form from petroleum through loss of volatiles, oxidation, and polymerization.

4. Authigenic constituents

Minerals precipitated from pore waters within the sedimentary pile during burial diagenesis
constitute a fourth category of constituents. These secondary, or authigenic, constituents may
include silicate minerals such as quartz, feldspars, clay minerals, and glauconite and nonsilicate
minerals such as calcite, gypsum, barite, and hematite. They may be added during burial to any
type of sedimentary rock but are never the dominant constituents of sedimentary rocks.

Depending upon the relative abundance of siliciclastic, chemical/biochemical, and
carbonaceous constituents, we recognize three fundamental types of sedimentary rocks
(Fig. 1.1): siliciclastic (terrigenous) sedimentary rocks, chemical/biochemical sedimentary
rocks, and carbonaceous sedimentary rocks. As shown in Fig. 1.1, each of these major
groups of sedimentary rocks can be further subdivided on the basis of grain size and/or
mineral composition. Thus, the siliciclastic sedimentary rocks are divided by grain
size into conglomerates/breccias, sandstones, and mudrocks (shales), each of which
can be classified on a still finer scale on the basis of composition. The chemical/
biochemical sedimentary rocks are divided by composition into carbonates, evaporites,
cherts, ironstones and iron-formations, and phosphorites. Carbonaceous sedimentary
rocks may be separated by composition into oil shales, impure coals, coals, and
bitumens.

Although we recognize many types of sedimentary rocks on the basis of composition and
grain size, only three of these rock types are volumetrically important. As discussed in
greater detail below, mudrocks (shales), sandstones, and limestones make up the bulk of all
sedimentary rocks in the rock record. The compositions, textures, and structures of sand-
stones and limestones make them particularly important as indicators of past depositional
conditions. Therefore, I have placed major emphasis in this book on these two important
groups of rocks.

1.3 Distribution of sedimentary rocks in space and time

Sedimentary rocks and sediments range in age from Precambrian to modern. The ages of the
oldest known sedimentary rocks (in Greenland and northern Quebec, Canada) have been
determined by iron isotope analyses to be about 3.7-3.8 billion years (e.g. Dauphas et al.,
2007). The first rocks that formed on Earth were probably basic volcanic rocks. Sedimentary
rocks began to form once Earth’s atmosphere and oceans had developed owing to degassing
of Earth’s interior.

The area of Earth’s surface covered by sedimentary rocks has increased progressively
with time as the area of volcanic rocks has been successively reduced by erosion (Fig. 1.2).
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Figure 1.1 Classification of sedimentary rocks.

Sedimentary rocks now cover about 80 percent of the total land area of Earth (Ronov, 1983).
They also cover most of the floor of the ocean, above a basement of volcanic rocks.
According to Ronov, sedimentary rocks make up about 11 percent of the volume (9.5
percent of mass) of Earth’s crust and 0.1 percent of the volume (0.05 percent of mass) of the
total Earth. Average thickness of Earth’s sedimentary shell is 2.2 km, but thickness varies
widely in different parts of the continents and ocean basins.

Most of the volume of sedimentary rocks of Earth’s crust (about 70 percent) is concen-
trated on the continents, which make up about 29 percent of Earth’s surface (Ronov, 1983).
About 13 percent of sedimentary rocks occur on the continental shelf and continental slope,
which together make up about 14 percent of Earth’s surface. Approximately 17 percent of
the total volume of sedimentary rocks occurs on the floors of the oceans, which constitute
about 58 percent of Earth’s surface.
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Figure 1.2 Percent of continents covered by most important groups of rocks as a function of age.
(After Ronov, A.B., 1983, The Earth'’s Sedimentary Shell: American Geological Institute Reprint
Series 5, Fig. 17, p. 31. Reproduced by permission.)

As mentioned, the rocks that make up Earth’s sedimentary shell are mainly shales,
sandstones, and carbonate rocks. Past estimates, by different workers, of the relative
proportion of these rock types in the total sedimentary pile have varied significantly.
Estimates by Ronov (1983), on the basis of data obtained by direct measurement of the
distribution of the most important rock types, suggest that shales make up about 50 percent
of the sedimentary rocks on the continents, sandstones 24 percent, carbonate rocks 24 percent,
evaporites about 1 percent, and siliceous rocks (cherts) about 1 percent. In this tabulation, Ronov
has apparently lumped iron-rich sedimentary rocks with carbonate rocks, possibly under the
assumption that the iron-rich rocks formed by alteration of siderites (iron carbonates).
Phosphorites and carbonaceous sedimentary rocks are omitted from the tabulation because
their overall volume is quite small compared to that of the other sedimentary rocks.
Conglomerates are probably included with sandstones.

The distribution of sedimentary rock types by age is shown in Fig. 1.3. Note that the
relative volume of preserved shale per unit age has not changed significantly since early/
middle (Archean) Precambrian time. Also, the volume of sandstone of various ages is fairly
constant, although the proportion of different sandstone types (graywackes, arkoses, quartz-
itic sands) has changed somewhat through time. The most notable changes in volume of
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Figure 1.3 Volume percent of sedimentary rocks as a function of age. (After Ronov, A. B., 1983, The
Earth's Sedimentary Shell: American Geological Institute Reprint Series 5, Fig. 19, p. 33. Reproduced
by permission.)

preserved sediment per unit age are the marked decrease in iron-rich sedimentary rocks
(jaspilites) after late Precambrian time and the significant increase in carbonate rocks and
evaporites after the Precambrian.

1.4 Recycling of sedimentary rocks

Figure 1.4 depicts the mass of total sedimentary rocks graphed as a function of age of the
rocks. This graph shows a very strong trend of increasing mass of sedimentary rock per unit
time from the Precambrian into the Cenozoic. This trend reflects both rates of sedimentation
and rates of erosion. Keep in mind that the volume of older sedimentary rocks has been
progressively reduced through time by erosion. Thus, the volume of sediments shown for a
given age in Fig. 1.4 does not represent the total volume of sediment deposited during that
period of time. Rather, it is the preserved remnant of that original volume.

The particles that made up the first sedimentary rocks that formed on Earth were derived
by erosion of basic volcanic rocks. Through time, the area of Earth’s surface covered by
sedimentary rocks increased as the area covered by basic volcanic rocks decreased
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A.B., 1983, The Earth’s Sedimentary Shell: American Geological Institute Reprint Series 5, Fig. 8,
p. 14. Reproduced by permission.)

(Fig. 1.2). Some of these early formed sedimentary rocks were ultimately uplifted after
burial and lithification to become the source rocks for a new generation of sedimentary
rocks. These sedimentary rocks, in turn, were subsequently uplifted and exposed to become
the source rocks for a still younger generation of sedimentary rocks, and so on. The
constituents that make up younger sedimentary rocks have thus been recycled through the
processes of uplift, weathering, and erosion. The number of times that sedimentary rock of a
particular type has been recycled is a function of both the tectonic setting of the rocks within
a continental mass and the relative susceptibility of the rocks to destruction by weathering
and erosion. Tectonic setting (and climate) governs the intensity of the weathering/erosion
process; rock type determines the relative ease of destruction. In general, evaporites are the
most soluble and most easily destroyed sedimentary rocks. Limestones are next, dolomites
are third, and shales, sandstones, and volcanogenic sediments are fourth (Garrels and
McKenzie, 1971). Owing to the greater susceptibility of evaporite rocks to destruction,
Garrels and McKenzie suggest that such rocks may have been recycled up to 15 times in the
last three billion years. Carbonate rocks have been recycled about 10 times and shales and
sandstones 5 times.

Garrels and McKenzie suggest two possible models to account for recycling of sedimen-
tary rocks through time. The constant mass model assumes an early degassing of the Earth.
All the water of the hydrosphere and atmosphere was presumably released at this time, along
with all the CO,, HCI, and other acid gases that could react with primary igneous rock to
form sedimentary rock. The total volume of sedimentary rock was thus created very early in
Earth’s history. Since that time, no completely new sediment has been created because no
new acid gases have been released to create them. Through time, these early formed
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sediments have been recycled owing to erosion and destruction by metamorphism, with
concomitant recycling of CO, and HCl. The linear accumulation model assumes that
water, CO,, and HCI are being continuously degassed from Earth’s interior at a linear rate.
New sedimentary rocks have thus continued to form through time by breakdown of primary
igneous rock. Therefore, the mass of sediments has grown linearly through time from zero to
the currently existing mass. This model represents the extreme opposite conditions to those
assumed in the constant mass model. It is possible, of course, that the real recycling process
may have combined elements of the two models. That is, an early high rate of degassing may
have been followed by a continuously decreasing, possibly irregular, rate of degassing.

In any case, either model could account for the volume of preserved sediment that now
exists. What is important in studying the petrology of sedimentary rocks is to keep in mind
that the recycling process has brought about some important changes in sedimentary rocks
through time. For example, the mineralogy of siliciclastic sedimentary rocks must have been
affected through time as chemically and mechanically less-stable minerals and rock frag-
ments were selectively destroyed as they moved through several cycles of uplift, weath-
ering, erosion, transportation, deposition, and diagenesis — moving sediments toward a state
of greater compositional maturity (more quartz rich). Textural properties such as shape,
roundness, and grain size must also have been affected by multiple cycling, resulting, for
example, in enhanced rounding of detrital grains. Recycling of sediments has also produced
changes through time in the bulk chemical composition of sedimentary rocks, particularly in
the amounts of major elements such as Fe, Mn, Ca, Mg, K, Na, and Si. The patterns of
chemical change as a function of time are complex and not easily generalized.

1.5 Tectonic setting of sediment accumulation
1.5.1 Introduction

The physical, chemical, and biological properties of sedimentary rocks are strongly influenced
by the nature of sediment source areas (provenance) and the conditions of the depositional
environment. The characteristics of source areas and depositional environments, in turn, are
the result of the tectonic and geologic history of the region in which the sediments accumulate.
For example, source rock types are intimately related to the regional tectonic setting; e.g.
volcanic source rocks originate mainly within magmatic arc settings, plutonic igneous rocks
are more characteristic of continental block provenances, and metamorphic and sedimentary
source rocks typically occur in orogenic belts characterized by collision tectonics. Furthermore,
the topographic expression and relief of source areas are controlled by uplift and deformation.
Similarly, such aspects of the depositional environment as basin size and geometry, water
depth, proximity to source areas, and rate of basin subsidence are influenced by the position of
the depositional environment within the regional tectonic framework.

Tectonism, through its influence on provenance and depositional environments, thus exerts
an important, indirect control on sedimentation patterns and sedimentary rock characteristics.
We will examine more closely the nature of this relationship in appropriate sections of the book.
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1.5.2 Plate tectonics and depositional basins

From about the 1860s to the 1960s, geological thought regarding the relationship of
tectonics and sedimentation focused on the geosynclinal theory. This theory proposed that
geosynclines are relatively narrow, elongate sediment-filled troughs that were located along
the margins of continents or possibly within continents. Shallow-marine deposits putatively
accumulated in these troughs to great thickness as a result of continued subsidence of the
geosyncline caused by sediment loading or by downbuckling of Earth’s crust owing to
lateral compression generated by shrinking of the Earth.

While some geologists were still thinking and debating about geosynclines as late as the
1950s, a quiet geological revolution was under way that was soon to have a profound effect
on every aspect of geological thinking. Spearheaded by geologists such as Harry Hess,
Robert Dietz, and J. Tuzo Wilson, the concept of seafloor spreading and plate tectonics
emerged in the late 1950s and early 1960s. Although the plate tectonics theory is now
familiar to all geologists, the concept of spreading ridges, moving crustal plates, and
subduction zones forced some dramatic new ideas about tectonics and sedimentation
upon a reluctant generation of geologists weaned on geosynclinal concepts. Eventually,
most geologists abandoned the geosynclinal concept in favor of the plate tectonics theory.

What became important to sedimentologists was developing a better understanding of the
relationship between global tectonic settings and patterns of sedimentation. Central to all of
this was the need to formulate models of depositional basins that are consistent with the
characteristics of sedimentary rocks in the geologic record. Sedimentary basins are now
commonly classified in terms of (1) the type of crust on which the basins rest, (2) the
position of the basins with respect to plate margins, and (3) for basins lying close to a plate
margin, the type of plate interactions occurring during sedimentation (e.g. Miall, 1990,
p. 501).

Several classifications of sedimentary basins that take into account these criteria have
been proposed. Perhaps the most comprehensive basin model is that of Busby and Ingersoll
(1995), who classify depositional basins into 5 major types and 26 subtypes (Table 1.1).
Figure 1.5 illustrates several of the more important types of depositional basins. A summary
of major characteristics of these basins and the kinds of sedimentary rocks deposited in the
basins is given in Boggs (2006, pp. 554-568), and is not repeated herein. The factors that
control or affect depositional processes and the resulting sediment characteristics include:

1. The lithology of the parent rock (e.g. granite, metamorphic rock) in the sediment source area,
which controls the composition of sediment derived from these source rocks.

2. The relief, slope, and climate of the source area, which controls the rate of sediment denudation, the
survivability of unstable minerals, and the rate at which sediment is delivered to depositional
basins. The climate of the depositional basin is also important because it affects sedimentary
processes such as transport of sediment by wind, water, or ice.

3. The rate of basin subsidence, together with rates of sea-level rise or fall, determines the accumu-
lation space — the space available at any time in which sediments can accumulate.

4. The size and shape of the basins, which places limits on the volume of sediments that can
accumulate.
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Table 1.1 Major kinds of sedimentary basins and their tectonic setting

Divergent settings
Terrestrial rift valleys:

Proto-oceanic rift troughs:

Intraplate settings
Continental rises and terraces:

Continental embankments:

Intracratonic basins:

Continental platforms:

Active ocean basins:

Oceanic islands, aseismic ridges
and plateaus:

Dormant ocean basins:

Convergent settings
Trenches:

Trench-slope basins:

Forearc basins:
Intraarc basins

Backarc basins:

Retroarc foreland basins:

Rifts within continental crust commonly associated with bimodal
volcanism. Modern example: Rio Grand rift (New Mexico)

Incipient oceanic basins floored by new oceanic crust and
flanked by young rifted continental margins. Modern
example: Red Sea

Mature rifted continental margins in intraplate settings at
continental-oceanic interfaces. Modern example: East
Coast of USA

Progradational sediment wedges constructed off edges of rifted
continental margins. Modern example: Mississippi Gulf
Coast

Broad cratonic basins floored by fossil rifts in axial zones.
Modern example: Chad Basin (Africa)

Stable cratons covered with thin and laterally extensive
sedimentary strata. Modern example: Barents Sea (Asia)

Basins floored by oceanic crust formed at divergent plate
boundaries unrelated to arc-trench systems (spreading still
active). Modern example: Pacific Ocean

Sedimentary aprons and platforms formed in intraoceanic
settings other than magmatic arcs. Modern example:
Emperor-Hawaii seamounts

Basins floored by oceanic crust, which is neither spreading nor
subducting (no active plate boundaries within or adjoining
basin). Modern example: Gulf of Mexico

Deep troughs formed by subduction of oceanic lithosphere.
Modern example: Chile Trench

Local structural depressions developed on subduction complexes.
Modern example: Central America Trench

Basins within arc-trench gaps. Modern example: Sumatra

Basins along arc platform, which includes superposed and
overlapping volcanoes. Modern example: Lago de
Nicaragua

Oceanic basins behind intraoceanic magmatic arcs (including
interarc basins between active and remnant arcs), and
continental basins behind continental-margin magmatic arcs
without foreland foldthrust belts. Modern example: Marianas

Foreland basins on continental sides of
continental-margin arc-trench systems (formed by
subduction-generated compression and/or collision). Modern
example: Andes foothills
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Table 1.1 (cont.)

Remnant ocean basins:

Peripheral foreland basins:

Piggyback basins:

Foreland intermontane basins
(broken forelands):

Transform settings
Transtensional basins:

Transpressional basins:

Transrotational basins:

Hybrid settings

Intracontinental wrench basins:

Aulacogens:

Impactogens:

Successor basins:

Shrinking ocean basins caught between colliding continental
margins and/or arc-trench systems, and ultimately subducted or
deformed within suture belts. Modern example: Bay of
Bengal

Foreland basins above rifted continental margins that have been
pulled into subduction zones during crustal collisions (primary
type of collision-related forelands). Modern example: Persian
Gulf

Basins formed and carried atop moving thrust sheets. Modern
example: Peshawar Basin (Pakistan)

Basins formed among basement-cored uplifts in foreland settings.
Modern example: Sierras Pampeanas basins (Argentina)

Basins formed by extension along strike-slip fault systems.
Modern example: Salton Sea (California)

Basins formed by compression along strike-slip fault systems.
Modern example: Santa Barbara Basin (California)
(foreland)

Basins formed by rotation of crustal blocks about vertical axes
within strike-slip fault systems. Modern example: Western
Aleutian forearc (?)

Diverse basins formed within and on continental crust due to
distant collisional processes. Modern example: Qaidam
Basin (China)

Former failed rifts at high angles to continental margins, which
have been reactivated during convergent tectonics, so that they
are at high angles to orogenic belts. Modern example:
Mississippi embayment

Rifts formed at high angles to orogenic belts, without preorogenic
history (in contrast with aulacogens). Modern example:
Baikal rift (Siberia) (distal)

Basins formed in intermontane settings following cessation of
local orogenic or taphrogenic activity. Modern example:
Southern Basin and Range (Arizona)

Basin classification — modified after Dickinson, 1974, 1976, and Ingersoll, 1988. Source: Ingersoll,
R. V. and C. J. Busby, 1995, Tectonics of sedimentary basins, in Busby, C. J. and R. V. Ingersoll (eds.),
Tectonics of Sedimentary Basins: Blackwell Science, Oxford, Table 1.1, p. 3, Table 1.2, p. 5.

Reproduced by permission.
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Figure 1.5 Schematic representation of selected kinds of tectonically formed basins. (After Boggs, S.,
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Fig. 16.3, p. 556. Reproduced by permission.)
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A close relationship exists between the tectonic setting of the sediment source area(s), the
characteristics of the depositional basin, and the kinds of sedimentary rocks that accumulate
in the basins. Tectonic setting governs the kinds of source rocks available to furnish sedi-
ment to depositional basins and thus the composition of sediments furnished to these basins.
The physical characteristics of basins and the nature of depositional processes within basins,
such as water depth and velocity, influence the characteristics of the deposited sediment,
e.g., size and shape of sediment grains and kinds of sedimentary structures. Therefore,
understanding the relationship between sedimentary rock characteristics and depositional
processes is essential to interpretation of sediment source areas (provenance), paleogeo-
graphy, and paleoenvironments in order to unravel Earth history.

1.6 Study of sedimentary rocks
1.6.1 Field study

Geologists can gain indispensable clues to geologic history through field studies of strat-
ification styles, bedding characteristics, and sedimentary structures. It is in the field also that
samples are collected for all subsequent laboratory analyses. Depending upon the objectives
of the investigation, field studies of sedimentary rocks can range from simple reconnais-
sance descriptions of principal rock types to detailed geophysical investigations. The more
common types of field studies performed by a single investigator or small groups of
investigators include: mapping the distribution of formations or rock types (geologic
mapping); determining lateral and vertical changes in lithofacies or biofacies; measuring
the thickness of rock units; describing textural properties and sedimentary structures;
measuring the orientation of directional sedimentary structures such as cross-bedding;
identifying mineral components of rocks; studying modern sedimentation processes such
as sediment transport and deposition; and collecting samples for later laboratory analysis.
Numerous books have been published over the years that describe the various methods of
field study and mapping. Recent examples of such books include Assaad et al. (2004),
Bhattacharyya (2000), Stow (2005), and Tucker (2003).

Sampling is a critically important aspect of field work because the value of interpretations
based on laboratory analyses of sedimentary rocks is uniquely dependent upon the sampling
technique used in the field. Exhaustive laboratory analysis of samples is useless if samples
are not representative of the unit investigated. In fact, improperly collected samples are
worse than useless because they can lead to erroneous conclusions. Griffith (1971) philo-
sophized that sampling is like religion: “Everybody is for it, but few seem to practice it.”
Field sampling is performed to obtain samples for laboratory analysis of many different rock
properties, such as chemical and mineral composition, isotopic composition, grain size,
grain shape, and fossil content. Sampling methods vary with the intended purpose of the
analysis and the type of rock being sampled. For example, the technique used to collect
samples from a vertical exposure of heterogeneous, layered, consolidated sedimentary rock
will differ from the method used to sample the surface layer of a relatively homogeneous,
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unconsolidated modern beach or fluvial deposit. An investigator may be concerned primarily
with differences between beds in the layered rocks but interested only in spatial variations
within the surface layer of the unconsolidated deposits. A paleontologist may take spot
samples from several different beds in a layered sequence if the object is to establish differ-
ences in fossil assemblages from bed to bed, but may take a channel sample across all the beds
if concerned only with the total assemblage of fossils in the beds. It is hardly possible to
overemphasize the importance of using the proper sampling technique for a given situation.
The problem of selecting the proper technique is compounded if the investigator at the time of
sample collection has only a hazy notion of the intended purpose of the samples.

Detailed discussion of the theory and practice of sampling is beyond the scope of this
book. The serious student or investigator will, however, make an effort to become familiar
with sampling methods before beginning a sampling project. Lewis and McConchie (1994,
pp. 48-60) provide a concise description of sampling techniques and sampling equipment,
as well as an extended bibliography dealing with sampling. Thompson (2002) presents a
more comprehensive, rigorous discussion of sampling theory. Shorter articles that describe
specific aspects of sampling, such as sampling stream deposits or lake sediments, may be
found by accessing appropriate library databases such as GeoRef and GeoBase.

1.6.2 Laboratory study

Petrographic microscopy has been an essential tool for petrologic study since Henry Clifton
Sorby pioneered a new branch of geology, “microscopical petrography,” in 1849; however,
petrographic microscopy is only one of the many techniques available for laboratory study
of sedimentary rocks. Some techniques, such as sieve and pipette analyses for sediment
grain-size determination, are time-tested methods that have been around for several decades.
Other techniques such as X-radiography of sedimentary structures, grain-shape studies
involving computer-assisted Fourier analysis, electron microscopy of very small particles —
including backscattered electron microscopy, cathodoluminescence studies of carbonates
and silicates, and chemical analysis of sediments by techniques such as X-ray fluorescence
and ICP (inductively coupled argon plasma emission spectrometry) are comparatively
recent developments.

It is not feasible here to attempt description of the various laboratory methods of studying
sedimentary rocks; however, several available books discuss these methods in detail. Carver
(1971) is a dated but still useful volume that contains numerous papers dealing with textural
and mineralogical analysis of sediments and sedimentary rocks. Tucker (1988) is a more
recent, multi-author volume that also describes textural analysis and petrographic micro-
scopical techniques, as well as more specialized techniques such as electron microscopy and
cathodoluminescence microscopy. Useful atlases that depict the characteristics of sedimen-
tary rocks as seen under the petrographic microscope include Adams and Mackenzie (1998),
MacKenzie and Adams (1994), Scholle (1978, 1979), and Scholle and Ulmer-Scholle (2003).

Krinsley et al. (1998) evaluate the use of backscattered electron microscopy (BSE) in the
study of sediments and sedimentary rocks, especially study of fine-grained rocks. Boggs and
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Krinsley (2006) discuss application of cathodoluminescence imaging to study of sedimen-
tary rocks, particularly provenance analysis. Chemical analysis of minerals and rocks has
become routine by using electron probe microanalysis (EPMA); e.g. Reed and Romanenko
(1995). More sensitive chemical analysis at low trace-element concentration levels is
possible by using techniques such as secondary mass spectrometry (SIMS) and laser-
ablation—inductively coupled plasma mass spectrometry (LA-ICP-MS); see for example
MacRae (1995) and Ridley and Lichte (1998). Many of these techniques are summarized in
Boggs and Krinslay (2006; ch. 3). Many issues of the Journal of Sedimentary Petrology also
contain notes and full-length articles describing special methods for measuring or analyzing
sedimentary rock properties.

1.6.3 Basin analysis

In recent years, it has become popular to refer to detailed stratigraphic and sedimentologic
analysis of depositional systems as basin analysis. Basin analysis may include aspects of
magnetostratigraphy, seismic stratigraphy, sequence stratigraphy, and radiometric age dat-
ing, as well as more conventional stratigraphic and petrologic analysis, including prove-
nance study. Such comprehensive analysis is rarely possible for an individual investigator
but is becoming increasingly important in larger research efforts. Numerous books are
available that provide detailed information about basin analysis. See, for example, Allen
and Allen (2005), Busby and Ingersoll (1995), and Miall (2000).

Further reading

Allen, P. A. and J. R. Allen, 2005, Basin Analysis: Principles and Applications, 2nd edn.:
Blackwell Publishing, Malden, MA.

Bhattacharyya, A, 2000, Analysis of Sedimentary Successions: a Field Manual:

A. A. Balkema, Rotterdam.

Boggs, S., Jr. and D. Krinsley, 2006, Application of Cathodoluminescence Imaging to Study
of Sedimentary Rocks: Cambridge University Press, Cambridge.

Busby, C. J. and R. V. Ingersoll (eds.), 1995, Tectonics of Sedimentary Basins: Blackwell
Science, Cambridge, MA.

Krinsley, D. H., K. Pye, S. Boggs, Jr., and N. K. Tovey, 1998, Backscattered Scanning
Electron Microscopy and Image Analysis of Sediments and Sedimentary Rocks:
Cambridge University Press, Cambridge.

MacKenzie, W. S. and A. E. Adams, 1994, A Colour Atlas of Rocks and Minerals in Thin
Section: Manson Publishing, London.
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New York.
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Sedimentary textures

2.1 Introduction

Few subjects in the field of sedimentology have been researched more thoroughly than sedi-
mentary textures. This strong interest in sedimentary textures has apparently arisen out of the
conviction of many workers that sedimentary texture is a valuable tool for environmental analysis.
The sizes, shapes, and arrangement (fabric) of siliciclastic grains have been examined and
reexamined over a period of decades in an effort to establish through empirical and experimental
studies the validity of this assumption. Unfortunately, this goal of environmental interpretation
remains elusive, and many problems still beset investigators who attempt to use sedimentary
texture as a tool for environmental analysis. Nonetheless, texture is a fundamental attribute of
siliciclastic sedimentary rocks. Along with other properties of these rocks, it helps to characterize
and distinguish them from other types of rocks and it aids in their correlation. Furthermore, the
texture of sedimentary rocks affects such derived properties of these rocks as porosity, perme-
ability, bulk density, electrical conductivity, and sound transmissibility. These derived properties
are of particular interest to petroleum geologists, hydrologists, and geophysicists.

Sedimentary texture encompasses three fundamental properties of sedimentary rocks:
grain size, grain shape (form, roundness, and surface texture [microrelief] of grains), and
fabric (grain packing and orientation). Grain size and shape are properties of individual
grains. Fabric is a property of grain aggregates. The characteristics of each of these proper-
ties are explored in this chapter.

2.2 Grain size
2.2.1 Grain-size scales

Natural siliciclastic particles range in size from clay to boulders. Because of this wide range of
sizes, the most useful grade scales for expressing particle size are logarithmic or geometric
scales that have a fixed ratio between successive elements of the series. The grade scale most
widely used by sedimentologists is the Udden—Wentworth scale (Wentworth, 1922). Each
value in this scale is either two times larger than the preceding value or one-half as large,
depending upon the sense of direction (Table 2.1). The Udden—Wentworth scale extends from
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Table 2.1 Udden—Wentworth grain-size scale for sediments and the equivalent phi (¢) scale

US Standard Phi (4)
sieve mesh Millimeters units Wentworth size class
4096 -12
1024 -10 Boulder
256 256 - 8
E 64 64 -6 Cobble
§ 16 - 4 Pebble
o < . 4 4 - 2
6 3.36 - 1.75
7 2.83 - 15 Granule
8 2.38 - 1.25
10 2.00 2 - 1.0
12 1.68 - 0.75
14 1.41 - 0.5 Very coarse sand
16 1.19 - 0.25
€ 1.00 1 0.0
20 0.84 0.25
25 0.71 0.5 Coarse sand
30 0.59 0.75
<1 — 0.50 Ya 1.0
a 40 0.42 1.25
Z 45 0.35 1.5 Medium sand
P 50 0.30 1.75
60 0.25 Ya 2.0
70 0.210 2.25
80 0.177 2.5 Fine sand
100 0.149 2.75
12— 0.125 Va 3.0
140 0.105 3.25
170 0.088 3.5 Very fine sand
200 0.074 3.75
230 0.0625 Vie 4.0
270 0.053 4.25
325 0.044 4.5 Coarse silt
[ 0.037 4.75
5 0.031 Va2 5.0
0.0156 Vou 6.0 Medium silt
0.0078 Yaze 7.0 Fine silt
= 00038  Vise 8.0 Very fine silt
5 0.0020 9.0
0.00098 10.0 Clay
= 0.00049 11.0
d 0.00024 12.0
0.00012 13.0
0.00006 14.0

<1/256 mm (0.0039 mm) to > 256 mm and is divided into four major size categories (clay, silt,
sand, and gravel). Some of these major size categories can be further subdivided, as shown in
Table 2.1.

Although the Udden—Wentworth scale adequately expresses the wide range of particle
sizes found in natural sediments and sedimentary rocks, it does not lend itself especially well
to the purposes of graphical plotting and statistical calculations. Because the magnitude of
each size class in the scale is different, and because many of the size classes are in fractions
of millimeters, the scale is difficult to work with when graphing. This problem can be
avoided in part by plotting the logarithm to base 10 of the millimeter sizes. This procedure
yields even-size divisions, but the divisions have fractional values. The phi ( ) scale is a
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logarithmic scale to base 2 that overcomes this problem of fractional size classes by allowing
grain-size classes to be expressed in integers. The scale is based on the relationship

= log,S (2.1

where  is phi size and S'is grain size in millimeters. Equivalent phi and millimeter sizes are shown
in Table 2.1. Note that increasing absolute value of negative phi numbers indicates increasing
millimeter size, whereas increasing positive phi numbers indicate decreasing millimeter size.

2.2.2 Measuring grain size

Methods

Several methods for measuring the grain size of siliciclastic particles are available, with the
choice of methods depending upon the sizes of the particles and their state of consolidation
(Table 2.2). Some of these measurement techniques have been used for several decades;
others are comparatively new. The principal methods of interest are described below.

Unconsolidated sediment

Older, conventional techniques for measuring the grain size of unconsolidated sandy sedi-
ment include sieving (see discussion in Folk, 1974, pp. 33-35 and Ingram, 1971) and

Table 2.2 Methods of measuring sediment grain size

Sample
Type of sample grade Method of analysis
Unconsolidated sediment Boulders Manual measurement of individual clasts
and disaggregated Cobbles
sedimentary rock Pebbles
Granules Sieving, settling-tube analysis, image analysis
Sand
Silt
Clay Pipette analysis, sedimentation balances,
Sedigraph, laser diffractometry,
electro-resistance size analysis (e.g. Coulter
Counter)
Lithified sedimentary rock Boulders Manual measurement of individual clasts
Cobbles
Pebbles
Granules Thin-section measurement, image analysis
Sand
Silt
Clay Electron microscopy
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sedimentation methods that involve measuring the fall time of particles through water in a
settling tube (Galehouse, 1971; Syvitski et al., 1991, pp. 45-63). Fall time can be equated
empirically to particle diameter. More recently, automated settling tubes (so-called rapid
sediment analyzers) have been developed that allow grain size of sandy sediment to be
measured rapidly and easily. The weight of sediment accumulating in a pan at the bottom of
the settling tube, or change in pressure of the water column as sediment settles, is automati-
cally measured as a function of time. The resulting data are simultaneously recorded on an
X=Yplotter or chart recorder as a cumulative curve. When the curve is properly calibrated,
grain size can be read from it. The latest development in rapid sediment analysis is to feed
the output from the analyzer directly into a microcomputer which, with appropriate soft-
ware, digitizes the data. The computer then calculates grain-size statistics and produces
various kinds of grain-size graphs or charts (e.g. Poppe ef al., 1985).

Most methods for measuring the grain size of fine-size sediment (fine silt and clay) are
based in some way upon Stokes’ law

_VV
%

where D is particle diameter in centimeters, V' is settling velocity, and C is a constant that
equals ( s— pg/18 , in which | is the density of the settling grains, is density of the
fluid, is viscosity of the fluid, and g is gravitational acceleration.

The standard, conventional way of measuring particle size on the basis of Stokes’ law is
by pipette analysis (e.g. Galehouse, 1971). Fine, unconsolidated sediment is stirred into a
suspension in a measured volume of distilled water in a settling tube. Uniform-size aliquots
of this suspension are withdrawn with a pipette at specified times, evaporated to dryness in
an oven, and weighed. These weight data can then be used in a modified version of Stokes’
law to calculate particle diameter

D 2.2)

AL
e
where x is the depth in cm to which particles have settled in a given time (withdrawal depth),
t is the elapsed time in seconds, and x/z = V (settling velocity).

Because pipette analysis is such a laborious and time-consuming process, several auto-
mated techniques for measuring the grain size of fine-grained sediment have now been
developed, most of which are also based on Stokes’ law. These methods require the use of
sophisticated (and expensive) equipment that may not be available in every sedimentology
laboratory.

Sedimentation balances are a type of automated settling tube for fine sediment that work
on much the same principle as rapid sediment analyzers for sandy sediment; fine sediment is
continuously weighed as it collects on a pan at the bottom of the settling tube. The
Sedigraph is an automated particle size analyzer that determines the size of particles
dispersed in a liquid by measuring the attenuation of a finely collimated X-ray beam as a

2.3)
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function of time and height in a settling suspension. The transmitted X-ray intensity
increases with time as particles settle out of suspension and thereby decrease
X-ray absorption. X-Ray intensity is electronically transferred into concentration values
and indicated linearly on the Y-axis of an X=Y chart recorder (Stein, 1985; Coakley and
Syvitski, 1991). The data output can be either a printout of size statistics or be in a graphical
form specified by the analyst.

A laser-diffraction size analyzer operates on the principle that particles of a given size
diffract light through a given angle, the angle increasing with decreasing size (e.g. McCave
et al., 1986). According to McCave ef al., a narrow beam of monochromatic light from an
He—Ne laser is passed through a sediment suspension and the diffracted light focused onto a
detector. This process senses the angular distribution of scattered light energy. “A lens
placed between the illuminated sample with the detector at its focal point focuses the
undiffracted light to a point at the center and leaves only the surrounding diffraction pattern,
which does not vary with particle movement. Thus, a stream of particles can be passed
through the beam to generate a stable diffraction pattern. By using a computer, it is possible
to optimize the size distribution accounting for the light-energy distribution.” For additional
discussion of laser-diffraction size analysis, see Agrawal et al. (1991), Sperazza (2004), and
Blott (2004).

Electro-resistance size analyzers such as the Coulter Counter or Electrozone Particle
Counter measure grain size on the basis of the principle that a particle passing through an
electrical field maintained in an electrolyte will displace its own volume of the electrolyte
and thus cause a change in the field. Particles are dispersed in a suitable electrolyte and
forced to flow through an aperture one at a time. As each particle passes through the
aperture, the properties of the field change. These changes are scaled and counted as voltage
pulses. The magnitude of each pulse is proportional to particle volume, and the number of
pulses is a function of particle concentration. By counting the number of pulses of various
magnitudes, the volume percentages of particles of different sizes can be determined (Swift
et al., 1972; Milligan and Kranck, 1991; McTainsh, 1997). By interfacing microcomputers
to the particle size analyzer, through appropriate amplifiers and software, great speed and
high resolution in data collection can be achieved.

These various methods of measuring the grain size of fine-grained unconsolidated sedi-
ment may give slightly different results because they are based on somewhat different
principles. For a comparison of the results of size analysis by some of these techniques, see
Singer et al. (1988), Grewal (1991), Konert (1997), and Beuselinck (1998).

Consolidated sedimentary rock

The grain size of consolidated sedimentary rocks that cannot be adequately disaggregated
cannot be measured by the various techniques described above. The conventional technique
for measuring sand- and coarse-silt-size grains in consolidated rocks is measurement in thin
sections by use of a petrographic microscope fitted with an ocular micrometer. The grain
size determined in this way is the section diameter of randomly oriented grains, which
is commonly smaller than the maximum diameter of the grains. This phenomenon is
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sometimes referred to as the corpuscle effect (Burger and Skala, 1976), meaning that grains
cut marginally in a thin-section plane have smaller apparent diameters. Thin-section meas-
urements do not yield the same results as sieve analysis, which measures the intermediate
diameter of grains. Therefore, thin-section grain-size measurements are commonly cor-
rected in some way to make them agree more closely with sieve data (Friedman, 1962;
Burger and Skala, 1976; Piazzola and Cavaroc, 1991; Johnson, 1994).

A more sophisticated (and expensive) method of measuring the size of particles in thin
section is available by using so-called image analysis (Ehrlich er al., 1984; Schifer and
Teyssen, 1987; Kennedy and Mazzullo, 1991; Van den Berg et al., 2003). With this system,
a television camera with a special viewing tube is mounted on a petrographic microscope.
The camera feeds an image to a high-resolution television monitor and to a video digitizer
(analog/digital converter) that converts the analog television signal to digital form and that is
controlled by a microprocessor (e.g. microcomputer or minicomputer). The television
camera views the grains through the microscope and projects an image of the grains onto
the monitor or onto a digitizer tablet. A grain to be measured is encircled on the monitor or
digitizer table with the cursor or a pen stylus. The boundary of the grain is “seen” as pixel
units. Pixels are electronically digitized arrays or squares, and each pixel is defined by two
spatial coordinates (X,Y) and a gray-level intensity value, which is a measure of brightness.
The area of the particle in pixel units can then be calculated from a special formula
(e.g. Kennedy and Mazzullo, 1991). A conversion factor is used to convert the data from
square pixels to square micrometers, from which the diameter of the particle is calculated.
Fine silt- and clay-size particles in consolidated rocks can also be studied by using an
electron microscope, although the electron microscope is not routinely used as a tool for
grain-size measurement.

Image analysis is especially useful for measuring the size of grains in consolidated rocks
where the grains cannot be measured by sieving or settling-tube methods. The method can
be applied equally well to measurement of loose grains in unconsolidated sediment
(Kennedy and Mazzullo, 1991; Francus, 1998).

2.2.3 Reducing and displaying grain-size data
Graphical methods

The measurement techniques described in Table 2.2 yield large amounts of data that must be
reduced in some way before meaningful comparison can be made between different sedi-
ment samples. The techniques for reducing and presenting grain-size data include both
graphical and statistical or quasistatistical methods. Graphical presentation of grain-size
data commonly involves plotting the data on bivariate diagrams in which either individual
weight percent of each grain-size class or cumulative weight percent is plotted against phi
size (Fig. 2.1). Histograms (Fig. 2.1A) are bar diagrams constructed by plotting individual
weight percent (frequency) along the ordinate and the phi size of each size class along the
abscissa. Such diagrams provide an easily visualized pictorial representation of the
grain-size distribution, but their shape is affected by the phi-size intervals selected for
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Figure 2.1 A hypothetical, nearly log-normal grain-size distribution plotted as a histogram (A), a
frequency curve (B), a cumulative curve with an arithmetic ordinate (C), and a cumulative curve with a
log-probability ordinate (D).

plotting (1/4 , 1/2 , etc.). A frequency curve is similar to a histogram except that the bar
diagram is replaced by a smooth curve (Fig. 2.1B). Crude frequency curves can be
constructed by connecting the midpoints of each size class in a histogram with a line.
More accurate frequency curves can allegedly be constructed by a technique described by
Folk (1974) involving graphical differentiation of the cumulative curve. A cumulative
curve is generated by plotting cumulative weight percent frequency against phi size.
Cumulative curves can be constructed that use either an arithmetic scale (Fig. 2.1C) or a
log-probability scale (Fig. 2.1D) for the ordinate. Plotting a cumulative curve on a proba-
bility ordinate yields a straight line if the grain-size values have a log-normal distribution
(explained below).
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Mathematical methods
General statement

Although graphical plots provide a convenient visual method for evaluating the
grain-size distribution of a given sample, comparison of large numbers of such plots can
be very cumbersome. Also, the average grain-size and sorting of samples cannot be
determined very accurately by visual inspection of grain-size graphs. To avoid these
difficulties, mathematical methods that permit statistical treatment of grain-size data can
be used to derive parameters that describe grain-size distributions mathematically.

Average grain size

Three mathematical measures can be used to describe the average size of grains in a
sediment sample. The mode is the most frequently occurring particle size in a population
of grains. The modal diameter corresponds to the diameter of grains represented by the peak
of a frequency curve or the steepest point (inflection point) of a cumulative curve. The
median size represents the midpoint of the grain-size distribution. Half of the grains by
weight in the sample are larger than the median and half are smaller. The median corre-
sponds to the 50th percentile diameter on the cumulative curve (Fig. 2.2). The mean size is
the arithmetic average of all the particle sizes in a sample. The true arithmetic mean size of
grains in a sediment sample cannot be calculated from the data obtained by most
grain-size measurement techniques, other than manual measurement of individual clasts,
because such measurements do not yield the sizes of individual particles. An approximation
of the mean size can be calculated from formula 1, Table 2.3. The graphic mean size
(Table 2.3) is obtained by calculating the average of the 16th, 50th, and 84th percentile
diameters determined from the cumulative curve (Fig. 2.2).

Grain-size sorting

The sorting of a grain population is a measure of the range of grain sizes present and the
magnitude of the spread or scatter of these sizes around the mean size. Sorting can be
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Figure 2.2 Method for calculating percentile values from a cumulative curve.
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Table 2.3 Formulas for calculating grain-size statistical parameters by graphical methods

Graphic mean 16+ 50+ 84

e )
Inclusive graphic standard deviation 84 16 95 5
i: 4 @)
4 6.6
Inclusive graphic skewness (sa+ 16 25) (o5+ 5 2 50)
SKi = 3)
2( 84 16) 2( 95+ 5)
Graphic kurtosis (95 5)
Ko=———""— 4
T 244( 55 ) &

Source: Folk, R. L. and W. C. Ward, 1957. Brazos River bar: A study in the significance of
grain-size parameters: J. Sediment. Petrol, 27, 3-26.

estimated by using a hand lens or microscope and reference to a visual estimating chart such
as that shown in Fig. 2.3 (see Jerram, 2001).

More accurate determination of sorting requires mathematical treatment of grain-size
data. The mathematical expression of sorting is standard deviation. In conventional statis-
tics, one standard deviation encompasses approximately the central 68 percent of the area
under the frequency curve (Fig. 2.4). The conventional formula for calculating standard
deviation cannot be used with grain-size data; however, a formula for calculating the
approximate standard deviation of a grain-size distribution by graphical-statistical methods
is given in Table 2.3: formula 2 yields standard deviation expressed in phi units (phi standard
deviation). Verbal terms for sorting corresponding to various values of graphic phi standard
deviation are given below, after Folk (1974).

Phi standard deviation Verbal sorting

<0.35 Very well sorted

0.35 to 0.50 Well sorted

0.50 to 0.70 Moderately well sorted
0.70 to 1.00 Moderately sorted

1.00 to 2.00 Poorly sorted

2.00 to 4.00 Very poorly sorted
>4.00 Extremely poorly sorted

Skewness is an additional measure of grain-size sorting that reflects sorting in the tails of
the distribution. When plotted as a frequency curve, the grain-size distributions of most
natural sediments do not yield a perfect bell-shaped curve such as the idealized curve shown
in Fig. 2.4. That is, they do not exhibit a normal, or log-normal, grain-size distribution (even
distribution of sizes about the mean size). Instead, they display an asymmetrical or skewed
distribution. When an excess of fine particles is present in a sample, the frequency curve has
a fine-size “tail” and the grain-size distribution is said to be fine-skewed, or positively
skewed (fine sediment has positive phi values; Fig. 2.5A. When a coarse tail is present, the
grain population is coarse-skewed, or negatively skewed (Fig. 2.5B). The numerical value
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Figure 2.3 Textural comparison chart showing degree of sorting. Each section is labeled with its verbal
sorting description according to Folk (1968). (After Jerram (2001), Visual comparators for degree of
grain-size sorting in two and three-dimensions: Comput. Geosci., 27, Fig. 5, p. 490. Reproduced by
permission of Pergamon Press, Elsevier Science Ltd.)
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Figure 2.5 Skewed grain-size frequency curves, illustrating the difference between positive (fine) and
negative (coarse) skewness. Note the difference between these skewed, asymmetrical curves and the
normal frequency curve shown in Fig. 2.4.
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of skewness (+ or —) can be calculated by using the graphic skewness formula shown in
Table 2.3. The more this numerical value deviates from zero, the greater the skewness.
Verbal skewness is related to calculated values of skewness as follows (Folk, 1974).

Calculated skewness Verbal skewness

>+0.30 Strongly fine skewed
+0.30 to +0.10 Fine skewed

+0.10 to —0.10 Near symmetrical
—0.10 to —0.30 Coarse skewed

<-0.30 Strongly coarse skewed

The sharpness or peakedness of a grain-size frequency curve is referred to as kurtosis.
Sharp-peaked curves are said to be leptokurtic; flat-peaked curves are platykurtic. Sharp-
peaked curves indicate better sorting in the central portion of the grain-size distribution than
in the tails, and flat-peaked curves indicate the opposite. A formula for calculating graphic
kurtosis is given in Table 2.3.

The mean size, standard deviation, skewness, and kurtosis of a grain-size distribution can
be calculated directly, without reference to cumulative curve plots, by the moment method.
This method of deriving grain-size statistical parameters has been known since the 1930s but
was not used extensively until computers became readily available to facilitate the involved
computations. These computations involve multiplying a weight (weight frequency in
percent) by a distance (from the midpoint of each size grade to the arbitrary origin of the
abscissa). Equations for computing moment statistics are given in Table 2.4, and a sample
computation form using 1/2  size classes is given in Table 2.5.

2.2.4 Applications and significance of grain-size data

Preceding discussion of sediment grain size focuses on discussion of techniques for
measuring grain size and the various methods of presenting and studying grain-size data.

Table 2.4 Formulas for calculating grain size by the moment method

Mean (1st moment) . _fin (1)
n

Standard deviation (2nd moment) fom % )2 2)
- 100

Skewness (3rd moment) o f(m x )3 (3)
- 100 3

Kurtosis (4th moment = \4 4

e e

f=Weight percent (frequency) in each grain-size grade present. m =Midpoint of each
grain-size grade in phi values. n = Total number in sample; 100 when f'is in percent.
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Figure 2.6 Grain-size bivariate plot of moment skewness vs. moment standard deviation, showing the
fields in which most beach and river sands plot. [Redrawn from Friedman, G. M., 1967, Dynamic
processes and statistical parameters for size frequency distributions of beach and river sands:
J. Sediment. Petrol., 37, Fig. 5, p. 334, reproduced by permission of SEPM.]

All of this has importance mainly if grain-size data provide information that is useful in
evaluating the economic significance of sedimentary rocks or in interpreting some aspect of
Earth history. Geologists recognize, for example, that grain size and sorting affect the
porosity and permeability of sedimentary rocks and thus the ability of these rocks to transmit
and store fluids. Accordingly, these rock properties hold significant interests for petroleum
and groundwater geologists.

Much of what has been written and published about grain size over the past half century has,
however, focused on the usefulness of grain-size data for interpreting depositional environ-
ments. Geologists have assumed that grain-size characteristics reflect depositional conditions
and processes and thus depositional environments. Sediments from each sedimentary environ-
ment allegedly exhibit uniquely different grain-size properties that distinguish them from
sediments of different environments. It has been further assumed that once sediments from
modern environments have been typed or “fingerprinted” by grain-size characteristics, this
information can be extrapolated to interpretation of ancient depositional environments.

Two principal types of graphical plots have been used extensively in environmental analysis:
two-component variation diagrams and log-probability plots. Friedman (1967, 1979) popular-
ized use of two-component grain-size variation diagrams in which one statistical parameter is
plotted against another, for example, skewness versus standard deviation (Fig. 2.6) or mean
grain size versus standard deviation. These methods putatively allow separation of the plots
into major environmental fields, such as beach environments and river environments.

Several workers (e.g. Visher, 1969; Sagoe and Visher, 1977) have suggested that the
shapes of grain-size cumulative curves plotted on log-probability paper have environmental
significance. Such curves typically display two or three straight-line segments rather than
the single straight line predicated for a normally distributed population (e.g. Fig. 2.7). These
curve segments are interpreted by the above workers to represent subpopulations of grains
transported simultaneously by different transport modes; that is, by traction, saltation, and
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Figure 2.7 Relation of sediment transport dynamics to populations and truncation points in a
grain-size distribution as revealed by plotting grain-size data as a cumulative curve on probability
paper. [After Visher, G. S., 1969, Fig. 4, p. 1079, reproduced by permission of SEPM]

suspension. Differences in curve shapes and the locations of truncation points of the curve
segments allegedly allow discrimination of sediments from different environments.

Although some workers have reported success by using these methods for typing and
differentiating sediments from several modern environments (e.g. beach, river, dune), many
other researchers found that these methods failed to identify the correct environment in an
unacceptably high number of cases (e.g. Sedimentation Seminar, 1981). Consequently,
researchers subsequently turned to other methods for interpreting grain-size data.

Some achieved success in grain-size environmental analysis by using more sophisticated
multivariate statistical techniques such as factor analysis and discriminant function analysis
(e.g. Stokes et al., 1989; Syvitski, 1991b); however, these techniques have not been widely
applied. Furthermore, some of the assumptions used in these statistical methods have also
come under criticism (e.g. Forrest and Clark, 1989). One statistical method that has received
modest attention is the so-called log-hyperbolic distribution. The hyperbolic distribution
was formally introduced to geologists by Barndorff-Nielsen (1977) and subsequently
discussed and amplified by Bagnold and Barndorff-Nielsen (1980) and Barndorff-Nielsen
et al. (1982), as well as others. The principle involved in log-hyperbolic distributions is
discussed briefly below.



36 Sedimentary textures

Most geologists assume that the sizes of grains in natural sediments tend toward a normal
distribution when the logarithm of grain size is plotted as a frequency curve. Thus, we say
that sediments have a log-normal distribution, or a log-normal probability density function.
This assumption is made even though we know that most natural sediments have grain-size
distributions that exhibit some degree of skewness. If a truly log-normal population of grains
is plotted on double log (log—log) paper so that the logarithms of both the grain size and
frequency are plotted, or the logarithm to base e or base 10 of the frequency is plotted against
phi size on arithmetic scales, the resulting curve is a parabola with continuously inward-
curving tails. Barndorff-Nielsen (1977) and Bagnold and Barndorff-Nielsen (1980) main-
tain that when the size distribution of natural sediment, such as dune sand, is plotted on
log—log plots and a curve is fitted to these data, the resulting curve actually has the shape of a
hyperbola, whose straight-line asymptotes or “tails” extend to include the smallest meas-
urable frequencies. They suggest that “granular size distributions occurring in nature do not
conform to the ‘normal’ probability function, but to a different, “hyperbolic,” probability
function” (Bagnold and Barndorff-Nielsen, 1980). They further suggest that not only is the
hyperbolic probability function a better descriptor of natural grain populations than the
normal probability function, but that it holds the potential to discriminate between sediments
from different environments.

The papers by Barndorff-Nielsen and his co-workers were followed by the appearance of
several papers from other workers who have attempted to use the log-hyperbolic function
in environmental analysis. Some (e.g. Christiansen, 1984; Vincent, 1986) reported that
parameters from the log-hyperbolic distributions gave much better environmental discrim-
ination than did those from normal probability distributions; however, some other researchers
(e.g. Fieller et al., 1984; Wyrwoll and Smyth, 1985) did not share this optimism. Christiansen
and Hartmann (1991) provide a more recent discussion of the hyperbolic distribution.

Although analysis of grain-size data has not proven to be a consistently reliable technique
for interpreting depositional environments, grain-size data have many other useful applica-
tions. As summarized by Syvitski, 1991a, grain-size data can be used:

1. To interpret coastal stratigraphy and sea-level fluctuations

2. To trace glacial sediment transport and the cycling of glacial sediments from land to sea

3. By marine geochemists to understand the fluxes, cycles, budgets, sources, and sinks of chemical
elements in nature

4. To understand the mass physical (geotechnical) properties of seafloor sediment, i.e. the degree to
which these sediments are likely to undergo slumping, sliding, or other deformation.

Details of these applications are available in Syvitski (1991a).

2.3 Grain shape
2.3.1 Methods of expressing shape

Numerous parameters or measures have been suggested to describe the shapes of particles
(see reviews by Barrett, 1980 and Illenberger, 1991). As used herein, particle shape is taken
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Figure 2.8 The hierarchal relationship of form, roundness, and surface texture. The heavy, solid line is
the particle outline. (From Barrett, J.P., 1980, The shape of rock particles, a critical review:
Sedimentology, 27, Fig. 2, p. 293, reprinted by permission of Elsevier Science Publishers, Amsterdam.)

to encompasses all aspects of the external morphology of particles, including form, round-
ness, and surface texture. Form refers to the gross, overall morphology or configuration of
particles. Most measures of form consider the three-dimensional shape of the grains.
Roundness is a measure of the sharpness of the corners of a grain, and is commonly
measured in two dimensions only. Surface texture refers to microrelief features, such as
scratches and pits, that appear on the surfaces of clastic particles, particularly particles that
have undergone transport. Changes in form or roundness brought about by abrasion during
sediment transport or solution or cementation during diagenesis can affect surface texture by
creating new grain surfaces. Thus, the three aspects of shape can be thought of as constitut-
ing a hierarchy, where form is a first-order property, roundness a second-order property
superimposed on form, and surface texture a third-order property superimposed on both the
corners of a grain and the surfaces between the corners (Barrett, 1980; Fig. 2.8). These three
shape properties of grains are independent parameters. One property can vary without
necessarily affecting the others, although dramatic changes in form or roundness are likely
also to affect surface texture.
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2.3.2 Particle form

The gross morphology or overall shape of particles has proven to be a difficult parameter to
quantify with great precision and accuracy. Several measures of form were proposed by
early workers, including flatness, elongation, and sphericity (Barrett, 1980; Illenberger,
1991). Particular emphasis has been given to the sphericity of grains, that is, the degree to
which the shape of grains approaches the shape of a sphere (Wadell, 1932). Practical
determination of sphericity involves measurement of the three orthogonal axes of particles
and calculation of a sphericity value based on the relative lengths of these axes. The
assumption is made that the more nearly equal the lengths of the three axes, the more nearly
the particle approaches the shape of a sphere. Examples of mathematical relationships
generated for the purpose of calculating sphericity include those for determining
so-called intercept sphericity ( ) (Krumbein, 1941).

3 [DsDy
= 2.4
Vi \/ DL2 ( )
and maximum projection sphericity ( ) (Sneed and Folk, 1958)
3| Ds?
= 2.5
4} \/ DLD; (2.5)

where Dg refers to the length of the short particle axis, D; the length of the intermediate axis,
and Dy the length of the long axis.

Alternative expressions of particle form, in addition to sphericity, are provided by the
venerable shape classification of Zingg (1935) and that of Sneed and Folk (1958). Zingg’s
shape classification is derived by plotting on a bivariate diagram the ratio of the intermediate
to long particle axis versus the ratio of the short to intermediate particle axis (Fig. 2.9A).
Four shape fields, or four types of particle shapes, are identified: roller, bladed, oblate, and
equant. This shape measure is somewhat similar to sphericity; note, however, that a particle
with a particular value of (intercept) sphericity (Krumbein, 1941) can fall in more than one
of Zingg’s shape fields (Fig. 2.9B). Sneed and Folk (1958) classify form on a triangular
diagram in which ratios of particle axes are plotted in such way as to create ten form fields
(Fig. 2.10). End member particle shapes are compact, platy, and elongated. As in the case of
Zingg’s shape fields, note that lines of equal (maximum projection) sphericity plotted on this
diagram can cross several form fields.

More recently, Illenberger (1991) presented a triangular shape diagram (Fig. 2.11) in
which a sphericity parameter called the Corey shape index, defined as S/+/IL, is plotted
against a disc-rod index [(L —I)/(L—S)], where L, I, and S refer to the lengths of the long,
intermediate, and short axes, respectively. The end members of shape are spheres, discs, and
rods. Illenberger maintains that this triangular plot is the most effective shape diagram.

Measuring the length of particle axes of loose, gravel-size particles is relatively easy;
however, such measurements become much more difficult when performed on sand-size
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Figure 2.9 A. Classification of pebble shapes after Zingg (1935). B. Relation between intercept
sphericity and Zingg shape fields. The curves represent lines of equal sphericity. (A. From Blatt, H.,
G. Middleton, and R. Murray, 1980, Origin of Sedimentary Rocks, 2nd edn.: Prentice-Hall, Upper
Saddle River, NJ, Fig. 3.20, p. 80, reprinted by permission. B. After Pettijohn, F. J., 1975, Sedimentary
Rocks: Harper Collins, New York, NY, Fig. 3.19, p. 54, reprinted by permission.)
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Figure 2.10 Classification of pebble shapes after Sneed and Folk (1958); V = very, B = bladed, C =
compact, E = elongated, P = platy. (After Sneed, E.D. and R. L. Folk, 1958, Pebbles in the Lower
Colorado River, Texas, a study of particle morphogenesis: J. Geol., 66, Fig. 2, p. 119, reprinted by
permission of University of Chicago Press.)
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Figure 2.11 The Corey shape index (CSI) plotted against the disc-rod index (DRI) on a triangular
diagram. (After Illenberger, W.K., 1991, Pebble shape (and size!): J. Sediment. Petrol., 61, Fig. 3,
p. 761, reproduced by permission of SEPM, Tulsa, OK.)

and smaller grains. Two dimensions of a loose, sand-size particle (commonly the long and
intermediate axes) can be measured rather easily under a microscope; however, it is difficult
(although not impossible) and time consuming to measure the third dimension. This
problem of axes measurement is severely compounded when we deal with consolidated
sedimentary rocks that cannot be disaggregated. As viewed in thin section, only two
dimensions of a particle are visible and, owing to the corpuscle effect referred to in the
discussion of grain size, these dimensions rarely correspond exactly to the short, long, or
intermediate axes of the particle.

Because of this problem of determining the three-dimensional shape of small particles,
especially in consolidated rocks, it would be useful to find a method of expressing particle
shape in two dimensions. Mathematical methods involving Fourier analysis offer one
solution to the problem of characterizing two-dimensional shape. These methods, which
appear to allow good characterization of two-dimensional particle shape, are discussed
subsequently in greater detail.

2.3.3 Particle roundness

Several methods for measuring and expressing particle roundness have been proposed
(reviewed by Dobkins and Folk, 1970; Barrett, 1980; and Diepenbroek et al., 1992).
Wadell (1932) is credited with introducing the most widely used mathematical expression
for roundness. He defined roundness as the arithmetic mean of the roundness of the
individual corners of a grain in the plane of measurement (a two-dimensional measure).
The roundness of individual corners is given by the ratio of the radius of curvature of the
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Figure 2.12 Grain images for estimating the roundness of sedimentary particles. (After Powers, 1953,
A new roundness scale for sedimentary particles: J. Sediment. Petrol., 23, Fig. 1, p. 118, reproduced by
permission of SEPM, Tulsa, OK.)

corners to the radius of the maximume-size circle that can be inscribed within the outline of
the grain in the plane of measurement. The degree of Wadell roundness (Ryw) is thus
expressed as

Ry = =R _20) (2.6)

N RN

where r is the radius of curvature of individual corners (the radius of a circle that fits within
the corner), R is the radius of the maximum inscribed circle, and N is the number of corners.
Measuring the values of » and R in loose grains or in thin section (by using a microscope or
by using a concentric-circle protractor to measure the radii of projected images) is a very
laborious process — so much so, that most previous investigators have not been willing to
spend the necessary time. Therefore, many investigators resort to visual estimates of grain
roundness aided by the use of visual estimation charts. Several such charts have been
proposed; however, the roundness scale of Powers (1953; Fig. 2.12) appears to be most
widely used. Although visual estimates of grain roundness can be done quite rapidly,
reproducibility of results, even by the same operator, can be quite low. To obtain more
accurate results, investigators have turned to Fourier techniques for roundness analysis
(e.g., Diepenbroek ef al., 1992). Fourier techniques are discussed below.

2.3.4 Another method for analyzing and quantifying two-dimensional
particle shape: Fourier shape analysis

General statement

Owing to the problems inherent in measuring sphericity and roundness and the inability of
these parameters to delineate the shapes of particles with a high degree of accuracy, some
geologists have sought more exact, mathematical methods for characterizing particle shape.
Several such methods are possible (Clark, 1981); however, most workers have focused on
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measuring particle shape by Fourier analysis, which appears to work well for describing the
regular shapes of most natural particles. Highly irregular or strongly embayed particles are
less amenable to Fourier analysis. Because of the potential that Fourier analysis holds for
accurate measurement of particle shape, it is described below in greater detail than were the
preceding techniques for shape measurement.

Fourier analysis
General principles

The fundamentals of Fourier analysis of particle shape were introduced to geologists
particularly in the papers of Schwarcz and Shane (1969) and Ehrlich and Weinberg
(1970). Applications and amplifications of the method have appeared in numerous subse-
quent papers. The problem in mathematical approaches to shape analysis is to find an exact
method for describing, and regenerating, the (two-dimensional) outline of a grain. This
problem can be attacked by cutting and unrolling the outline of a grain, as shown in
Fig. 2.13. When unrolled in this way, it can be seen that the outline of the grain is a periodic
function, somewhat resembling the shape of a sine wave.
The simplest periodic function is given by

y=Asin (ox+ ) 2.7)

where 4 is amplitude, is (angular) frequency, and is initial phase, which characterizes
the initial position of the point x. Furthermore,

w=2r/T and T =2rn/w (2.8)

where T'is the period. [In the course of a period 7, x sweeps through an angle of 2 radians.]
This function is called a harmonic of amplitude 4, frequency , and initial phase . If the
simplest case is assumed, where A=1, =1,and =0 (0 phase angle), this function gives a
normal sine curve y = sin x, as shown in Fig. 2.14A. If in this example a phase angle of 90
degrees (1/2) is used instead of 0, we get the cosine curve y = cos x. The graph of the cosine
function is the same as that of the sine shifted to the left by an amount of 90 degrees (n/2).

If, instead of plotting the ordinary sine curve y = sin x, we plot y = sin 2x, y = sin 3x, etc.,
we deform the sine curve by uniform compression along the x axis (Tolstov, 1976). Figure
2.14B shows the harmonic y = sin 3x, of period 7= 27/3. In addition to uniform compression
(or expansion) along the x axis, a shift along the x axis occurs if we change the initial phase
(phase angle). Thus, Fig. 2.14C represents the harmonic

y =sin (3x + n/3) (2.9)

with a period 27/3 and an initial phase n/3. Finally, a change in the amplitude of the sine
curve can also be effected. Thus the harmonic

y =2 sin (3x + n/3) (2.10)

has the form shown in Fig. 2.14D.
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Figure 2.13 Method of “unrolling” a grain to produce a periodic wave. A. Grain outline showing radii
measured from grain center to points on the grain perimeter. B. Unrolled grain outline as constructed
from radii measurements. Note that the form of the unrolled grain is a crude sine wave.

A mathematical theorem owing to Fourier shows that any periodic function with fre-
quency can be represented as a superposition of harmonic vibrations of frequencies ,2 ,
3 ... with various amplitudes (harmonics 1,2, 3...). Consider, for example, Fig. 2.15. The
dashed line in Fig. 2.15A has the form of a square “wave.” Figure 2.15B shows three
harmonics of a sine wave. If these three harmonics are superimposed (added graphically),
the result is the heavy, solid line in Fig. 2.15A. Note that this solid curve has the approximate
shape of the square curve. If additional, higher-order harmonics are superimposed, a more
exact approximation of the square curve can be achieved.

This representation of a curve shape by superimposition of successive harmonics of a
periodic function is the basis for Fourier analysis of particle shape. The shape of the curve
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Figure 2.14 Harmonics of a sine wave. (After Tolstov, G. P., 1976, Fourier Series, Dover Publications,
New York, NY, Fig. 4, p. 4, reprinted by permission.)

Figure 2.15 Fourier synthesis of a square wave by addition of successive harmonics of a sine wave.
(After Borowitz, S. and A. Beiser, 1966, Essentials of Physics: Addison-Wesley Publishing Co.,
Fig. 25.17, reprinted by permission of Pearson Education, Upper Saddle River, NJ.)
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formed by unrolling the outline of a particle, as shown in Fig. 2.13, can be synthesized quite
faithfully by superimposition of the harmonics of the periodic sine function. As described by
Ehrlich and Weinberg (1970), grain shape can be estimated by a closed Fourier series by
expansion of the periphery radius of a grain as a function of angle about the grain’s center of
gravity. To accomplish this, the image of a grain is projected onto a polar grid or a digitizing
tablet. The center of the grain is then determined. Finding the center can be done graphically,
but a more accurate center (center of gravity) can be found by calculation (Ehrlich and
Weinberg, 1970). A number of points are then picked along the periphery of the grain and
the locations of these points expressed in polar coordinates about the center of gravity.
The radius R () is determined by the relationship

R()=Ry+> Rocosin ) @11

n=1

where is the polar angle measured from an arbitrary reference line. R, is equivalent to the
average radius determined from measuring all the radii from the center of gravity to the
peripheral points. The remainder of the equation (which is a function of the harmonic
amplitude R,) represents the length to be added to the average radius at each angle ,,.
Thus R, is the amplitude at each frequency, » is the harmonic order or number, and ,, is the
phase angle.

Each successive harmonic curve represented by this periodic function has a distinctive
shape, if you think of the ends of the curves as being joined. The “zeroth” harmonic is simply
the R, value in Equation 2.11 and is thus a centered circle with an area equal to the total area
of the grain (based on the average radius). The curve of the first harmonic has the shape of an
offset circle, the second is a figure eight, and the third is a trefoil. The shapes of the first 20
harmonics are illustrated in Fig. 2.16. The shape of a particle can be adequately represented

Figure 2.16 Graphic representation of the first 20 Fourier harmonics. (From Eppler, D. T., R. Ehrlich,
D. Nummendahl, and P. H. Schulz, 1983, Sources of shape variation in lunar impact craters: Fourier
shape analysis: Geol. Soc. Am. Bull., 94, Fig. 1, p. 275.)
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by an average radius and 24 harmonic amplitudes representing the relative contribution of
each fixed lobate form (harmonic) to the approximation of the outline (Ehrlich et al., 1987).
The first few harmonics are sufficient to define the gross shape of the particles (form);
successively higher-order harmonics add to the refinement of this shape and allow discrim-
ination of smaller-scale features such as roundness.

Once the harmonics have been calculated, the outline of the grain can be regenerated by
superimposing all of the harmonic shapes, as illustrated in the simpler example in Fig. 2.15.
Obviously, it would be very difficult to superimpose curves by visual graphic addition. This
entire operation is tailor-made for computer application. The periphery points are first
digitized in polar coordinates. These data are then fed into a computer, which, with proper
software, calculates the Fourier equation and adds the harmonic shapes together to regen-
erate the particle shape. In early applications, the grain outline was digitized manually by
placing a polar grid over the outline or by some type of electronic “pencil-follower”
technique. More recently, the automated techniques of image analysis, involving television
cameras and mini- or microcomputers, have been adopted. The technique is similar to that
described in the preceding discussion of grain-size analysis. The grain image is captured by
means of a video camera. Information about the grain outline is extracted through “frame
grabbers” to acquire a series of x, y coordinates of the grain boundary. See Clark (1987) and
Telford et al. (1987) for details.

2.3.5 Significance of form and roundness

General statement

In spite of the considerable preoccupation that geologists have displayed in measuring
the form and roundness of natural particles, these parameters have not proven to be
especially reliable guides to the provenance and transport histories of siliciclastic sedi-
ment. On the other hand, it is commonly conceded that shape does have an influence on
the settling velocity of particles in a fluid and that departure of a grain from a spherical
shape causes a decrease in settling velocity. Le Roux (2004) examines this relation-
ship more closely and presents a hydrodynamic classification of grains on the basis of
shape. Also, shape (form) is known to affect the transportability of particles moving by
traction. For example, gravel-size particles that have a roller shape are transported
preferentially over blade-shaped particles, which in turn are more transportable than
disc-shaped particles (Swanson, 1972). Even the transportability of silt-size particles is
allegedly influenced by shape, including roundness (e.g. Mazzullo et al., 1992); that is,
more-rounded grains are transported preferentially. See Pye (1994) for a different point
of view.

The failure of sphericity and roundness, as measured by conventional techniques, to serve
as dependable guides to source and depositional environments rests in part on the fact that
many natural variables interact to produce the characteristics of a particular deposit. A single
parameter such as roundness or sphericity may not be a sensitive enough measure to identify
these variables. A more important reason may be, as suggested by Barrett (1980), that even
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the best of the commonly used procedures for determining sphericity and roundness are
limited by observational subjectivity and low discriminating power. For example, measure-
ment of the three axes of a particle does not provide a unique characterization of particle
form. Particles with quite different form may have the same numerical sphericity when
measured in this manner. On the other hand, measurement of grain shape by Fourier analysis
leads to more exact characterization of (two-dimensional) shape, and may thus hold greater
potential for provenance and environmental interpretation.

Significance of Fourier shape

Because the shapes of particles can be characterized very exactly by Fourier analysis, shape
studies based on this technique may provide a more reliable method for studying the source
and transport histories of particles than do studies based on roundness and sphericity. An
immediate problem is encountered in interpreting Fourier results, however, because the data
obtained do not directly represent any physical property of the grains. Fourier data are in the
form of amplitudes of the various harmonics. Thus, to compare the shapes of two grains, an
investigator compares the amplitudes of each harmonic of the two grains, which in total
represent the shape of the grains. These individual amplitudes have no easily visualized
relationship to the actual shapes of the grains, and, in fact, interpretation is not related to the
physical properties of the grain except in a crude way (Clark, 1981). Nonetheless, this method
of comparing amplitudes is the principal technique used in interpretative Fourier studies.
Because large numbers of grains are commonly studied in environmental and provenance
analysis, the harmonic amplitudes must be presented in some condensed form. This data
reduction is commonly done by plotting as a histogram the “mean amplitude spectrum” as a
function of number frequency (Fig. 2.17). The mean amplitude spectrum is obtained by
averaging the amplitudes of a particular harmonic, say the fifth, as determined from all the
grains analyzed from a particular sample. Visual inspection of the histograms makes it

END MEMBER 1 END MEMBER 2
14 14 - —
{7 1 12 A — |
10 — [ 10 -
8 8
HARMONIC 6
6 h 6 4
4 4
2 P
1
0.000434 0.092261  0.000434 0.092261

Figure 2.17 Mean amplitude spectra for harmonic 6 of two populations of grains. End member 1
represents a population of grains that are on the average smooth and round. Grains in end member 2 are
largely angular and irregular in shape. [After Mazzullo, and Anderson, 1987, Analysis of till and
glacial-marine sands, in Marshall, J. R. (ed.), Clastic Particles, Fig. 2, p. 319. Copyright 1987 by Van
Nostrand Reinhold. All rights reserved.]
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possible to distinguish differences owing to gross form (lower order harmonics) and finer-
scale features of shape, such as roundness and surface texture (?) (higher order harmonics).

When investigating the shapes of large numbers of grains in numerous samples, the huge
amount of data generated in 20 or more harmonics of each grain in each sample makes
cumbersome the analysis of each harmonic separately. It becomes desirable to determine
which one or which few harmonics may yield the most useful information about shape for
the purposes of a particular study, so that all harmonics need not be studied in equal detail.
An investigator can then concentrate on statistical analysis of the data from perhaps four or
five harmonics, rather than 20 or more. The problem is to select those four or five harmonics
that make the most useful or meaningful contribution to the particle’s shape.

Full et al. (1984) suggest a method for selecting the most useful harmonics for
more-detailed study by plotting against harmonic number a parameter called relative
entropy. Entropy, in this context, refers to so-called information entropy and is concerned
with the frequency distributions of values. Interested readers are referred to Full’s paper for
further details.

Applications of Fourier techniques to provenance analysis

Since the introduction to geologists of Fourier shape analysis in the late 1960s and early
1970s, several investigators have applied this technique to the problem of interpreting
sediment source; see, for example, Mazzullo and Magenheimer (1987) and Torley (2001).
The fundamental assumption in these applications is that the shapes of quartz grains from
different sources are sufficiently different and distinctive, as revealed by Fourier shape
analysis, that the separate sources can be differentiated and identified. Ehrlich ez al. (1980)
suggest that both provenance and process history (degree of abrasion) can be evaluated by
Fourier techniques.

Application of Fourier shape analysis to environmental studies

Although the techniques of Fourier shape analysis have been used by geologists since the
late 1960s, surprisingly few attempts have apparently been made to apply the technique to
interpretation of ancient sedimentary environments. The technique of “fingerprinting”
modern sediments from many known environments, so widely used in grain-size studies,
has evidently not caught on with workers using Fourier shape analysis. At this time, to my
knowledge, no investigator has published data on the Fourier shape characteristics of quartz
grains from a wide range of modern environments, such as beach, shoreline dune, inland
dune, fluvial, alluvial fan, continental shelf, delta, etc., that can be used by other inves-
tigators as a basis for environmental interpretation of ancient sedimentary rocks. One reason
why relatively few “fingerprinting” studies of modern quartz sands have been made may be
that the effects of diagenesis (solution, overgrowth cementation, etc.) may make the shape
characteristics of quartz sands in modern environments a questionable model for quartz
sands in ancient sedimentary rocks. For two examples of the application of Fourier techni-
que to sediment transport and environmental analysis see Mazzullo and Ehrlich (1983) and
Mazzullo et al. (1986).
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Problems with highly irregular-shaped grains

Standard (closed-form) Fourier analysis does not work for highly irregular or strongly
embayed grains, where radii from the grain center may intersect the grain perimeter more
than once. For example, many grains that have undergone intensive chemical leaching
during diagenesis or weathering would fall into this category of highly irregular particles.

Closed-form Fourier analysis analyzes the change in radial distance of points on a grain’s
perimeter to its centroid (Erhlich and Weinberg, 1970). Torley (2001) proposed a new
method of Fourier analysis for highly irregular grains that analyses changes in curvature
around the perimeter of a grain’s outline rather than distance of points on the perimeter from
the centroid. According to Torley, this new method allows analysis of irregular-shaped
grains that would be rejected by closed-form Fourier analysis.

Some workers, notably Orford and Whalley (1983, 1987) and Whalley and Orford (1986),
have urged the use of the fractal dimension of particles as a method of analyzing the shapes of
these irregular particles. The fractal dimension of an object is defined as the degree to which a
line fills a two-dimensional space (Whalley and Orford, 1986). The greater the wiggliness of a
line, the greater its fractal dimension, which can range in numerical value from 1 for a point or
a straight line to values approaching 2 for an extremely wiggly line.

2.3.6 SEM analysis of grain surface texture

Geologists have long recognized through observation with a standard binocular light micro-
scope that the surfaces of some pebbles and mineral grains are either polished or roughened
(frosted); however, the details of surface texture could not be recognized at such low
magnification. It was not until the 1960s, when electron microscopes became available,
that the surface texture of grains could be studied in detail. With the appearance of the
scanning electron microscope (SEM) in the late 1960s, the technique for studying surface
texture at high magnifications became routine. With the aid of the electron microscope,
geologists were able to identify a variety of microrelief markings on grain surfaces, such as
V-shaped pits (Fig. 2.18A and B), grooves (striations), conchoidal fractures, and abrasion
features. More than 40 such microfeatures have been identified (e.g. Mahaney, 2002, p. 27).
Interested readers may view many of these features in the photo atlases of Krinsley and
Dornkamp (1973) and Mahaney (2002).

Numerous applications of SEM analysis of surface textural features have been suggested
(Krinsley and Trusty, 1986; Mahaney, 2002, p. 10); however, the main objective of this
research has been identification of sedimentary environments from grain surface micro-
textures. Hundreds of research papers about surface textural analysis have been published
since the 1960s (see extensive bibliography in Mahaney, 2002), many of which deal with
environmental interpretation.

Application of SEM analysis of grain surface texture as an environmental tool lies in the
assumption that surface texture, being easier to modify than either particle form or roundness,
is more likely than either form or roundness to preserve the imprint of the last depositional
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Figure 2.18 A. Electron micrograph of surface markings on a quartz grain from a late Pleistocene
high-energy beach deposit near Norwich, Norfolk, England. B. Enlarged portion of the extreme right
edge of the grain in A. Note abundant V-shaped markings, which are characteristics of quartz grains
from high-energy beaches. [Photograph courtesy of David Krinsley.]

environment. Owing to its superior hardness and chemical stability, quartz is commonly
considered to be the most appropriate material to record the surface textural features produced
in each environment. The assumption is made that the energy conditions within each environ-
ment will tend to produce surface textural features that reflect that environment and that these
features will differ from environment to environment. Thus, different textural features are
produced by the grinding and sliding motion of glaciers, the collision and abrasion of grains in
breaking waves of the beach surf zone, and the traction and saltation movement of grains by
wind or river water.
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The surface textures of many thousands of quartz grains from known modern environ-
ments have now been studied by a host of investigators, together with experimentally
formed textures produced by grinding or other laboratory techniques to mimic glacial,
eolian, or subaqueous transport. Unfortunately, few if any of the textural features are unique
to a particular environment. Likewise, several different kinds of markings can be produced
in the same environment. Although the same type of surface features can be produced in
more than one environment, some markings tend to be relatively more abundant in some
environments than in others. For example, mechanical V-shaped pits are particularly
common on quartz grains from high-energy subaqueous environments on beaches and in
rivers. Parallel grooves (striations) and step features are common on grains from glacial
environments, and grains with low relief and abundant abrasion features (rubbed or worn
grain surfaces) are characteristic of wind-blown transport.

Nonetheless, environmental analysis of surface features on quartz grains from ancient
sedimentary rocks must be made on a statistical basis, looking at relative abundances
of particular features rather than absolute abundances (e.g. Mahaney et al., 2001).
Environmental analysis has not yet progressed very far beyond identifying a few major
environments: glacial, high-energy beach (littoral), eolian, fluvial. Features produced during
diagenesis and soil formation (pedogenic sands) can also be identified.

Advantages and limitations of surface textural analysis

The major advantage of SEM analysis of surface textures is that SEM imagery allows a
researcher to study small-scale shape features that cannot be resolved by any other
shape-study technique. Even Fourier analysis characterizes only relatively large “bumps”
on a grain periphery — those bumps that subtend angles of 7.5° or more when measured
from the grain center (Ehrlich ez al., 1987). Furthermore, the SEM permits direct observa-
tion of surface features in contrast to Fourier analysis, which “sees” grain shapes only
indirectly. Another advantage of SEM imagery is that surface texture changes more readily
during transport and abrasion than do roundness and sphericity and thus may be a more
sensitive indicator of environment. At the same time, quartz is sufficiently durable that
a grain that has passed through several environments may retain some diagnostic
markings from each environment. Thus, surface texture may reveal multiple episodes in
the transport history, making it possible for a researcher to trace its passage through these
environments.

On the other hand, the fact that quartz retains its surface markings for some time could
lead to incorrect interpretations. For example, quartz sand deposited on the continental shelf
from a melting iceberg would bear the textural imprint of glaciation. If such a sand was
buried quickly before shelf processes had an opportunity to imprint markings characteristic
of a subaqueous environment, the surface texture of the quartz would indicate that the
last depositional environment was a glacial setting on land. Another weakness of SEM
textural analysis is that the technique is less quantitative than Fourier analysis; it is, in fact, a
semiquantitative or qualitative technique in many ways. Because of this fact, operator
error and the reproducibility of data can be problems. To take advantage of the best
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features of both SEM imagery and Fourier analysis, many investigators are now using these
two techniques together.

2.3.7 Concept of textural maturity

Sedimentologists often use the term textural maturity in reference to the textural character-
istics of a particular sediment. Folk (1951) suggested that textural maturity of sandstones
encompasses three textural properties: (1) the amount of clay-size sediment in the rock, (2)
the sorting of the framework grains, and (3) the rounding of the framework grains. He
visualized four stages of textural maturity: immature, submature, mature, and supermature
(Fig. 2.19). Any sandstone containing considerable clay, say more than 5 percent, is in the
immature stage. Also, the framework grains in immature sediments are poorly sorted and
poorly rounded. Presumably, immature sediments have not undergone sufficient sediment
transport and reworking to remove fine-size material and produce sorting and rounding of
grains. With additional sediment transport and reworking, sediments enter the submature
stage, in which the sediments are characterized by low clay content but grains are still not
well sorted or well rounded. This stage is followed by the mature stage, in which clay
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Figure 2.19 Textural maturity classification of Folk. Textural maturity of sands is shown as a function
of input of kinetic energy. (From Folk, R. L., 1951, Stages of textural maturity in sedimentary rocks:
J. Sediment. Petrol., 21, Fig. 1, p. 128, reproduced by permission of SEPM, Tulsa, OK.)
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content is low and framework grains become well sorted but are not yet well rounded.
Sediments in the supermature stage are essentially clay-free, and framework grains are both
well sorted and well rounded.

The textural maturity concept is a useful one for characterizing sediments; however, to
attribute progressive increase in textural maturity primarily to increasing total input of
modifying kinetic energy is probably overly simplistic. Matlack et al. (1989) have shown,
for example, that the vadose infiltration of clays into sandy sediments is influenced by
several variables in addition to the hydrologic conditions and depositional processes within
a depositional environment. These additional factors may include grain size of the sand, size
and shape of clay particles, and concentration of suspended sediment. Another significant
difficulty with the concept stems from the likelihood that much of the clay-size material in
many sandstones is of diagenetic origin. Therefore, its presence may have little or nothing to
do with the spectrum of energy expended during transport and deposition. Also, the particles
in many mature to supermature sandstones may have been recycled one or more times. Thus,
the total expenditure of energy necessary to produce rounding may not have come in a single
depositional cycle.

2.3.8 Fabric

General concept

The properties of grain size and shape have to do with the characteristics of individual
grains. Fabric refers to the textural characteristics displayed by aggregates of grains. Fabric
encompasses two properties of grain aggregates: grain packing and grain orientation. Grain
packing is a function of the size and shape of grains and the postdepositional physical and
chemical processes that bring about compaction of sediment. Grain orientation is mainly a
function of the physical processes and conditions operating at the time of deposition;
however, original grain orientation can be modified after deposition by the activities of
organisms (bioturbation) and to some extent by the processes of compaction during
diagenesis.

Grain packing
Interest in the packing of sediments dates back to the late nineteenth century (see summary
by Griffith, 1967, p. 166). Griffith points out that most early investigators were primarily
concerned with the theoretical and experimental treatment of packing (e.g. the in-depth
study of the packing of spheres done by Graton and Fraser, 1935). Serious study of packing
in natural sediments did not begin until the late 1930s.

Numerous definitions for packing have been proposed. For example, Kahn (1956, p. 390)
defined packing simply as the “mutual spatial relationship among ... grains.” The AGI
Glossary of Geology (Bates and Jackson, 1980, p. 449) refers to packing as “the manner of
arrangement or spacing of the solid particles in a sediment or sedimentary rock...; specif-
ically, the arrangement of clastic grains entirely apart from any authigenic grains that may
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Figure 2.20 Diagrammatic illustration of principal kinds of grain contacts: Point (tangential), long,
concavo—convex, and sutured. (Based on Taylor, J. M., 1950, Pore-space reduction in sandstones: 4m.
Assoc. Pet. Geol. Bull, 34, pp. 701-716.)

have crystallized between them.” Pandalai and Basumallick (1984, p. 87) suggest that
packing is “the effective utilization of space by mutual arrangement of the constituent grains
of an aggregate.”

Whatever its definition, packing is regarded to be a function of several variables or
properties, including particle size and sorting, particle shape, and particle orientation or
arrangement. Several early attempts were made to reduce the concept of packing to an
operational level, such that packing can be measured and specified in terms of specific
properties of individual grains or sets of grains (e.g. Griffith 1967, p. 166; Pandalai
and Basumallick 1984, p. 88; Pettijohn et al. 1987, p. 86). Two packing indices in
common use now are the contact index (= average number of contacts/grain) and the
tight packing index (= average number of long, concavo—convex and sutured contacts/
grain); see McBride (1991). Long, concavo—convex, and sutured contacts are illustrated
in Fig. 2.20.

Packing is of special interest to geologists concerned with the porosity and permeability
of sediments and with changes in these parameters as a function of burial depth and sediment
compaction. Packing is also of interest to geophysicists concerned with petrophysical rock
properties and the geomechanical behavior of rocks. See Hecht (2004) for a discussion of
geomechanical models for clastic grain packing.

Particle orientation
General statement

Platy, flaky, or elongated particles in sedimentary rocks commonly display some degree of
orientation that reflects the nature of the depositional process. For example, small platy or
flaky particles settling from suspension onto a flat bed in the absence of current flow are
commonly deposited with their flattened dimensions parallel to bedding surfaces (Fig. 2.21A).
Small elongated grains settling under the same conditions also tend to have their long dimen-
sions oriented approximately parallel to the bedding surface; however, the grains may have any
orientation (random arrangement) within the bedding plane (Fig. 2.21B). Small or large particles
transported and deposited by traction currents or by sediment gravity flows generally display an
orientation that reflects the flow direction of the depositing current. Thus, particles may be
oriented with long or flattened dimensions parallel to bedding but have orientations within the
bedding plane that are either parallel to current flow (Fig. 2.21C) or perpendicular to current flow
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Figure 2.21 Hypothetical, schematic arrangement of grains in sediments. A. Platy or flaky grains
deposited in quiet water on a flat bed. B. Elongated grains deposited in a random arrangement in quiet
water. C. Elongated grains deposited under current flow with long dimensions parallel to current flow.
D. Elongated grains deposited under current flow with long dimensions perpendicular to current flow.
E. Elongated grains deposited in an imbricated arrangement under current flow. Arrows indicate
direction of current flow,

(Fig. 2.21D), depending upon particle size and the nature of the flow. On the other hand, under
some conditions of flow, the particles may lie at an angle to bedding surfaces in a shingled
arrangement called imbrication (Fig. 2.21E).

The primary interest in particle orientation arises from its potential usefulness in paleo-
current analysis. In the absence of distinctive directional sedimentary structures in a deposit,
particle orientation may provide the only clue to paleocurrent directions. Particle orientation
is also believed to have an effect on the permeability of sedimentary rocks to fluid movement
and thus is of interest to hydrologists and petroleum geologists. A few investigators have
suggested that particle orientation may have significance in paleoenvironmental studies;
however, use of particle orientation as an environmental tool is not fully developed.
Orientation analysis has been applied to the orientation of clasts and mineral grains in
siliciclastic sedimentary rocks, clasts and shells in carbonate rocks, and even to waterlogged
wood.
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Methods of studying orientation

The orientation of pebble- and cobble-size particles can be measured comparatively easily. If
pebbles have a prolate (elongated) shape, the orientation (compass bearing) and dip (plunge) of
the long particle axis is commonly measured. The orientation of plate- or disc-shaped particles
is generally not expressed in terms of the long axis; instead, the orientation of the LI plane (the
plane containing the long and intermediate axes; often called the ab plane) is specified. The
bearing of the strike of the L-I plane and the amount and direction of dip of the plane are all
needed to completely describe the orientation of such pebbles.

Measuring the orientation of sand-size and smaller particles is more difficult. Application
of image analysis techniques provides one solution to the problem of determining the
orientation of elongated grains in thin sections (e.g. Schifer and Teyssen, 1987; Krinsley
etal., 1998, p. 157.).

Displaying orientation data

Once the orientation of a statistically significant number of grains (perhaps 100 or more) has
been measured, the orientation data are commonly plotted on a fabric diagram (Fig. 2.22). If
we imagine a particle located in its properly oriented position in the center of a sphere and
the particle axes elongated to intersect the sphere, each axis would cut the sphere in two
places — one in the upper hemisphere and one in the lower. Commonly only the lower
hemisphere is used in such projections, as shown in Fig. 2.22A. The points where the axes
cut the lower hemisphere are then projected onto the equatorial plane of the hemisphere, as
seen from directly above (Fig. 2.22B). The geographic positions of the points within the four
quadrants of the equatorial plane indicate the bearing of the axes (e.g. point L in Fig. 2.22B
indicates that the long particle axis is oriented NW-SE and is dipping SE; point I indicates
that the intermediate axis is oriented NE-SW and is dipping SW). The relative distance of
the points from the center of the hemisphere shows the amount of dip of the axes. Points
located near the center indicate axes with high dips; those near the edge imply low dips
(e.g. point I has a dip of 15°; point S has a dip of 45°). We may plot the orientation of one or
more axes to specify the orientation of the particle. Commonly, we plot the long axes of
prolate particles or the short axis of plate- or disc-shaped particles. Figure 2.22C is a “point”
diagram showing the orientations of the long axes of 75 prolate pebbles. Note that the long
axes of most of these pebbles are oriented NW-SE, and most dip to the SE at inclinations
ranging from horizontal to about 75°. For easier visualization of particle orientation, point
diagrams are often contoured as shown in Fig. 2.22D. The contours generally represent the
percentage of particles that fall in each one percent area of the hemisphere (percent per one
percent area).

Interpretation of orientation data
Interpretation of grain-orientation data involves an understanding of how particles behave
under different transport and depositional conditions. Numerous studies of particle orienta-
tion, particularly the orientation of pebble-size particles, have been reported since the 1930s.
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Figure 2.22 Method of graphically displaying particle orientations by using fabric diagrams. A. Extension
of the long (L), intermediate (I), and short (S) axes of a particle to intersect the lower hemisphere at points
L,I,andS.B. Projection of L, I, and S onto the equatorial plane of the lower hemisphere, as seen from
directly above. C. A point diagram showing the projections of the long axes of 75 prolate particles. D. The
point diagram contoured to show the percent points per one percent area of the diagram.
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Table 2.6 Particle imbrication and orientation in various kinds of sedimentary deposits

Orientation of long axes of
prolate clasts or L-I planes

Imbrication direction of blade- or disc-shaped
Type of deposit  and dip clasts Remarks
Gravels
Fluvial gravel Dip upstream 10°-30°  Dominantly transverse to  Parallel orientation
flow; less commonly possibly related to high
parallel to flow flow velocities and

increasing pebble
concentration on the bed

Glacial deposits Poorly imbricated Strong preferred Parallel orientation weaker
orientation parallel to in basal lodgment till;
direction of ice flow water-laid glacial

gravels may have
random fabric

Lahars Weak imbrication with ~ Variable; both flow-parallel Clast fabrics complex and
low-angle upflow dips ~ and flow-transverse variable
orientations reported
Debris flows Poorly imbricated Slight tendency toward Weak orientation
flow-parallel orientation
Turbidites Dip upflow at about 10° Flow-parallel orientations  Stronger clast orientation
dominant than in debris flows
Beach gravel Dip seaward at angles Variable; ranging from Some clasts may dip land-
exceeding foreslope parallel to perpendicular ward
angle to 45° to beach trend
Sands Commonly dip upstream Dominant flow-parallel Sediment size, sorting,
10°-20°; less orientation, but transport mode, and
commonly dip transverse orientation flow velocity may all
downstream possible affect orientation

Data from various sources.

These studies suggest that particle orientation may be a function of several variables,
including the nature of flow (e.g. current flow versus sediment gravity flow), bed slopes,
flow velocity, particle size, particle shapes, and packing density (the number of particles that
touch each other during transport). Unfortunately, the ways in which these different varia-
bles interact are not too well understood. From the standpoint of paleocurrent analysis, we
are particularly interested in (1) the orientation (and dip) of the long axes of prolate
(elongated) particles or the L-I plane of less elongated particles, and (2) the direction and
amount (dip) of imbricated particles. Several empirical studies and a limited number of
experimental investigations have addressed these problems of interpretation. Table 2.6
summarizes orientation data for various kinds of sediment deposits.
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2.4 Porosity and permeability
2.4.1 General statement

Porosity and permeability are important secondary, or derived, properties of sedimentary
rocks that are controlled in part by the textural attributes of grain size, shape, packing, and
arrangement. Because porosity and permeability are, in turn, controlling parameters in the
movement of fluids through rocks and sediment, they are of particular interest to petroleum
geologists, petroleum engineers, and hydrologists concerned with groundwater supplies and
liquid waste management. Porosity and permeability also play an extremely important role
in the diagenesis of sediments by regulating the flow through rocks of fluids that promote
dissolution, cementation, and authigenesis of minerals.

2.4.2 Porosity

Porosity is defined as the ratio of pore space in a sediment or sedimentary rock to the total
volume of the rock. It is commonly expressed in percent as

porosity (%)=V,/V, 100 (2.12)

Where V,, is pore volume and ¥}, is bulk volume. This formula yields the total or absolute
porosity. Petroleum geologists and hydrologists are often more interested in the effective
porosity, which is the ratio of the interconnected pore space to the bulk volume of a rock.

effective porosity (%)=1V,/Vy 100 (2.13)

where IV, is interconnected pore volume. It is the effective porosity, commonly several
percent less than total porosity, that controls the movement of fluids through rock.

In terms of origin, porosity may be either primary (depositional) or secondary (post-
depositional). Primary porosity can be of three types: (1) intergranular or interparticle —
pore space that exists between or among framework grains, such as siliciclastic particles and
carbonate grains (ooids, fossils, etc.), (2) intragranular or intraparticle — pore space
within particles, such as cavities in fossils and open space in clay minerals, and
(3) intercrystalline — pore space between chemically formed crystals, as in dolomites.
Secondary porosity may include (1) solution porosity caused by dissolution of cements or
metastable framework grains (feldspars, rock fragments) in siliciclastic sedimentary rocks or
dissolution of cements, fossils, framework crystals, etc. in carbonate or other chemically
formed rocks; (2) intercrystalline porosity arising from pore space in cements or among
other authigenic minerals, and (3) fracture porosity, owing to fracturing of any type of rock
by tectonic forces or other processes such as compaction and desiccation.

Porosity can be measured by a variety of techniques ranging from the purely qualitative to
quantitative. Qualitative “estimates” of porosity can be made by scanning a rock specimen
with a hand lens or under the microscope. Somewhat more quantitative estimates can be
made by point counting techniques with a petrographic microscope. Before preparing a thin
section for porosity analysis, the specimen is impregnated with a colored (commonly blue)
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Figure 2.23 Quartz-rich sandstone impregnated with (blue) epoxy resin (arrow) to reveal porosity.
Miocene, Louisiana. The field of view is 1.3 mm wide. (Photograph courtesy of D. W. Houseknecht.)

epoxy resin. Impregnation prevents the pores from becoming damaged during thin-
section grinding, and the colored dye makes the pores easily visible under the microscope
(Fig. 2.23). Point counts of 500 or more points provide a semiquantitative estimate of
porosity. More-accurate measurements of porosity can be made in the laboratory with a
variety of instrumental techniques (Monicard, 1980). Most of these techniques determine
the effective porosity of a specimen by first measuring the pore volume. Pore volume is
calculated by determining the volume of fluid or gas that can be forced into the rock to
completely fill the pores. The porosity is then calculated by Equation 2.13, with IV,
considered to be equal to the volume of fluid forced into the pores. An alternative technique
is to determine pore volume indirectly by first determining the grain volume of a specimen.
The grain volume is determined by dividing the dry weight of the specimen by the rock grain
density (about 2.65 in the case of a quartz-rich sandstone). The pore volume is the grain
volume subtracted from the bulk volume. This method works reasonably well for clean
quartz sandstones and limestones but is less accurate for rocks with highly variable
compositions, owing to the difficulty of determining rock grain density.

Petroleum geologists are often required to determine the porosity of particular rock units
in well bores after drilling is completed. If the well has not been cored, and thus samples of
these rock units are not available, indirect methods for determining porosity must be used.
These methods involve semiquantitative measurements of porosity from various types of
instrumental well logs or petrophysical logs (electric logs, sonic logs, neutron logs, etc.).
Discussion of these techniques is beyond the scope of this book. Details are available in
numerous references, such as Asquith and Krygowski (2004).

The porosity of sedimentary rocks is affected by numerous variables. Some of these
variables are physical characteristics, such as grain size, sorting, shape, packing, and grain
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arrangement, that are the result, at least in part, of depositional processes. Other factors that
affect porosity are caused by postdepositional processes such as compaction (which can
rearrange packing), solution, and cementation. Freshly deposited, unconsolidated sediment
may have porosities of 40—50 percent, or higher. During diagenesis, this initial porosity can
be reduced to essentially zero, depending upon depth of burial, by a combination of
compaction and cementation. On the other hand, depending upon geochemical conditions,
diagenetic solution of cements and framework grains can generate considerable secondary
porosity. The ultimate porosity of a rock thus depends upon both the initial depositional
conditions and the diagenetic history of the rock. Additional details of porosity and porosity
changes in sedimentary rocks are explored in appropriate sections of subsequent chapters,
particularly Chapters 9 and 12.

2.4.3 Permeability

Permeability is commonly defined as the ability of a medium to transmit a fluid. Rock
permeability can be thought of more simply as the property of a rock that permits the passage
of a fluid through the interconnected pores of the rock. The French scientist Henri Darcy
performed much original work on fluid flow through porous media around 1856.
Subsequent workers have quantified the passage of fluids through porous substances and
formulated an equation for fluid flow that is commonly called Darcy’s law. This equation is
expressed as

Q=K({P, P)A/ L (2.14)

where Q is the flow rate, K is the permeability constant or permeability of the flow medium,
P, — P, is the pressure drop across length L of the medium, 4 is the cross-sectional area of the
medium, and is the viscosity of the fluid measured in centipoises. From this equation, it
can be seen that the rate of flow of a fluid through a porous rock is directly proportional to
the rock permeability and indirectly proportional to the fluid viscosity. Strictly speaking,
Darcy’s law applies when only one fluid is present in the rock and no chemical reaction takes
place between the fluid and the rock.

The qualitative permeability of a rock (poor, fair, good) can be guessed by techniques
such as putting a drop of water on the rock and noting the rate at which the water is absorbed
into the rock. Quantitative permeability is determined in the laboratory with an instrument
that can measure the rate of flow of a fluid of known viscosity across a sample of
cross-section 4 and length L. These values are then plugged into the above equation to
yield the mathematical value of K. Permeability is expressed in darcies or millidarcies (0.001
darcy). A darcy is defined as a unit of permeability equivalent to the passage of one cubic
centimeter of fluid of one centipoise viscosity flowing in one second under a pressure
differential of one atmosphere through a porous medium having an area of cross-section of
one square centimeter and a length of one centimeter.

Permeability is a complex function of particle size, sorting, shape, packing, and orienta-
tion of sediments. The exact relationship of permeability to each of these variables is still not
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fully understood, and no attempt is made here to develop a rigorous treatment of these
relationships. In a very general way, permeability is believed to decrease with decreasing
particle size (owing to the decrease in pore diameters and increase in capillary pressures) and
decreasing sorting. It may possibly decrease with increasing particle sphericity (perhaps
owing to tighter packing of spheres) and increasingly tighter or denser packing (which may
reduce pore size). Also, permeability is affected by particle orientation; that is, permeability
seems generally to be greater parallel to an oriented fabric, e.g. parallel to bedding planes,
than perpendicular to an oriented fabric, although this may not be true in every case.
Permeability also tends to increase with increasing effective porosity, but it may not be
positively correlated with total porosity. Interested readers may wish to consult the volumi-
nous literature on petroleum geology (e.g. publications of the American Association of
Petroleum Geologists) that deals with this subject.

Further reading

Asquith, G. and D. Krygowski, 2004, Basic Well Log Analysis, 2nd edn.: American
Association of Petroleum Geologists, Tulsa, OK.

Krinsley, D. H., K. Pye, S. Boggs, Jr., and N. K. Tovey, 1998, Backscattered Electron
Microscopy and Image Analysis of Sediments and Sedimentary Rocks: Cambridge
University Press, Cambridge.

Mahaney, W. C., 2002, Atlas of Sand Grain Surface Textures and Applications: Oxford
University Press, New York.

Marshall, J. R. (ed.), 1987, Clastic Particles: Van Nostrand Reinhold, New York, NY.

Syvitski, J. P.M. (ed.), 1991, Principles, Methods, and Application of Particle Size Analysis:
Cambridge University Press, Cambridge.



3

Sedimentary structures

3.1 Introduction

Study of sedimentary structures has captured the interest of geologists for decades. Some
sedimentary structures such as cross-bedding and ripple marks were recognized as early as
the late eighteenth century, and perhaps well before. Progress in identification, description,
classification, and interpretation of sedimentary structures has been especially rapid since
the 1950s, and the fundamental origin of most sedimentary structures is now reasonably well
understood. Nonetheless, empirical study of modern and ancient sediments and experimen-
tal investigation of the mechanisms that form sedimentary structures continue. Geologists
are especially interested in understanding how specific sedimentary structures are related to
such aspects of ancient depositional environments as relative water energy, water depth, and
current flow directions. Investigation of the origin and significance of bedforms such as
ripples and dunes has been a particularly active field of research.

Many sedimentary structures originate by physical processes involving moving water or
wind that operate at the time of deposition. Others are formed by physical processes such as
gravity slumping or sediment loading that deform unconsolidated sediment after initial
deposition (soft-sediment deformation). Still other structures are of biogenic origin, formed
by the burrowing, boring, browsing, or sediment-binding activities of organisms. Some
types of bedding, the laminated bedding of evaporites for example, are generated by primary
chemical precipitation processes. A few other structures, such as concretions, form by
chemical processes operating within sediment during burial and diagenesis; thus, they are
regarded to be secondary in origin. Short discussions of the processes that act to form the
major kinds of sedimentary structures are given in appropriate parts of this chapter; how-
ever, detailed analysis of the sedimentary processes involved in the formation of sedimen-
tary structures is beyond the intended scope of the book. Other topics covered in this chapter
include classification of sedimentary structures and a description of the major kinds of
structures. Finally, methods for studying sedimentary structures and the usefulness of
sedimentary structures in paleocurrent analysis are discussed.

Readers who wish to have more information on sedimentary structures may turn to a
variety of additional sources. For example, a rigorous treatment of the mechanisms of
sediment transport involved in generation of bedforms and other types of structures is
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given in Allen (1982). More recent books dealing with physically formed sedimentary
structures include Collinson and Thompson (1989), Dimicco and Hardie (1994), and
Ricci-Lucci (1995). Several older volumes are also very useful, e.g. Pettijohn and Potter
(1964) and Harms et al. (1982). Biogenic activities important to the formation of sedimen-
tary structures are discussed in numerous books, such as Donovan (1994), Bromley (1996),
Hasiotis (2002), Mcllroy (2004), and Miller (2006). Recent textbook chapters that discuss
sedimentary structures include those of Boggs (2006) and Prothero and Schwab (2004).
Other pertinent references are listed under further reading at the end of this chapter.

3.2 Major Kkinds of sedimentary structures

Sedimentary structures may be classified purely on the basis of their morphological or
descriptive characteristics or on the basis of presumed mode of origin. Neither of these
methods is entirely satisfactory. Descriptive classification provides little or no information
about the genesis of structures; also, it is somewhat awkward trying to fit all structures into a
few descriptive categories. On the other hand, genetic classifications are subjective and can
be misleading. Some structures can form by more than one process or by a mixture of
processes and hence can be classified under different genetic categories.

The classification shown in Table 3.1 attempts a compromise by listing primary
sedimentary structures under both morphological and genetic headings. In any case, this
table provides a reference point for further discussion of the major kinds of sedimentary
structures. The structures are discussed mainly under the descriptive headings shown in
Table 3.1; however, some kinds of structures are further subdivided for discussion by
genetic category.

3.3 Bedding and bedforms
3.3.1 Nature of bedding

All sedimentary rocks occur in beds of some kind. Beds are tabular or lenticular layers of
sedimentary rock having characteristics that distinguish them from strata above and below.
Beds are a function of and are distinguished by the composition, size, shape, orientation, and
packing of sediment. Beds are separated by bedding planes or bounding planes into units
that may range widely in thickness. Although the term bed is used in an informal sense for
any sedimentary layer, most workers formally designate as beds only those layers thicker
than 1 cm, as suggested by McKee and Weir (1953). Layers thinner than 1 cm are laminae.
On the other hand, Campbell (1967) suggested that beds have no limiting thickness and can
range in thickness from a few millimeters to a few tens of meters. Figure 3.1 shows a
commonly used classification of bed thickness.

Beds may be characterized internally by the presence of features such as laminae, a lens of
pebbles, or a band of chert (Fig. 3.2). A distinct discontinuity, such as an erosional surface,
that is present between two beds of similar composition is called an amalgamation surface;
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Table 3.1 Classification of common primary sedimentary structures

65

Depositional

structures

Erosional
structures

Deformation structures

Biogenic
structures

GENETIC
CLASSIFICATION

MORPHOLOGICAL
CLASSIFICATION

Suspension-settling and current-
and wave-formed structures

Wind-formed structures

Chemically and biochemically

precipitated structures

Scour marks
Tool marks

Slump structures

Load and founder structures
Injection (fluidization) structures

Fluid-escape structures
Desiccation structures

Impact structures (rail, hail, spray)

Bioturbation structures
Biostratification structures

STRATIFICATION AND
BEDFORMS
Bedding and lamination
Laminated bedding
Graded bedding
Massive (structureless)
bedding

>

Bedforms
Ripples
Sand waves
Dunes
Antidunes

HoX XX

Cross-lamination
Cross-bedding
Ripple cross-lamination
Flaser and lenticular
bedding
Hummocky cross-bedding

ISl

Irregular stratification

Convolute bedding and
lamination

Flame structures

Ball and pillow structures

Synsedimentary folds
and faults

Dish and pillar*
structures

Channels

Scour-and-fill structures

Mottled bedding

Stromatolites
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Table 3.1 (cont.)

Depositional Erosional Biogenic
structures structures Deformation structures structures

GENETIC
CLASSIFICATION

MORPHOLOGICAL
CLASSIFICATION

Suspension-settling and current-
and wave-formed structures
Chemically and biochemically
precipitated structures

Load and founder structures
Injection (fluidization) structures
Impact structures (rail, hail, spray)

Wind-formed structures
Scour marks

Slump structures
Fluid-escape structures
Desiccation structures
Bioturbation structures

Tool marks
Biostratification structures

BEDDING-PLANE
MARKINGS
Groove casts; striations; X
bounce, brush, prod,
and roll marks
Flute casts X
Parting lineation X
Load casts X
Tracks, trails, burrowst X
Mudcracks and syneresis X
cracks
Pits and small X
impressions
Rill and swash marks X

OTHER STRUCTURES
Sedimentary sills and X
dikes

*Not wholly stratification structures.
T Not wholly bedding-plane markings.

beds separated by such a discontinuity are called amalgamated beds. Beds may also
display internal variations in grain size and color.

Most bedding planes that separate sedimentary layers represent a plane of nondeposition,
an abrupt change in depositional conditions, or an erosion surface, although the processes or
events that produce the bedding plane may not affect the entire bedding plane at one
moment. Some bedding planes may be postdepositional features created by processes
such as intense burrowing of some layers by organisms. Features resembling bedding or
bedding planes may also be created by diagenesis or weathering, although these features are
probably not true bedding. Bedding surfaces may have a variety of configurations as shown
in Fig. 3.3. Thus, the beds enclosed by these bounding surfaces may likewise have various
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Figure 3.1 Terms used for describing the thickness of beds and laminae. (Modified from McKee, E. D.
and G. W. Weir, 1953, Terminology for stratification and cross-stratification in sedimentary rocks:
Geol. Soc. Am. Bull, 64, Table 2, p. 383; and Ingram, R. L., 1954, Terminology for the thickness of
stratification and parting units in sedimentary rocks: Geol. Soc. Am. Bull., 65, Fig. 1, p. 937.)

geometric forms as seen in cross-section, forms such as uniform-tabular, lens-
shaped, wedge-shaped, or irregular. Beds that contain internal layers that are essentially
parallel to the bounding bedding surfaces are said to be planar-stratified. Groups of similar
planar beds are called bedsets (Fig. 3.4). Simple bedsets are characterized by similar
compositions, textures, and internal structures; composite bedsets consist of groups of
beds that differ in these characteristics but that are genetically associated. Beds displaying
internal layers deposited at a distinct angle to the bounding surfaces are cross-stratified. A
cross-stratified bed is sometimes referred to as a set of cross-strata, and a succession of such
sets is called a coset.

3.3.2 Laminated bedding

Many sandstones and shales, as well as some nonsiliciclastic sedimentary rocks such
as evaporites, display internal laminations that are essentially parallel to bedding surfaces
(Fig. 3.5). Individual laminae in these planar-stratified beds may range in thickness from a
few grain diameters to as much as 1 cm. The laminae are distinguished on the basis of
differences in grain size, clay and organic matter content, mineral composition, and in rare
cases microfossil content of the sediment. Color changes may accentuate the presence of
some laminae.

Some laminated bedding forms as a result of suspension settling of fine-size sediment in a
variety of depositional environments (lakes, tidal flats, subtidal shelves, deep-sea environ-
ments). The laminae in many shales and evaporites, for example, may have formed by
such suspension settling mechanisms. The presence of suspension-deposited laminae in
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Figure 3.2 Informal subdivision of beds on the basis of internal structures. (After Boggs, 2006,
Principles of Sedimentology and Stratigraphy, 4th edn., Prentice-Hall, Upper Saddle River, NIJ,
Fig. 4.2, p. 77, reproduced by permission. Based in part on Blatt H., G. Middleton, and R. Murray,
1980, Origin of Sedimentary Rocks, 2nd edn., Prentice-Hall, Upper Saddle River, NJ, Fig. 5.1, p. 130.)

fine-grained sediments suggests slow deposition in quiet-water environments where organic
activity (bioturbation) at and below the depositional interface was not intense enough to
destroy the lamination.

On the other hand, the laminae in some shales and most laminae in sandstones probably
formed by traction transport mechanisms. For example, many laminated deep-sea mud
deposits are now being interpreted as the products of dilute, low-velocity turbidity current
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Figure 3.3 Descriptive terms used for the configuration of bedding surfaces. (After Campbell, C. V.,
1967, Lamina, lamina set, bed, and bedset: Sedimentology, 8, Fig. 2, p. 18, reprinted by permission of
Elsevier Science Publishers, Amsterdam.)

THE NATURE OF BEDDING

Grain Structure and Individual bed Types of Bedding type
size features limits groups of
beds (cosets
or bedsets)
g;iuc/iel Layers or strata Simple Simple layered gravel
Bedding planes and
bounding surfaces
Layers and laminae Simple Plane laminated sand
Erosional bounding %
surfaces Cross §
laminae Simple Simple cross-bedded or a
Cross-beds Cross cross-laminated (ripple-bedded) g
strata 3
2]
Nonerosional Composite Interbedded Fining k)
bounding surfaces sand/mud upwards é
Sand-silty mud z
Composite Lenticular bedded Fining ;
sand upwards g
@
2
. Simple Laminated Coarsening §
Silt—-mud Laminae upwards

Increasing
grain size,
mud « gravel

Figure 3.4 Diagram illustrating the terminology of bedsets. (After Collinson J.D. and D.B.
Thompson, 1989, Sedimentary Structures: Chapman and Hall, London, Fig. 2.2, p. 7, reprinted by
permission of Springer-Verlag.)



70 Sedimentary structures

Figure 3.5 A. Laminated sandstone lying above a massive sandstone unit that contains rip-up clasts.
B. Close-up view of laminae in the laminated part of A.

flows. The laminae are believed to result from the spillover of the dilute upper parts of
channelized turbidity currents (Hesse and Chough, 1980; Stow and Bowen, 1980); however,
the exact mechanism that produces the lamination is still speculative. Parallel laminae are
very common in many sandstones and have been attributed to a variety of causes, including
swash and backwash on beaches, wind transport, transport by steady-flow currents in the
upper-flow regime, phases of upper-flow-regime and lower-flow-regime transport during
turbidity current flow, sheet flow — the oscillatory equivalent of plane-bed transport in the
upper-flow regime — and transport in the lower-flow regime.

3.3.3 Graded bedding

Graded beds are strata characterized by gradual but distinct vertical changes in grain size
(Fig. 3.6A). Beds that display gradation from coarser particles at the base to finer particles at
the top are said to have normal grading. Those that grade from finer particles at the base to
coarser at the top have reverse grading or inverse grading. Grading can occur in beds of
almost any thickness, even in laminae, but is most common in beds ranging from a few
centimeters to a few meters. Bouma (1962, pp. 48-51) describes an “ideal” graded-bed
sequence, in rocks of probable turbidity current origin, that consists of five distinct divi-
sions. This complete sequence of units grades upward from a massive, well-graded basal
portion (unit A) through a lower unit characterized by parallel laminae (B), a ripple cross-
laminated middle unit (C), an upper unit with parallel laminae (D), and a topmost nearly
structureless mud unit (E) (Fig. 3.7[1]JA). This idealized complete sequence is now com-
monly referred to as a Bouma sequence; Fig. 3.6A shows a nearly complete Bouma
sequence. Bouma points out, however, that many graded sequences may be truncated at
the top, base, or both, and thus do not contain all of the units found in the ideal sequence. In
fact, many graded beds display no visible internal structures except size grading.

Hsiti (1989, p. 117) claims that Bouma’s unit D rarely occurs and that most turbidites can
be divided into only two units: a lower horizontally laminated unit (unit A + B, Fig. 3.7[2])
and an upper cross-laminated unit (unit C). Unit E may be pelagic shale and thus may not be
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Figure 3.6 A. Graded bedding in Miocene deep-sea sandstone (core) from ODP Leg 127, Site 797, Japan
Sea. Note the nearly complete Bouma sequence (units A through E) in this core, and compare with Fig. 3.7.
(Photograph courtesy of the Ocean Drilling Program, Texas A & M University.) B. Rhythmically bedded,
graded turbidites from the Tyee Formation (Eocene), northern Oregon Coast Range.
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A+B

Figure 3.7 Ideal sequence of sedimentary structures in graded-bed units, as proposed by Bouma
(1) and Hsii (2), Note in Hsii’s model that Bouma’s units A and B are combined and unit D is omitted,
(After Hsii, 1989, Physical Principles in Sedimentology; Springer-Verlag, Berlin, Fig. 7.8, p. 116,
reprinted by permission.)

part of a turbidite flow unit. The differences between Bouma’s model and Hsii’s model can
be seen by comparing Figures 3.7(1) and 3.7(2).

Normal graded bedding can result from any process (e.g. turbidity currents, storm activity
on shelves, periodic silting on delta distributaries, deposition in the last phases of a flood,
settling of volcanic ash after an eruption) that produces a suspension of sediments of various
sizes, which may then settle according to size. Some graded beds may have formed through
the bioturbation activities of organisms. Most graded beds in the geologic record, especially
graded beds that display complete Bouma sequences (Fig. 3.7), have been attributed to
deposition from waning turbidity currents. Nelson (1982) has shown, however, that some
shallow-water sediments deposited under the influence of storm-wave surges may also
develop graded units that display Bouma sequences. Deep-sea fan deposits are commonly
made up of thin, graded sandstone or siltstone beds of turbidite origin with interbeds of
pelagic or hemipelagic shale. The graded units repeat one after another, producing what is
commonly called rhythmic bedding (Fig. 3.6B).

Inverse grading, although less common than normal grading, occurs in some sediments,
particularly in sediment-gravity-flow deposits such as debris flows and possibly some
turbidites (e.g. resedimented conglomerates). There is still considerable disagreement
about the causes of reverse grading. It has been attributed, among other causes, to (1)
dispersive pressures owing to interparticle collisions, (2) kinetic sieving — the process
whereby smaller particles fall downward through layers of coarser particles when agitated,
and (3) the strength loss that clays undergo on deformation — for example, the lowermost,
most strongly sheared layers of debris flows are weakest and support relatively small clasts
compared to the uppermost layers. Naylor (1980) reviews these and other ideas to explain
reverse grading.
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3.3.4 Massive bedding

The term massive bedding is applied to beds of sedimentary rock that contain few or no
visible internal laminae. Truly massively bedded sediments are rare. Many massive appear-
ing beds have been shown actually to contain internal structures when examined after
etching and staining or by X-radiography techniques. Nonetheless, massive beds do
occur, both in graded and nongraded units. They appear to be most common in sandstones
(Fig. 3.8).

The origin of massive beds is difficult to explain. Presumably, massive bedding is
generated in the absence of fluid-flow traction transport, either by some type of sediment
gravity flow or by rapid deposition of material from suspension. For example, turbidites
deposited from highly concentrated flows may be massively bedded, particularly at the base.
Arnott and Hand (1989) demonstrated experimentally that under upper plane-bed conditions
of transport in the presence of a heavy rain of suspended sand (typical of turbidity currents)
the formation of laminations is suppressed. This finding suggests that rapid aggradation can
account for the massive character of Bouma A divisions of turbidites. The deposits of some
grain flows, fluidized or liquefied flows, and debris flows may also appear massive.
Nonetheless, extremely thick, massive beds are particularly difficult to explain, inasmuch
as the deposits of single sediment gravity flows tend to be much thinner, although some
thick, massive beds may be the product of truly catastophic sediment gravity flows.
Some very thick units may actually be amalgamated units, which formed by the “welding”
together of the deposits of several successive sediment gravity flows consisting of sediments
having about the same grain size and general characteristics. Other massive beds may be of
secondary origin, formed either by the homogenizing activities of bioturbating organisms or
by postdepositional sediment liquefaction owing to shocking or other mechanisms.

Figure 3.8 Massive-bedded sandstone (upper part of photograph) lying above thin, parallel-bedded
siltstone and shale. Fluornoy Formation (Eocene), southwestern Oregon.
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3.3.5 Cross-bedding

Cross-bedding is one of the commoner structures in sedimentary rocks. Although it is most
abundant in sandstones, it can occur in any kind of rock made up of grains capable of
undergoing traction transport. Thus, cross-bedding has been reported in limestone, salt
deposits, ironstones, and phosphorites. Cross-beds, described in the simplest possible
terms, are strata in which internal layers, or foresets, dip at a distinct angle to the surfaces
that bound the sets of cross-beds. (Cross-bedding is called cross-lamination if thickness of
the foresets is less than 10 mm.) The bedding surfaces themselves may be either planar
surfaces or surfaces that are curved in some manner. Thus, one common, simple method of
classifying cross-bedding is to characterize it as either tabular cross-bedding, having
bounding surfaces that are planar, or trough cross-bedding, having bounding surfaces
that are curved (Figs 3.9-3.11). Bedding that is markedly trough-shaped or scoop-shaped
has also been referred to as festoon bedding.

Tabular cross-bedding is formed mainly by the migration of large-scale two-dimensional
bedforms (dunes). (The geometry of two-dimensional [2-D] bedforms can be described by
one transect parallel to flow, whereas three-dimensional [3-D] bedforms must be defined in
three dimensions [Ashley, 1990].) Individual beds range in thickness from a few tens of
centimeters to a meter or more, but bed thicknesses up to 10 meters have been reported.
Trough cross-bedding originates by migration of 3-D bedforms, either small current ripples
that produce small-scale cross-bed sets or large-scale ripples (dunes) that produce much
larger-scale cross-bed sets. Trough cross-bedding formed by migration of large-scale ripples
commonly ranges in thickness to a few tens of centimeters and in width from less than one
meter to more than four meters. Cross-bedding can also form by filling of scour pits and
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Figure 3.9 Terminology and defining characteristics of two fundamental types of cross-bedding.
Symbols: (a), direction parallel to the average sediment transport direction; (c), direction
perpendicular to (a) and the transport plane (bed) in which (a) lies; (Sp), the principal bedding
surface or bedding plane; (S¢), the foreset surface of cross-bedding. (After Potter, P.E. and F.J.
Pettijohn, 1977, Paleocurrents and Basin Analysis, 2nd edn., Springer-Verlag, Berlin, Fig. 4.1,
p. 91, reprinted by permission.)
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Figure 3.10 Multiple sets of small-scale planar cross-beds (between arrows) with tangential foresets.
Coin for scale. Coaledo Formation (Eocene), southwestern Oregon.

Figure 3.11 Three intersecting sets of small-scale trough cross-beds in fine, laminated sandstone. The
area marked (B) may be a burrow. Probable hummocky cross-stratification (arrow) is shown in the
lower part of the photograph; see also Figure 3.17. Coin for scale. Coaledo Formation (Eocene),
southwestern Oregon.

channels, deposition on the point bars of meandering streams, and deposition on the inclined
surfaces of beaches and marine bars. Cross-bedding formed under different environmental
conditions (fluvial, eolian, marine) can be very similar in appearance and thus may be
difficult to differentiate in ancient deposits.

Some cross-stratified units contain inclined surfaces that separate adjacent foresets, with
similar orientations, and truncate the lower foreset laminae. Collinson (1970) referred to
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Figure 3.12 Schematic representation of reactivation surfaces in rippled sand caused by erosion of
previously formed ripples during a subordinate tidal phase (destructional event) followed by renewed
deposition during a dominant tidal phase (constructional event). (Based on Klein, 1970, Depositional
and dispersal dynamics of intertidal sand bars: J. Sediment. Petrol., 40, Fig. 28, p. 1118.)

these surfaces as reactivation surfaces. Reactivation surfaces have been attributed to
modification of previously formed ripples (or larger bedforms) by several mechanisms,
including (1) erosion during a decrease in water depth owing to wave action or flow around
the bedforms, (2) erosion during a change in current flow direction, as during a tidal reversal
(Fig. 3.12), and (3) modification at constant water depth and flow direction owing either to
erosion resulting from random interaction of bedforms or to erosion in the lee of an
advancing bedform.

3.3.6 Ripple cross-lamination

Ripple cross-lamination is a type of cross-stratification that has the general appearance of
waves when viewed in outcrop sections cut normal to the wave (ripple) crests (Fig. 3.13).
Ripple cross-lamination forms when deposition takes place very rapidly during migration of
current or wave ripples. A series of cross-laminae is produced owing to superimposition of
one ripple on another as the ripples migrate. The ripples succeed one another upward in such
a manner that the crests of vertically succeeding ripples are out of phase and appear to be
advancing or climbing in a downcurrent direction; thus, this structure is sometimes called
climbing-ripple lamination. In outcrop sections cut at orientations other than normal to
ripple crests, the laminae may appear horizontal or trough-shaped, depending upon the
orientation and the shape of the ripples.

Ripple cross-lamination forms under conditions where abundant sediment is present,
particularly sediment in suspension, which quickly buries and preserves rippled layers.
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Figure 3.13 Ripple cross-lamination (arrow). Note truncation of underlying parallel-laminated fine
sand by ripple cross-lamination. Coin for scale. Coaledo Formation (Eocene), southwestern Oregon.

Abundant sediment supply is combined with enough traction transport to produce ripples
and to cause the ripples to migrate, but not enough to cause complete erosion of laminae
from the stoss (upcurrent) side of the ripples. In some deposits, ripple laminae are in phase,
indicating that the ripples did not migrate. Ripple cross-lamination of this type forms under
conditions where a balance is achieved between traction transport and sediment supply so
that ripples do not migrate despite a growing sediment surface. According to Ralph Hunter
(personal communication), in-phase laminae form by climbing ripples that climb essentially
vertically. Such a process could occur under two possible kinds of conditions: (1) the ripples
are oscillating ripples and remain active but nonmigrating during deposition or (2) the
ripples are inactive and are being passively draped by suspension settling, in which case the
ripple amplitude gradually decreases upward; that is, the ripples are damped. The conditions
of rapid sedimentation required to produce ripple cross-lamination occur in a variety of
environments, including fluvial floodplains, point bars, river deltas subject to periodic
flooding, and environments of turbidite sedimentation.

3.3.7 Flaser and lenticular bedding

Flaser bedding is a special type of ripple cross-lamination in which thin streaks of mud
occur between sets of ripple laminae (Fig. 3.14). The mud streaks tend to occur in the
ripple troughs but may partly or completely cover the crests. Flaser bedding appears to
form under fluctuating depositional conditions marked by periods of current activity,
when traction transport and rippling of fine sands takes place, alternating with periods of
quiescence, when mud is deposited. Repeated episodes of current activity result in
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Figure 3.14 Flaser bedding in tidal-flat sediments of the North Sea. (After Reineck, H.E., 1967,
Layered sediments of tidal flats, beaches, and shelf bottoms of the North Sea, in Lauff, G. H. (ed.),
Esturies: American Association for the Advancement of Science, Washington, DC, Fig. 8, p. 195,
reproduced by permission.)
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Figure 3.15 Lenticular bedding in tidal flats of the North Sea. Sand lenses are wave ripples. (After
Reineck, H. E. and 1. B. Singh, 1975, Depositional Sedimentary Environments: Springer-Verlag, New
York, NY, Fig. 176, p. 103, reproduced by permission.)

erosion of previously deposited ripple crests, allowing new rippled sands to bury and
preserve rippled beds with mud flasers in the troughs (Reineck and Singh, 1980). The
term lenticular bedding is used instead of flaser bedding for interbedded mud and
ripple cross-laminated sand in which the ripples or sand lenses are discontinuous and
isolated in both vertical and lateral directions (Fig. 3.15). Lenticular bedding appears
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to form in environments that favor deposition of mud over sand, whereas flaser bedding
forms under conditions that favor deposition of sand over mud. Both structures are
common in the deposits of tidal flats and some subtidal environments where conditions
of current flow or wave activity, which cause sand deposition, alternate with
slack-water conditions that favor mud deposition. Flaser and lenticular bedding may
also form in marine and lacustrine delta-front environments, where fluctuations in
sediment supply and current velocity are common; and possibly on shallow-marine
shelves owing to storm-related transport of sand into deeper-water zones of mud
deposition.

3.3.8 Hummocky cross-stratification

Hummocky cross-stratification is a type of cross-stratification originally called “truncated
wave-ripple laminae” by Campbell (1966). It was later renamed hummocky cross-stratification
by Harms et al. (1975). This structure is characterized by undulating sets of cross-laminae
that are both concave-up (swales) and convex-up (hummocks). The cross-bed sets cut into each
other with curved erosional surfaces (Figs. 3.16, 3.17). Hummocky cross-stratification

Long wavelength, 1-5m
Low height, few 10’s of cm
Hummocks and swales circular to elliptical in plan view

Laminations drape
Individual sandstone. average hummocky surface

Several 10’s of cm

Sharp base; in places,
directional sole marks

Low angle, curved
lamina intersections,
as hummocks and swales

Sandstones commonly interbedded > -
migrate slightly

with bioturbated mudstones
HCS characterized by—
1, Upward curvature of laminations
2, Low angle, curved lamina intersections
3, Very long wavelengths, low heights;
lamina dips normally less than 10°

Figure 3.16 Schematic diagram of hummocky cross-stratification. (From Walker, R. G., 1984, Shelf
and shallow marine sands, in Walker, R. G. (ed.), Facies Models, 2nd edn.: Geoscience Canada Reprint
Series 1, Fig. 11, p. 149, reprinted by permission of the Geological Association of Canada.)
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Figure 3.17 A. Hummocky cross-stratification in Coaledo Formation (Eocene) sandstones,
southwest Oregon. The arrow points to a line marking the erosion surface between underlying,
truncated laminae and overlying draped laminae. B. Detail of the erosional contact between
underlying hummock and overlying draped laminae in a hummocky -cross-stratified unit,
Coaledo Formation.

commonly occurs in sets 15-20 cm thick. Spacing of hummocks and swales is from a
few tens of centimeters to several meters. The lower bounding surface of a hummocky
unit is sharp and is commonly an erosional surface. Current-formed sole marks may be
present on the base. Hummocky cross-stratification seems to occur typically in fine
sandstone to coarse siltstone that commonly contain abundant mica and fine carbona-
ceous plant debris.

Most workers agree that hummocky cross-stratification forms in some manner under the
action of waves and that it appears to be particularly common in ancient sediments deposited
on the shoreface and shelf. The exact process or processes by which hummocky cross-
stratification is formed is, however, still speculative. A principal reason for uncertainty
about the origin is that few unequivocal examples of this structure have been observed in
modern sediments, although Greenwood and Sherman (1986) report possible hummocky
cross-stratification in modern surf-zone deposits in the Canadian Great Lakes. Duke ef al.
(1991) and Cheel and Leckie (1993) suggest that hummocky cross-stratification originates
by a combination of unidirectional and oscillatory flow related to storm activity. Although
the exact mechanism by which this structure forms remains an open question, hummocky
cross-stratification is generally regarded to be a fairly reliable indicator of deposition in shelf
and shoreface environments.

3.3.9 Ripple marks

Ripples of various sizes are among the most common sedimentary structures in modern
sedimentary environments, where they form in both siliciclastic and carbonate sediments.
Experimental and empirical studies have firmly established that ripples occur owing to
traction transport of granular materials under either unidirectional current flow or oscillatory
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Figure 3.18 Plot of mean flow velocity against median sediment size showing the stability fields of
bed phases. Note that the recommended terminology for bedforms is (1) lower plane bed, (2) ripples,
(3) dunes (all large-scale ripples), (4) upper plane bed, and (5) antidunes. Fr = Froude number. (After
Southard, J. B. and L. A. Boguchwal, 1990, Bed configurations in steady unidirectional water flows.
Part 2. Synthesis of flume data: J. Sediment. Petrol., 60, Fig. 3, p. 664, reprinted by permission of the
Society for Sedimentary Geology, Tulsa, OK.)

flow (wave action). They are most common in sand-size sediment but can occur in finer and
coarser sediment.

Experimental work has shown that a progression of bedforms develop in granular
materials undergoing traction transport as flow conditions change from lower-flow regime
to upper-flow regime (e.g. Southard and Boguchwal, 1990). At low-flow velocities, only
small ripples (0.05-0.2 m in length and 0.005-0.03 m in height) form. With increase in flow
velocity, small ripples are replaced by much larger ripples. Under natural conditions, these
larger ripples may reach lengths ranging from 0.5 m to more than 100 m and heights to tens
of meters. Earlier workers tended to group these large ripples into two types: sand waves
(low, long-wavelength bedforms) and dunes (higher, shorter-wavelength bedforms). More
recent workers recommended that large bedforms have only one name, dune; they can be
referred to as subaqueous dunes when it is important to distinguish them from eolian dunes
(Ashley, 1990). At the higher flow velocities that bring flow conditions into the upper-flow
regime, dunes are eroded and destroyed and a phase of plane-bed sediment transport occurs.
Still higher flow velocities may produce antidunes, which migrate in an upcurrent direction.
Figure 3.18, which shows the kinds of bedforms that develop as a function of mean flow
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Figure 3.19 Idealized classification of current ripples on the basis of plan-view shape. Flow is from
bottom to top in each case. (After Allen, 1968, Current Ripples: Their Relation to Patterns of Water

Motion: North Holland Publ. Co., Amsterdam, Fig. 4.6, p. 65, reprinted by permission of Elsevier
Science Publishers.)

velocity and mean sediment size, summarizes much of the past experimental work on
bedform configuration.

When flow velocities eventually diminish, bedforms tend to be destroyed in the reverse
order in which they are produced; therefore, ripples, especially large ripples and antidunes,
have low preservation potential. Thus, preserved large ripples (ripple marks) are rarely
abundant in ancient sedimentary rocks, although small-scale ripple marks are moderately
common.

Ripples developed under unidirectional current flow are asymmetrical in cross-sectional
shape, with a gently sloping upcurrent stoss side and a more steeply sloping lee side. Ripples
of'this type are called current ripples. In plan view, the crests of current ripples may have a
variety of shapes: straight, sinuous, catenary, linguoid, and lunate (Fig. 3.19). Ripples
developed under wind flow are also asymmetrical in cross-sectional shapes, but the crests
are predominantly straight. Ripples generated by wave action tend to be symmetrical in
cross-sectional shape unless a unidirectional bottom current is superimposed on the oscil-
latory flow during ripple formation. Wave-formed ripples are called oscillation ripples or
wave ripples. Figure 3.20A schematically illustrates the typical plan-view shape of oscil-
lation ripples compared to that of current ripples. Figure 3.20 B shows a photograph of
oscillation ripples.

Ripple marks in ancient sedimentary rocks furnish extremely useful information
about paleoflow conditions and paleocurrent directions. Ripple marks are not, however,
indicators of unique depositional environments. Because they can form under
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Figure 3.20 A. Plan-view shape of oscillation ripples. The shapes of typical current ripples and
combined-flow ripples are shown also for comparison. (After Harms, J. C., J. B. Southard, and R. G.
Walker, 1982, Structures and Sequences in Clastic Rocks: SEPM Short Course 9, Fig. 2—19, pp. 248,
reprinted by permission of SEPM, Tulsa, OK.) B. Multiple sets of oscillation ripples on the upper
surface of upturned, fine sandstone beds, Elkton Siltstone (Eocene), southwestern Oregon. Note
hammer (upper right corner) for scale.

unidirectional currents (in both shallow and deep water), by wind transport, and by
wave action great care must be used in interpreting depositional environments on the
basis of these bedforms. See Boggs (2006, pp. 81-86) for a short synopsis of the origin
and significance of bedforms.
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3.4 Trregular stratification
3.4.1 General statement

Several kinds of sedimentary structures are recognized that display features of bedding or
stratification, but which do not show the regular stratification of the structures discussed
above. Many of these structures appear to have formed from regular bedding or stratification
that was deformed or altered during or after deposition but prior to consolidation (penecon-
temporaneous deformation). Presumably, deformation occurs by physical processes that
involve soft-sediment slumping, loading, squeezing, or partial liquefaction. Structures of
this putative origin are commonly referred to as deformation structures. Other irregular
stratification structures appear to have formed as a result of erosion of unconsolidated beds
followed by an episode of sedimentation. Structures of this kind are called simply erosion
structures. One type of irregular stratification structure, stromatolites, is produced as an
original bedding structure through the activities of organisms and is thus a biogenic structure.

3.4.2 Deformation structures

Convolute bedding and lamination

Convolute bedding, or convolute lamination, is the name applied to complexly folded or
intricately crumpled beds or laminations that are commonly, although not invariably,
confined to a single sedimentation unit. Strata above and below this unit may show little
or no evidence of deformation. In cross-section, the deformed strata appear as
small-scale anticlines and synclines (Fig. 3.21). Axial planes of some folds may lean in
the paleocurrent direction, as determined by other structures in the deposit. Convolute

Figure 3.21 Convolute laminae in laminated siltstone overlying a thin mudstone unit. Elkton Siltstone
(Eocene), southwestern Oregon.
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bedding is most common in fine sand- to silt-size siliciclastic sediment but also can occur
in carbonates. Each individual lamina can generally be traced from fold to fold; however,
the laminae can be truncated by erosional surfaces, which may also be convoluted.
Convolutions tend to increase in complexity and amplitude upward from the base or from
undisturbed laminae in the lower part of the unit. They may either die out in the top part of
the unit or be truncated by the upper bedding surface.

Although commonly confined to beds less than about 25 cm in thickness, convoluted
units ranging up to several meters thick have been reported in both subaqueous and eolian
sediments. The lateral extent of units containing convolute lamination can apparently be
considerable. In one example, a convoluted unit only 12 cm thick is reported to occur over
an area of about 750 km* (Sutton and Lewis, 1966). Convolute lamination is particularly
common in turbidites but can occur also in a variety of other sediments, including
intertidal-flat, deltaic, river-floodplain, point-bar, and eolian deposits.

The origin of convolute bedding and lamination is not fully understood. Allen (1982,
vol. II, pp. 351-352) suggests that convolute lamination may form at three different stages
with respect to the time of sedimentation: postdepositional convolute lamination arises
some time after the start of burial, metadepositional convolute lamination arises just
before or immediately after deposition ceases, and syndepositional convolute lamination
forms episodically to continuously during deposition. The mechanisms or processes that
cause convolute lamination to form are, however, poorly understood. Most workers agree
that it is caused in some way by deformation of hydroplastic or liquefied sediment, but little
agreement exists regarding the actual deformation mechanism (although it is probably not
slumping in most cases). For additional discussion of the origin of these structures, see Allen
(1982, vol. II, pp. 351-354) and Potter and Pettijohn (1977, pp. 207-208).

Flame structures

Flame structures are flame-shaped projections of mud that extend upward from a shale unit
into an overlying bed of different composition, commonly sandstone (Fig. 3.22). Individual
“flames” may range in height from a few millimeters to several centimeters. In some
examples of the structure, the flames extend more or less directly upward into the overlying
layer. In others, the crests of the flames are overturned or bent downward, commonly all in
the same direction. Flame structures are probably caused by squeezing of low-density,
water-saturated muds upward into denser sand layers owing to the weight of the sand.
The oriented, overturned crests of some flames suggest that slight horizontal (downslope or
downcurrent) movement or drag may take place between the mud and sand layers during the
process of loading and squeezing. The orientation direction of overturned flame crests is
commonly consistent with the paleocurrent direction suggested by other, associated sedi-
mentary structures.

Ball and pillow structures and pseudonodules

The name ball and pillow structure (Potter and Pettijohn, 1977, p. 201) is applied to the basal
portion of sandstone beds, which overlie shales, that are broken into masses of various sizes
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Figure 3.22 Multiple sets of small-scale flame structures in a thinly bedded and laminated siltstone—
mudstone sequence. Elkton Siltstone (Eocene), southwestern Oregon. Note hammerhead for scale.

packed vertically and laterally in a mud matrix (Fig. 3.23). These sand masses somewhat
resemble the structure of pillow lavas and may have “pillow,” “hassock,” “kidney,” or “ball”
shapes. The underlying shale is squeezed between pillows and may extend as tongues into
the overlying sandstone. In some deposits, the sand masses may become detached from the
overlying sand and be completely surrounded by shale, forming a laterally extensive layer of
nearly uniform-size sand balls that may superficially resemble concretions (Allen, 1982,
vol. II, p. 359). These isolated sand masses are commonly called pseudonodules. Individual
pillows tend to be curled upward, that is, concave upward and convex downward. If they
contain internal laminations, the laminations may be deformed, but they conform roughly to
the boundaries of the pillows (Fig. 3.23).

Ball and pillow structures and pseudonodules are probably caused by the breakup and
foundering of semiconsolidated sand or limy sediment when underlying muds become
temporarily liquefied or partially liquefied. As in the formation of flame structures,
lower-density mud is pushed upward into higher-density sand. Kuenen (1958) produced
structures in the laboratory that closely resemble natural ball and pillow structures by
applying a shock to a layer of sand overlying a thixotropic clay, momentarily liquefying
the clay. Under such conditions, the overlying sand breaks up and the pieces sink into the
partially liquefied clay, becoming somewhat rounded and upward-curved as they sink.

Synsedimentary folds, faults, and rip-up clasts

Unconsolidated sediment may move downslope under the influence of gravity as slumps,
slides, or flows. Structures produced by such penecontemporaneous deformation may be
caused by two types of movement. The first of these is a décollment type of movement in
which the lateral displacement is concentrated along a sole, producing beds that are tightly
folded and piled into nappe-like structures (Fig. 3.24). Such structures are referred to as
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Figure 3.23 Ball and pillow structure. The balls are composed of laminated fine sandstone and are
enclosed within a thin mudstone layer. Coaledo Formation (Eocene), southwestern Oregon.

Figure 3.24 Small-scale synsedimentary folds in a thick sand laminae (white) in a laminated and
thinly bedded mudstone—sandstone sequence. Elkton Siltstone (Eocene), southwestern Oregon.
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synsedimentary folds. Slump structures of this type may involve sediments in several beds,
and the structures are commonly faulted.

Thicknesses of units characterized by slump structures may range from less than 1 m to
more than 50 m. Slump units are commonly bounded above and below by strata that show
no evidence of deformation. Such units must be examined with care, however, to be sure that
they are indeed the product of penecontemporaneous deformation and not the result of
deformation of incompetent shale or other beds caught between competent sandstone or
carbonate beds during tectonic folding. Slump structures commonly occur in mudstones and
sandy shales and less commonly in sandstones, limestones, and evaporites. They typically
form in sediments deposited in environments where rapid sedimentation and oversteepened
slopes lead to instability: glacial sediments; varved silts and clays of lacustrine origin; eolian
dune sands; turbidites; delta and reef-front sediments; subaqueous dune sediments; and
sediments from the heads of submarine canyons, continental slopes, and the walls of
deep-sea trenches.

The second type of penecontemporaneous deformation produced by slumping or flowing
is the product of pervasive movement that involves the interior of the transported mass. This
movement produces a chaotic mixture of different types of sediments, such as broken mud
layers embedded in sandy sediment. If muddy and sandy sediment are both capable of
flowing during such transport, the result is a streaked, “migmatitic”” mixture (Pettijohn et al.,
1987, p. 117). If, on the other hand, the clay is cohesive and resistant to flow, it will break
into fragments, which become incorporated into and surrounded by sand flowing as a slurry
(Fig. 3.25). Shale clasts of this type in sandstone units are sometimes called rip-up clasts,
although this term is more commonly used for shale clasts ripped up by currents, e.g.
turbidity currents. The clasts may range from a few millimeters in size to several tens of

Figure 3.25 Large rip-up clasts in a massive, coarse channel sandstone. Elkton Siltstone (Eocene),
southwestern Oregon. Note well-preserved laminae in some of the clasts.



3.4 Irregular stratification 89

centimeters. They may be angular or subrounded and may be bent or curled. Rip-up clasts
appear to be particularly common in turbidites, but they occur also in debris flows and other
types of sediment gravity flows and in fluvial sandstones.

Dish and pillar structures

Some sandstone and siltstone beds are characterized in cross-sectional exposures by the
presence of thin, dark-colored, subhorizontal, flat to concave-upward clayey laminations
(Fig. 3.26). In plan view, these features are polygonal, circular, oval, or elliptical. Because
the shapes of these clayey laminations superficially resemble the shapes of saucers or other
shallow dishes, they are called dish structures (e.g. Stauffer, 1967). Dish structures typically
occur in laterally extensive, thick beds that may, or may not, be devoid of other structures.
Individual dishes range from 1 to 50 cm in width but commonly are only a few millimeters
thick. They may also occur in thinner beds (<0.5 m), where they may cut across primary flat
lamination or other lamination (e.g. convolute lamination). The laminae forming dishes are
generally darker in color than the surrounding sediment (Fig. 3.26) and commonly contain
more clay, silt, or organic matter. Dish structures are particularly common in turbidites and

0 4 cm

Figure 3.26 Dish structures (long arrow) and pillar structures (short arrow) in siliciclastic sediments of
the Jackfork Group, southeast Oklahoma. (From Lowe, 1975, Water escape structures in coarse-
grained sediment: Sedimentology, 22, Fig. 8, p. 175, reprinted by permission of Elsevier Science
Publishers.)
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other high-concentration flow deposits, but they have also been reported in deltaic, alluvial,
lacustrine, and shallow-marine sediments and in volcanic ash layers.

Pillar structures commonly occur in association with dishes (Fig. 3.26). They are
vertical to near-vertical cross-cutting columns and sheets of structureless or swirled sand
that cut through either massive or laminated sands that commonly also contain dish
structures and convolute lamination. Pillars range in size from tubes a few millimeters in
diameter to large structures greater than 1 m in diameter and several meters in length.

Dish structures and pillars have generally been considered water-escape structures —
formed as a result of rapid deposition with subsequent escape of water from the sediment
during compaction and consolidation. Lowe and LoPiccolo (1974) suggested that during
gradual compaction and dewatering, semipermeable laminations act as partial barriers to
upward-moving water carrying fine sediment. The fine particles are retarded by the lami-
nations and added to them, forming the dishes. Some of the water is forced horizontally
beneath the laminations until it finds an easier escape route upward. This forceful upward
escape of water forms the pillars. Allen (1982, vol. II, pp. 373—374) proposed an alternative
explanation for formation of dish structures. He suggested that dishes may occur from a
kind of stoping process within a water-saturated bed that is slightly cohesive, but far from
completely consolidated. Shallow, horizontal water-filled cavities must exist in the lower
part of a bed (created as a result of sedimentation after liquefaction of zones where sand has
remained cohesionless or by forceful injection of external water into a bed). Each such
shallow, water-filled cavity is a potentially unstable system under the influence of gravity.
Slightly cohesive sand above the cavities will fail and collapse en masse into the cavities,
creating subhorizontal failure surfaces, the dishes. As the sand masses are released one after
the other from the roofs of the cavities, the cavities will progress upward through the bed,
creating a series of dishes. If dish structures form in this manner, as suggested by Allen, they
are not, strictly speaking, water-escape structures.

3.4.3 Erosion structures: channels and scour-and-fill structures

Channels are sediment-filled troughs that show a U- or V-shape in cross-section and that cut
across previously formed beds or laminations (Fig. 3.27A). Channels exposed in outcrops
commonly range in width and depth from a few centimeters to a few meters; rarely, they may
reach tens of meters across. The long profiles of channels are rarely exposed in outcrops but
can, in some cases, be defined by mapping or drilling. Channels are generally filled with
sediment that is texturally different, commonly coarser, than that of the beds they truncate.
Channels are probably eroded principally by currents, but some may be the result of erosion
by sediment gravity flows. They are particularly common in fluvial and tidal sediments but
occur also in turbidite sediments, where the long dimensions of the channels tend to be
parallel to paleocurrent direction determined by other structures.

Scour-and-fill structures, also called cut-and-fill structures, resemble channels but
tend to be somewhat smaller, more asymmetrical in cross-sectional shape, and shorter in
length. They may be filled with material that is either coarser or finer than the substrate into
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Figure 3.27 A. Channel (arrow) in fine sandstone, filled with fine sand and pebbles. Coquille
Formation (Pleistocene), southern Oregon coast. B. Small channel filled with gravel, showing a
lenslike form in cross-section. The sandstones at Flora Lake (Miocene), southwestern Oregon.

which they are cut (Fig. 3.27B). They are most common in sandy sediment, where they
probably form owing to current scour and subsequent backfilling as current velocity
decreases. In contrast to channels, several scour-and-fill structures may occur closely spaced
in a row. They are particularly prevalent in sediments of fluvial origin and can occur in river,
alluvial-fan, or glacial-outwash-plain environments. Genetically, scour-and-fill structures
are related to flute casts (Section 3.5.1), which occur on the soles of beds.

3.4.4 Biogenic structures: stromatolitic bedding

Stromatolites are laminated structures commonly composed of fine silt- or clay-size, more
rarely sand-size, carbonate sediment. They have also been reported in siliciclastic sediment,
but such occurrences are rare. Some stromatolites are composed of nearly flat laminations
that may be difficult to differentiate from laminations of other origins. Most stromatolites are
hemispherical bodies made up of laminations that are curved, crinkled, or deformed to
various degrees (Fig. 3.28). The term thrombolite was proposed by Aitken (1967) for
structures that resemble stromatolites in external form and size but lack laminations. The
laminations of stromatolites are generally less than 1 mm thick and are caused by variations
in the concentrations and properties of fine calcium carbonate minerals, fine organic matter,
and detrital clay and silt.

Stromatolites are organosedimentary structures formed largely by the trapping and bind-
ing activities of blue-green algae (cyanobacteria). They are known from rocks of
Precambrian age and are forming today in many localities. Modern stromatolites are
confined mainly to the shallow subtidal, intertidal, and supratidal zones of the ocean, but
they have been found also in lacustrine environments. Owing to the requirements of
blue-green algae to carry on photosynthesis, stromatolites are restricted to environments
with adequate light for photosynthesis. The laminated structure forms as a result of trapping
of fine sediment in the very fine filaments of algal mats. Once a thin layer of sediment covers
a mat, the algal filaments grow up and around sediment grains to form a new mat, a process
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Figure 3.28 Stromatolites in limestones of the Helena Formation (Precambrian), Glacier National
Park, Montana.

that is repeated many times to produce the laminated structure. Stromatolites are most
common in carbonate rocks, but have been reported from siliciclastic rocks.

3.5 Bedding-plane markings
3.5.1 Markings generated by erosion and deposition

General statement

Bedding-plane markings may occur either on the tops of beds or the undersides (soles) of
beds. Sole markings are particularly common, typically consisting of positive-relief casts
and various kinds of irregular markings, especially on the soles of sandstones and other
coarser-grained sedimentary rocks that overlie shales. Many sole markings are generated by
a two-stage process that involves initial erosion of a cohesive mud substrate to produce
grooves or depressions, followed by an episode of deposition during which the grooves or
depressions are filled by coarser-grained sediment. After burial and lithification, the
coarser-grained sediment remains welded or amalgamated to the base of the overlying
bed. After tectonic uplift, weathering processes may remove the softer underlying shale,
exposing the sole of the overlying bed and the sole markings (Fig. 3.29). Erosional markings
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Figure 3.29 Suggested stages of development of sole markings owing to erosion of a mud bottom
followed by deposition of coarser sediment. The diagram illustrates also how the sole markings appear
as positive-relief features on the base of the infilling bed after tectonic uplift and subaerial weathering —
and suggests how sole markings can be used to tell top and bottom of overturned beds. (From
Ricci-Lucchi, F., 1995, Sedimentographica. A Photographic Atlas of Sedimentary Structures, 2nd
edn.: Columbia University Press, New York, NY, Fig. 5, p. 4, reproduced by permission.)

are particularly common on the soles of turbidite sandstones, but they can form in any
environment where the requisite conditions of an erosive event followed quickly by a
depositional event are met, e.g. fluvial, tidal-flat, and shelf environments.

Tool-formed erosional structures
General statement

The erosional event that initiates the process of forming erosional sole markings can result
from the action of current-transported objects that intermittently or continuously make
contact with the bottom. Such contact may simultaneously deform (compress) the soft
bottom sediment and gouge depressions or grooves in the sediment. The “tools” can be
pieces of wood, the shells of organisms, pebbles or clasts, or any similar object that can be
rolled or dragged along the bottom by normal currents or turbidity currents. Filling of these
tool-formed grooves or depressions by coarser sediment generates positive-relief casts on
the base of the overlying bed.

Groove casts

The most common tool-formed structures are probably groove casts. These structures are
elongate, nearly straight ridges (Fig. 3.30) that result from the infilling of grooves produced
by some object dragged over a mud bottom in continuous contact with the bottom. Typical
groove casts are a few millimeters to a few tens of centimeters wide, with a relief of a few
millimeters to a few centimeters. Much larger groove casts are known. Groove casts are
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Figure 3.30 Large intersecting groove casts on the base of a graded turbidite sandstone. The knife
near the center of the photograph is about 10 cm long. Fluornoy Formation (Eocene), southwestern
Oregon.

markedly elongated parallel to the paleocurrent direction; therefore, they can be used to
determine the sense of paleoflow, although it is generally not possible to distinguish the
upcurrent from the downcurrent direction. A special kind of groove cast called chevrons is
made up of continuous V-shaped crenulations that close in a downstream direction. Thus,
this type of groove cast can be used to determine the true paleoflow direction. Dzulnyski
and Walton (1965) suggest that chevrons are formed by tools moving just above the
sediment surface, but not touching the surface, causing rucking-up of the sides of the
groove.

Bounce, brush, prod, roll, and skip marks

These markings are related in origin to groove casts, but they are produced by tools that
make intermittent contact with the bottom rather than continuous contact. Brush and prod
marks are positive-relief features produced by the infilling of small gouge marks. They are
asymmetrical in cross-section, with the deeper, broader part of the mark oriented down-
current. By contrast, bounce marks are roughly symmetrical. Roll and skip marks are
formed either by a saltating tool or by rolling of a tool over the surface, producing a
continuous track. The postulated genesis of these structures is illustrated diagrammatically
in Fig. 3.31.

Current-formed erosional structures
General statement

Under some conditions, currents are capable of eroding depressions in muddy or sandy
substrates independently of the action of tools. Current scour owing to eddies and associated
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~ - A Bounce marks. The tool approaches the
sz ‘ sediment surface at a low angle and
immediately bounces back into the current.

‘ B Brush marks. The tool approaches the
sediment surface at a very low angle, with the
- axis of the tool inclined upcurrent, and is then
7 lifted away by the current, producing a ridge
of mud downcurrent of the mark.

=

C Prod marks. The tool reaches the sediment
surface at a fairly high angle and is then lifted
up and away by the current.

D Roll marks. The tool rolls over the sediment
surface, producing a continuous roll mark.

E Skip marks. The tool travels downcurrent with
a saltating movement, hitting the sediment
surface at near regular intervals.

Figure 3.31 Postulated development in a cohesive mud bottom of (A) bounce marks, (B) brush marks,
(C) prod marks, (D) roll marks, and (E) skip marks, which formed by the action of tools making contact
with the bottom in various ways. These tool-formed depressions are subsequently filled with coarser
sediment to produce positive-relief casts. (After Reineck, H. E. and L. B. Singh, 1980, Depositional
Sedimentary Environments, 2nd edn., Springer-Verlag, Berlin, Figs. 125,127, 129, 132, 131, p. 82, 83,
reprinted by permission.)

velocity fluctuations behind obstacles, or by chance eddy scour, commonly generates
asymmetrical, somewhat elongated depressions with the steepest and deepest side of the
depression upstream and the more gentle side downstream. Filling of such depressions
produces a positive-relief sole marking with an abrupt upstream end and a gradually tapering
downstream end. Thus, current-formed structures generally make good paleocurrent indi-
cators because they show the unique direction of current flow.

Flute casts

Flute casts are elongated welts or ridges that have at one end a bulbous nose that flares out
toward the other end and merges gradually with the surface of the bed (Fig. 3.32). Flute casts
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Figure 3.32 Flute casts covering the entire base (sole) of a turbidite sandstone bed. Note also the large
groove cast in the lower part of the photograph (running under the hammer). The paleocurrent direction
is from the upper right toward the lower left. Hornbrook Formation (Cretaceous), northern California.

tend to occur in swarms, with all of the flutes oriented in roughly the same direction, but they
can occur singly. All of the flutes on the base of a given bed are generally about the same
size, but great variation in size from one bed to another is possible. Flute casts can range in
width from a few centimeters to more than 20 cm, in height or relief from a few centimeters
to more than 10cm, and in length from a few centimeters to a meter or more. The
plan-view shape of flutes varies from nearly streamlined, bilaterally symmetrical forms to
more elongate and irregular forms, some of which are highly twisted. Flute casts are
particularly common on the soles of turbidite sandstones, but they occur also in sediments
from shallow-marine and nonmarine environments. Less commonly, they have been
reported on the soles of limestone beds.

Current crescents

These structures, also called obstacle scours, are common in modern environments, partic-
ularly sandy beach environments. They occur as narrow semicircular or horseshoe-shaped
troughs, which form around small obstacles such as pebbles or shells owing to current scour
(Fig. 3.33). They can form also in muddy sediment. They are relatively uncommon in
ancient sedimentary rocks, where they typically occur as positive-relief casts on the soles of
sandstone beds. They are most characteristic of ancient fluvial sandstones with shale
interbeds, but they have also been reported in turbidites. Similar structures can form in
modern eolian sediments as a result of wind transport of sand around obstacles.
Wind-produced current crescents, as well as those produced in beach sands, are rarely
preserved in ancient sedimentary rocks.
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Figure 3.33 Current crescents formed downflow from pebbles on a modern beach, southern Oregon
coast. The knife (near center of photograph) is about 10 cm long.

Figure 3.34 Load casts on the base of a large sandstone boulder. Some of the load casts may be
modified organic traces. Unknown formation, southern Oregon coast. The knife (left side of photo) is
about 10 cm long.

3.5.2 Sole markings generated by deformation: load casts

Load casts are rounded knobs or irregular protuberances on the soles of sandstone beds that
overlie shales. They differ in appearance from flute casts because they lack the regular form
and orientation of flutes. Where load casts are present, they tend to cover the entire surface of
the sole (Fig. 3.34). They can range in size from a few centimeters to a few tens of
centimeters, and the casts on a single sole may display considerable variation in size.
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Load casts appear to be most common on the soles of turbidite sandstones, but have been
reported in deposits from a variety of environments, including fluvial, lacustrine, deltaic,
and shallow-marine. They have been found also in pyroclastic sequences. Load casts
originate owing to the gravitational instability arising from the presence of beds of greater
density lying above beds of lower density and low strength. Hydroplastic or uncompacted
muds with excess pore pressures or muds liquefied by an externally generated shock can be
deformed by the weight of the overlying sand, which may sink unequally into the incom-
petent mud. Such loading allows protrusions of sand to sink down into the mud, creating
positive-relief features on the bases of the beds. Load casts are closely related genetically to
ball and pillow structures and flame structures. Flute and groove casts, as well as ripples,
may be modified by loading, a process that tends to exaggerate their relief and destroy
original shapes. The presence of load casts on the bases of some beds and not on others
appears to reflect the state of the underlying hydroplastic mud. They apparently will not
form on the bases of sandstone beds deposited on muds that have already been compacted or
dewatered prior to deposition of the sand.

3.5.3 Markings generated by organisms: trace fossils

Bed-surface markings attributed to the activities of fossil organisms have long been recog-
nized. Such organically produced markings are now commonly called trace fossils, but they
have been referred to also as ichnofossils and Lebensspuren. These markings are believed
to result from the burrowing, boring, feeding, resting, and locomotion activities of organ-
isms, which can produce a variety of trails, shallow depressions, and open burrows and
borings in muds or other semiconsolidated sediments. Filling of trails or other shallow
depressions with sediment of different size or packing creates structures that show up as
positive-relief features on the soles of overlying beds (Fig. 3.35A). Filled burrows or borings
show up as rounded markings on the top surface of underlying beds. Burrows and borings
commonly extend down into beds and thus may appear in cross-sectional exposures of beds

Figure 3.35 Organic markings (trace fossils). A. Copious organic traces (arrows) on the base of a
massive sandstone bed. Bateman Formation (Eocene), southwestern Oregon. B. Shallow burrows
(arrows) that cut across laminated fine sandstone. Coaledo Formation (Eocene), southwestern Oregon.
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as filled tubes (Fig. 3.35B). Therefore, filled burrows and borings are not exclusively
bedding-plane structures.

Four broad categories of biogenic structures are recognized: (1) bioturbation structures
(burrows, tracks, trails, root penetration structures) arising from organic activity that tends to
penetrate, mix, or otherwise disturb sediment, (2) bioerosion structures (borings, scrap-
ings, bitings), (3) biostratification structures (stromatolites, graded bedding of biogenic
origin), and (4) excrement (coprolites, such as fecal pellets or fecal castings). Not all
geologists regard biostratification structures as trace fossils (see Section 3.4.4 above for a
discussion of stromatolites), and these structures are not commonly included in published
discussions of trace fossils.

Trace fossils have been classified also in various other ways, although classification is a
complex and controversial procedure. See the discussion in Bromley (1996), Magwood
(1992), and Pickerill (1994). On the basis of morphology, trace fossils have been grouped
into such categories as tracks, trails, burrows, borings, and bioturbate texture (mottled
bedding). On the basis of behavior (ethological classification), they can be divided into
resting traces, crawling traces, grazing traces, feeding traces or structures, and dwelling
structures. Trace fossils can even be classified in terms of type of preservation by use of such
terms as full relief, semirelief, concave, and convex.

Geologists have become increasingly interested in trace fossils in the past few decades
owing to their potential usefulness in paleoenvironmental and paleoecological interpreta-
tion. Numerous full-length books and extended research papers dealing with trace fossils
have been published. See, for example, Maples and West (1992), Donovan (1994), Bromley
(1996), Hasiotis et al. (2002), and Mcllroy (2004). Trace fossils have special usefulness in
paleoenvironmental analysis because they are biogenic features that clearly formed in place.
In contrast to body fossils, trace fossils other than excrement cannot be transported from one
environment to another and cannot be reworked from older rocks.

Although similar trace fossils may be produced by different organisms, certain associ-
ations of biogenic structures tend to characterize particular sedimentary facies. These
facies, in turn, can be related to depositional environments. Seilacher (1964) introduced
the term ichnofacies for sedimentary facies characterized by a particular association of
trace fossils. Trace fossils can form under both subaerial and subaqueous conditions. In
subaerial environments, organisms such as insects, spiders, worms, millipedes, snails, and
lizards produce various types of burrows and tunnels; vertebrate organisms leave tracks;
and plants leave root traces. In subaqueous environments, the principal factors that appear
to influence their distribution are water salinity, water depth, oxygenation state of the
water, and consistency of the substrate (hard or soft bottom). Numerous organisms such as
worms, crustaceans, insects, bivalves, gastropods, fish, birds, amphibians, mammals, and
reptiles produce traces in freshwater fluvial or lacustrine environments. Trace fossils of
continental deposits are grouped into the Scoyenia ichnofacies (Frey et al., 1984), which
consists of a rather nondistinctive, low-diversity suite of invertebrate and vertebrate tracks,
trails, and burrows. See Hasiotis et al. (2002) for extended discussion of terrestrial trace
fossils.
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Figure 3.36 Schematic representation of the relationship of characteristic trace fossils to sedimentary
facies and depth zones in the ocean. Borings of 1, Polydora; 2, Entobia; 3, echinoid borings; 4,
Trypanites; 5,6, pholadid burrows; 7, Diplocraterion; 8, unlined crab burrow; 9, Skolithos; 10,
Diplocraterion; 11, Thalassinoides; 12, Arenicolites; 13, Ophiomorpha; 14, Phycodes; 15,
Rhizocorallium; 16, Teichichnus; 17, Crossopodia; 18; Asteriacites; 19; Zoophycos; 20, Lorenzinia;
21, Zoophycos; 22, Paleodictyon; 23, Taphrhelminthopsis; 24, Helminthoida,; 25, Spirohaphe; 26,
Cosmorhaphe. (From Ekdale, A. A., R. G. Bromley, and S.B. Pemberton, 1984, Ichnology: Trace
Fossils in Sedimentology and Stratigraphy: SEPM Short Course 15, Fig. 15.2, p. 187, reprinted by
permission of SEPM, Tulsa, OK. Modified from Crimes, T. P., 1975, The stratigraphical significance
of trace fossils, in Crimes, T.P., and J.C. Harper, (eds.), The Study of Trace Fossils,
Springer-Verlag, New York, NY, Fig. 7.2, p. 118.)

Marine trace fossils, produced largely by invertebrate organisms and some fish, are
grouped into seven marine ichnofacies (Fig. 3.36), each named from a representative trace
fossil: Teredolites, Trypanites, Glossifungites, Skolithos, Cruziana, Zoophycos, and Nereites.
The Teredolites ichnofacies, not shown in Fig. 3.36, occurs only in woody material. The
Trypanites ichnofacies is characteristic of hard, fully indurated substrates, and the
Glossifungites ichnofacies typically occurs in firm, but uncemented, substrates. The remain-
ing marine ichnofacies are all soft-sediment ichnofacies whose distribution appears to be
controlled mainly by water depth, as illustrated in Fig. 3.36.

Each major depth zone in the ocean tends to be characterized by a distinctive association
of trace fossils (Fig. 3.36). On rocky coasts and pebbly shores, trace fossils are largely rock
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borings (Trypanites ichnofacies), which serve as dwelling structures for suspension-feeding
organisms (Fig. 3.36, 1-4). Other structures in this ichnofacies include rasping and scraping
traces made by feeding organisms, holes drilled by predatory gastropods, and microborings
made by algae and fungi. Nearshore environments characterized by firm bottom sediment
consisting largely of uncemented, dewatered, cohesive mud are inhabited by organisms that
produce the Glossifungites ichnofacies of Frey and Seilacher (1980). The trace fossils of this
environment are mainly vertical, U-shaped, and branched dwelling burrows of suspension
feeders or carnivores such as shrimp, crabs, worms, and pholadid bivalves (Fig. 3.36, 5-8).
The high-energy littoral zone or intertidal zone of sandy coasts, characterized by harsh
conditions of intermittent exposure and large fluctuations in temperature and salinity, is
host to a variety of organisms that burrow into the sandy bottom for escape. Thus, vertical
and U-shaped dwelling burrows, such as the Skolithos, Diplocraterion, Arenicolites,
and Ophiomorpha burrows shown in Figure 3.36, 9-13 typify the Skolithos ichnofacies of
this zone.

It is now recognized that trace-fossil depth zones may overlap. For example, some trace
fossils originally believed to be exclusively shallow-water forms, such as Ophiomorpha,
have been found in sediments from greater depths. Also, some supposedly deep-water trace
fossils such as Zoophycos have turned up in beds that, on the basis of associated coal or algal
limestone, are clearly shallow-water deposits (Hallam, 1981). These inconsistencies suggest
that factors other than water depth and food supply (oxygen levels, for example) may be
involved in controlling the distribution of trace fossils. Also, not all environments at a
particular depth may harbor organisms capable of leaving traces. For example, highly saline
waters or highly reducing (euxinic) conditions, where low oxygen levels and the production
of hydrogen sulfide gas create a toxic environment, may preclude or greatly reduce organic
activity.

3.5.4 Bedding-plane markings of miscellaneous origin

A variety of generally small-scale markings of miscellaneous origin can occur on the tops
(mainly) of beds: these include mudcracks, syneresis cracks, raindrop and hailstone
imprints, bubble imprints, rill marks, swash marks, and parting lineation. Mudcracks are
common in modern environments and may be preserved on the top or bottom bedding
surfaces of ancient sedimentary rocks as positive-relief fillings of the original cracks
(Fig. 3.37). They can occur in both siliciclastic and carbonate muds, and indicate subaerial
exposure and desiccation. They may occur in association with raindrop imprints and
hailstone imprints, which are craterlike pits with slightly raised rims that are commonly
less than 1 cm in diameter. These imprints can be confused with bubble imprints, caused by
bubbles breaking on the surface of sediments. Syneresis cracks resemble mudcracks but
tend to be discontinuous and vary in shape from polygonal to spindle shaped or sinuous
(Plummer and Gostin, 1981). They commonly occur in thin mudstones interbedded with
sandstones as either positive-relief features on the bases of sandstones or negative-relief
features on the tops of the mudstones. Syneresis cracks are believed to be subaqueous
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Figure 3.37 Mudcracks on the upper surface of a Miocene mudstone bed, Bangladesh. (Photograph
courtesy of E. M. Baldwin.)

shrinkage cracks, formed in clayey sediment by loss of pore water from clays that have
flocculated rapidly or that have undergone shrinkage of swelling-clay mineral lattices owing
to changes in salinity of surrounding water (Burst, 1965). Rill marks are small dendritic
channels or grooves that form on beaches by discharge of pore waters at low tide by small
streams debouching onto a sand or mud flat. They have very low preservation potential and
are seldom found in ancient sedimentary rocks. Swash marks are thin, arcuate lines or small
ridges on a beach formed by concentrations of fine sediment and organic debris owing to
wave swash; they mark the farthest advance of wave uprush. They likewise have low
preservation potential.

Parting lineation, also called current lineation, forms primarily on the bedding surfaces
of parallel-laminated sandstones, although it is reported to form also on the backs of ripples
and dunes. It consists of subparallel ridges and grooves a few millimeters wide and many
centimeters long (Fig. 3.38); the length of the ridges is generally 5-20 times greater than
their width (Allen, 1982, vol. I, p. 261). Relief on the ridges is commonly on the order of the
diameter of the sand grains. Parting lamination appears to be most common in deposits
composed of medium sand or coarse silt. Detailed study of parting lineation by several
investigators has revealed that the trend of the ridges and grooves is commonly in good
agreement with the preferred grain orientation in the deposits, indicating that the linear
fabric of current lineation is parallel to current flow direction. Parting lineation occurs in
newly deposited sands in modern beach, fluvial, and tidal-run-off environments. It is most
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Figure 3.38 Parting lineation in sandstone. Paleocurrent flow was approximately parallel to the
bottom of the photograph. Haymond Formation, Texas. (Photograph courtesy of E. F. McBride.)

common in ancient deposits in thin, evenly bedded sandstones, probably of
shallow-marine origin. It has been described also in turbidite sandstones. Its origin is
obviously related to current flow and grain orientation, probably turbulent flow in the
upper flow regime plane-bed phase. A more rigorous explanation of the origin of parting
lamination is given by Allen (1982, vol. I, pp. 262-265).

3.6 Other structures
3.6.1 Sandstone dikes and sills

Sandstone dikes are tabular bodies of sandstone that fill fractures in any kind of host rock.
They range in thickness from a few centimeters to 10 meters or more. Most sandstone dikes
lack internal structures except oriented mica flakes and elongated particles that may be
aligned parallel to the dike walls. They are apparently formed from liquefied sand forcefully
injected upward into fractures, although examples are known where sand appears to have
been injected downward into fractures. Sandstone sills are features of similar appearance
and origin except that they are sand bodies that have been injected between beds of other
rock. Sandstone sills may be difficult to differentiate from normally deposited sandstone
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beds unless they can be traced into sandstone dikes or traced far enough to show a
cross-cutting relationship with other beds. For example, Archer (1984) describes sandstone
sills in Ordovician deep-sea deposits of western Ireland that are virtually identical to
normally deposited beds. She discusses also some of the criteria that can be used to
distinguish clastic sills from normal beds.

The sands that form sandstone dikes and sills must have been in a highly water-
saturated, liquefied state at the time of injection, and injection seems to have been essentially
instantaneous. Although some sandstone dikes and sills may have been injected into host
rocks before they were completely consolidated, others could have formed much later —
considerably later than the time of lithification of the host. Pettijohn ez al. (1987) suggest that
host rocks that have been injected early tend to be contorted, whereas those injected after
lithification are sharp-edged and straight-walled. Sandstone dikes and sills appear to have
relatively little sedimentological significance, although they may be of some value in
working out the tectonic history of a region; e.g. sand-filled cracks imply episodes of
tensional deformation.

3.6.2 Structures of secondary origin

Most structures discussed in preceding sections of this chapter, with the exception of some
sandstone dikes and possibly convolute lamination, appear to have formed at or very shortly
after deposition of the host sediment. Thus, these structures are commonly called primary
sedimentary structures. A few kinds of structures occur in sedimentary rocks that clearly
postdate deposition and are thus secondary sedimentary structures. The majority of these
secondary structures are of chemical origin, formed by precipitation of mineral substances in
the pores of semiconsolidated or consolidated sedimentary rock or by chemical replacement
processes. Some secondary structures appear to form through processes involving pressure
and solution.

Concretions are perhaps the most common secondary structure. These structures are
typically composed of calcite; however, concretions made of other minerals (e.g. dolomite,
hematite, siderite, chert, pyrite, gypsum) are known also. Concretions form by precipitation
of minerals around a center, building up a globular mass. Some concretions have a distinct
nucleus, such as a shell or shell fragment, but many do not. When cut open, concretions may
display concentric banding around the center or may display little or no internal structure.
They range in shape from nearly spherical bodies (Fig. 3.39) to disc-shaped, cone-shaped,
and pipe-shaped bodies; and in size from less than a centimeter to as much as 3 m. Some
concretions may be syndepositional in origin, growing in the sediment as it accumulates;
however, most concretions are probably postdepositional, as shown in many cases by
original bedding structures, such as laminations, that pass through the concretions. Some
carly workers suggested that concretions grow displacively in sediments, pushing aside
sedimentary layers as they grow. Many concretions, however, appear to have formed simply
by precipitation of minerals in the pore spaces of the sediment. Concretions are especially
common in sandstones and shales but can occur in other sedimentary rocks.
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Figure 3.39 Multiple spherical concretions in sandstones of the Coaledo Formatiion (Eocene),
southwestern Oregon.

An unusual type of concretion was reported by Boggs (1972) that has as its nucleus a
large rhombic-shaped prism, with pyramidal terminations, composed of calcite. In some
specimens, the nucleus extends through the concretion and projects at either end
(Fig. 3.40). Exceptional specimens of these rhombic prisms exceed 4 cm in width and
25cm in length. Careful study of the nuclear prisms revealed that they are actually
pseudomorphs after an earlier mineral. The concretionary calcite that surrounds the
rhombic prisms clearly formed later than the prisms as shown by distinctly different
3'3C values in the concretionary calcite and the nucleus. The identity of the parent
mineral was solved in the early 1980s, when a German research vessel reported crystals
of ikaite in a core from the seabed off Bransfield Strait, Antarctica (Suess et al., 1982).
Ikaite is a little-known hydrated calcium carbonate mineral (CaCO3-6H,0) discovered
and named in 1963. It is now believed to be the parent mineral of these unusual
pseudomorphs (Shearman and Smith, 1985). According to Shearman and Smith, ikaite
crystallizes at temperatures near 0 °C and breaks down at normal temperatures to form
calcium carbonate and water. The calcium carbonate is then redistributed to form the
calcite pseudomorphs. Aside from their unusual nature, these ikaite pseudomorphs
(formerly called glendonites), not all of which are enclosed in concretionary calcite,
may prove to be important as paleothermometers.

Nodules are closely related to concretions. They are small, irregularly rounded bodies
that commonly have a warty or knobby surface. They generally have no internal
structure except the preserved remnants of original bedding or fossils. Common miner-
als that make up nodules include chert, apatite (phosphorite), anhydrite, pyrite, and
manganese. Some so-called nodules (e.g. manganese and phosphorite nodules) are
forming now on the seafloor and are syndepositional in origin (these might better be
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Figure 3.40 Ikaite concretion. A. A complete specimen with ikaite nucleus still intact, shown in place
within host mudstone. B. Cross-sectional views of three concretions showing typical rhombic
cross-sectional shape of ikaite nuclei. Astoria Formation (Miocene), northwestern Oregon.

called concretions). Other nodules (e.g. chert nodules in limestones) are clearly post-
depositional. Postdepositional nodules appear to form by partially or completely replac-
ing minerals of the host rock rather than by simple precipitation of mineral into
available pore space.

Sand crystals are very large euhedral or subhedral crystals of calcite, barite, or gypsum
that are filled with detrital sand inclusions (Fig. 3.41). They appear to form during
diagenesis by growth in incompletely cemented sands. Rosettes are radially symmetric,
sand-filled crystalline aggregates or clusters of crystals that somewhat resemble the shape
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Figure 3.41 Sand crystals, Miocene sandstone, Badlands, South Dakota. Length of specimen about
15 cm. (From Pettijohn, F.J., 1975, Sedimentary Rocks: Harper and Row, New York, NY, Fig. 12.3,
p. 467, reprinted by permission.)

of a rose. They are commonly composed of barite, pyrite, or marcasite and form by
cementation processes.

Color banding, sometimes referred to as Liesegang banding, is a type of rhythmic
layering resulting from the precipitation of iron oxide in fluid-saturated sediments to
form thin, closely spaced, commonly curved layers. Layers having various shades of red,
yellow, or brown alternate with white or cream layers. Color banding may resemble primary
bedding or lamination, but can almost always be distinguished by careful study (e.g. color
banding may cut across primary stratification).

Stylolites are suture- or stylus-like seams, as seen in cross-section, in generally homoge-
neous, thick-bedded sedimentary rocks (Fig. 3.42). The seams result from the irregular,
interlocking penetration of rock on each side of the suture. They are typically only a few
centimeters thick, and they are generally marked by concentrations of difficultly soluble
constituents such as clay minerals, iron oxide minerals, and fine organic matter. Stylolites
are most common in limestones, but occur also in sandstones, quartzites, and cherts.
Although many ideas were advanced by early workers to explain stylolites, they are now
regarded to form as a result of pressure solution. These structures are discussed in further
detail in Chapter 11.

Cone-in-cone structure is a type of structure rarely mentioned in recent sedimentolog-
ical literature. It consists of nested sets of small concentric cones, composed, in most
examples, of calcium carbonate, with individual cones ranging in height mainly from
10 mm to 1 cm (Fig. 3.43). Sides of the cones are slightly ribbed or fluted, and some have
fine striations that resemble slickensides. Cone-in-cone structure generally occurs in thin,
persistent layers of fibrous calcite, commonly in association with concretions; it is also
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Figure 3.42 Sharp-pealed, sutured stylolites in a polished limestone slab. Age and location unknown.
University of Oregon collection.

5cm

Figure 3.43 Large specimen showing typical cone-in-cone structure. Age and locality of specimen
unknown.

known in pyrite concretions (Carstens, 1985). The structure is most common in shales and
marly limestones. Considerable difference of opinion about the origin of cone-in-cone
structure emanated from early workers (see review by Franks, 1969). Most recent workers
appear to believe that cone-in-cone is an early diagenetic structure that forms by growth of
fibrous crystals in the enclosing sediment while it is still in a plastic state (Woodland, 1964;
Franks, 1969).
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3.7 Methods for studying sedimentary structures
3.7.1 General statement

Sedimentary structures provide important information about depositional conditions
and depositional environments. Also, many sedimentary structures have directional
significance, making them useful indicators of paleocurrent direction. Analysis of
sedimentary structures thus plays a crucial role in basin analysis. Basin analysis is a
broad term that encompasses all of the various methods of study (geophysical,
geochemical, sedimentologic, stratigraphic) that are focused on the evaluation of depo-
sitional systems. Information gained from such evaluation may have economic signifi-
cance in petroleum and mineral exploration and significance to interpretation of geologic
and tectonic history, including plate reconstructions, regional historical geology, and
paleogeography. Because study of sedimentary structures constitutes such an important
part of environmental interpretation and basin analysis, much work has gone into
developing suitable methods for their study. See, for example, Collinson and
Thompson, 1989, pp. 186—195 and Miall, 1990, pp. 315-327.

Most study of sedimentary structures takes place in the field where structures are
exposed in outcrop and can be studied and photographed. Replicas of structures, called
peels, may also be made in the field and taken back to the laboratory for further study.
Also, samples of sediment buried on land and in subaqueous environments can be
obtained by suitable coring devices, such as box corers, for subsequent laboratory study.
X-Radiography techniques are particularly useful for revealing faint structures in such
cores.

3.7.2 Paleocurrent analysis

Determining paleoflow (paleocurrent) directions is an important aspect of much field
study. Directional sedimentary structures, such as cross-bedding and ripple marks, pro-
vide reliable information for determining paleocurrent directions. The orientation of
directional sedimentary structures (e.g. the dip direction of cross-bed foresets) is deter-
mined in the field with a Brunton compass by taking measurements from as many
different outcrops as practical. If directional structures have been tilted owing to tectonic
uplift of their host beds, a correction must be made for this tilt (e.g. Collinson and
Thompson, 1989, p. 200).

The orientation of directional structures in a particular bed or outcrop may display
considerable scatter. Directional data must, therefore, be treated statistically to reveal
primary and secondary paleocurrent trends. Depositing paleocurrents may have flowed in
a single direction (unidirectional), two directions (bidirectional), or three or more directions
(polydirectional). Corresponding paleocurrent data are thus said to be unimodal (e.g. river
sediment), bimodal (e.g. tidal sediment), or polymodal (e.g. shoreline sediment).
Geologists commonly plot paleocurrent data on so-called rose diagrams to reveal the
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Figure 3.44 Hypothetical paleocurrent data plotted as rose diagrams. N = the number of measurements
(directions) taken in the field. (After Boggs, S., Jr., 20006, Principles of Sedimentology and
Stratigraphy, 4th edn., Prentice-Hall, Upper Saddle River, NJ, Fig. 4.43, p. 115, reproduced by
permission.)

paleocurrent direction(s) (Fig. 3.44). Paleocurrents generally have their greatest usefulness
when plotted on a regional scale to reveal regional paleocurrent patterns.
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Sandstones

4.1 Introduction

Sandstones make up nearly one-quarter of the sedimentary rocks in the geologic record.
They are common rocks in geologic systems of all ages, although their abundance and
composition vary from system to system. They are distributed throughout the continents of
Earth, and they form under a wide range of depositional conditions in a variety of deposi-
tional environments. Sandstones contain many kinds of sedimentary textures and structures
that have potential environmental significance, as discussed in the preceding two chapters.

Particle composition is also an important aspect of these rocks; it is a fundamental
physical property of sandstones and is the chief property used in their classification. Also,
particle composition has significant value in interpreting the provenance history of silici-
clastic deposits (Chapter 7). Particle composition may also influence the economic impor-
tance of sandstones as oil and gas reservoirs because particle composition has an important
effect on the course of diagenesis in sandstones (Chapter 8) and thus on the ultimate porosity
and permeability of these rocks.

Because of the relatively coarse grain size of sandstones, their particle composition can
generally be determined with reasonable accuracy by using a standard petrographic microscope.
Therefore, petrographic microscopy has remained for many years the primary tool for studying
the composition of sandstones. Newer tools for studying particle composition are available also.
X-ray diffraction techniques are used to determine the mineralogy of very fine-grained sedi-
ments. The electron microprobe can provide accurate chemical compositions of individual
mineral grains (e.g. Reed and Romanenko, 1995), and X-ray fluorescence and ICP (inductively
coupled argon plasma emission spectrometry; e.g. Ridley and Lichte, 1998) allow rapid and
relatively inexpensive chemical analysis of bulk samples. Cathodoluminescence petrography is
being used increasingly to study cements in sandstones and the provenance of quartz and other
minerals (e.g. Boggs and Krinsley, 2006). The scanning electron microscope (SEM) allows
study of mineral grains at high magnification. The ability to study minerals in the SEM by using
back-scattered electron image analysis (e.g. Krinsley et al, 1998) is a particularly useful
innovation. Chemical compositions of particular features (and thus mineral identification) can
also be determined with an X-ray attachment to the SEM (energy-dispersive X-ray spectro-
meter), commonly referred to as XRD analysis (e.g. Goldstein ez al., 2003).
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Sand- and coarse silt-size particles in sandstones constitute the framework fraction of
the sandstones. Sandstones may also contain various amounts of matrix (material
<~0.03 mm) and cement, which are present within interstitial pore space among the frame-
work grains. Authigenic minerals that replace some framework grains, matrix, or cement
are also present in many sandstones, as well as empty pore space (porosity). The compo-
sition of the framework fraction is the major emphasis of this chapter; however, discussion
of' matrix and cement is also included. Thus, in the present chapter, I describe the mineralogy
of the important detrital and authigenic constituents of sandstones and briefly consider their
chemical composition. The classification of sandstones and the petrographic characteristics
of the major groups of sandstones are also discussed.

4.2 Particle composition
4.2.1 Detrital constituents

General statement

Sandstones are composed of a very restricted suite of major detrital minerals and rock
fragments, plus a variety of minerals that may be present in accessory amounts (Table 4.1).
Detrital constituents are defined as those derived by mechanical-chemical disintegration of
a parent rock. Most detrital constituents in sandstones are terrigenous siliciclastic particles
that are generated through the process of weathering, explosive volcanism, and sediment
transport from parent rocks located outside the depositional basin. Some volcaniclastic
particles may, however, originate from volcanic centers located within basins. A few detrital
constituents in sandstones may be nonsiliciclastic particles, such as skeletal fragments or
carbonate clasts, formed within the depositional basin by mechanical disruption of reef
masses or other consolidated or semiconsolidated carbonate bodies. Sandstones may also
contain intrabasinal biogenic remains that accumulated at the depositional site, as organisms
died, along with detrital sediment.

Owing to the wide variety of igneous, metamorphic, and sedimentary rocks that may
constitute source materials for detrital sediment, sandstones could theoretically contain an
extensive suite of major minerals. The fact that they do not can be attributed to the processes
of chemical weathering and physical and chemical attack during transport, deposition, and
burial that tend to destroy or degrade chemically unstable and mechanically weak
sand-size grains. Thus, the framework grains of most sandstones are composed predo-
minantly (commonly >90 percent) of quartz, feldspars, and rock fragments. Clay minerals
may be abundant in some sandstones as matrix constituents; however, the detrital origin of
such clay minerals is often difficult to establish. Coarse micas, especially muscovite, make
up a few percent of the framework grains of many sandstones. Finally, heavy minerals may
constitute a small percentage of the detrital constituents of sandstones, particularly the
chemically stable heavy minerals such as zircon, tourmaline, and rutile.

Numerous references that describe the silicate minerals are available. One of the earlier
English-language descriptions of the physical and optical properties of the detrital minerals
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Table 4.1 Common minerals and rock fragments in siliciclastic sedimentary rocks

Major minerals (abundance >~ 1-2%)
Stable minerals (greatest resistance to chemical decomposition)
Quartz — makes up approximately 65% of average sandstone, 30% of average shale; 5% of
average carbonate rock
Less stable minerals
Feldspars — include K-feldspars (orthoclase, microcline, sanidine, anorthoclase) and plagioclase
feldspars (albite, oligoclase, andesine, labradorite, bytownite, anorthite); make up about 10-15%
of average sandstone, 5% of average shale, <1% of average carbonate rock
Clay minerals and fine micas — clay minerals include the kaolinite group, illite group, smectite
group (montmorillonite a principal variety), and chlorite group; fine micas are principally
muscovite (sericite) and biotite; make up approximately 25-35% of total siliciclastic minerals,
but may comprise > 60% of the minerals in shales

Accessory minerals (abundances <~ 1-2%)
Coarse micas — principally muscovite and biotite
Heavy minerals (specific gravity >~2.9)
Stable nonopaque minerals — zircon, tourmaline, rutile, anatase
Metastable nonopaque minerals — amphiboles, pyroxenes, chlorite, garnet, apatite, staurolite,
epidote, olivine, sphene, zoisite, clinozoisite, topaz, monazite, plus about 100 others of minor
importance volumetrically
Stable opaque minerals — hematite, limonite
Metastable opaque minerals — magnetite, ilmenite, leucoxene

Rock fragments (make up about 10-15% of the siliciclastic grains in average sandstone and most of

the gravel-size particles in conglomerates; shales contain few rock fragments)

Igneous rock fragments — may include clasts of any igneous rock, but fragments of
fine-crystalline volcanic rock and volcanic glass are most common in sandstones

Metamorphic rock fragments — include metaquartzite, schist, phyllite, slate, argillite, and less
commonly gneiss clasts

Sedimentary rock fragments — any type of sedimentary rock possible in conglomerates; clasts of fine
sandstone, siltstone, shale, and chert are most common in sandstones; limestone clasts are
comparatively rare in sandstones

Chemical cements (abundance variable)
Silicate minerals — predominantly quartz; others may include chalcedony, opal, feldspars, and zeolites
Carbonate minerals — principally calcite; less commonly aragonite, dolomite, siderite
Iron oxide minerals — hematite, limonite, goethite
Sulfate minerals — anhydrite, gypsum, barite

Note: Stability refers to chemical stability.

is that of Milner (1962). More recent references, most of which contain photomicrographs of
detrital minerals and other constituents of sandstones, include Adams et al. (1984), Johnsson
(1993), MacKenzie and Guilford (1980), and Scholle (1979). Pettijohn et al. (1987,
pp. 19-21) provide a bibliography of petrographic manuals and encyclopedias that includes
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many non-English titles. The works of Deer and others (1997) on rock-forming minerals
are excellent general references for the silicate minerals. Principal journals that focus
on sedimentary petrology include the Journal of Sedimentary Research (formerly
Journal of Sedimentary Petrology), published by SEPM (The Society for Sedimentary
Geology), Sedimentology, published by the International Association of Sedimentologists,
and Sedimentary Geology, published by Elsevier.

Silica minerals
General statement

The silica minerals are the most abundant minerals in most sandstones. Quartz is the
dominant silica mineral. Cristobalite and tridymite are high-temperature varieties of quartz
that are uncommon in most sandstones. Chalcedony (fibrous quartz) and opal (amorphous
and crystalline silica) may be present in chert grains, a common rock fragment in sandstones,
and opal may be present as a cement. The most important characteristics of the silica
minerals are summarized in Table 4.2.

Quartz

The principal crystalline varieties of SiO, are quartz, cristobalite, and tridymite. Cristobalite
and tridymite are metastable, high-temperature polymorphs of quartz that transform slowly
with time to quartz. As mentioned, detrital cristobalite and tridymite rarely occur (or are
rarely recognized) in detrital sediments. By contrast, quartz is an extremely stable mineral,
and it is a dominant mineral constituent in most sandstones. It commonly makes up about
two-thirds of the average sandstone (Blatt, 1982), although its actual modal abundance may
range from less than 5 percent (rare) to more than 95 percent. Its relative abundance in most
source rocks, coupled with its chemical resistance to weathering and mechanical resistance
to abrasion during transport, account for its abundance in sandstones.

Quartz is distinguished optically by its uniaxial positive sign, although quartz that has
undergone deformation may yield a biaxial figure with a small 2V (up to 8—10 degrees). It
has low birefringence with gray interference colors in sections cut perpendicular to the optic
axis. Sections cut parallel to the optic axis show white to straw yellow (in thicker sections)
interference colors. In this orientation, quartz may display a flash figure, which breaks up
and quickly leaves the field of view upon slight rotation of the microscope stage.

Many quartz grains display undulatory extinction, a pattern of sweeping extinction as the
stage is rotated. Undulatory extinction is caused by deformation of quartz after crystalliza-
tion, which results in displacement of the C crystallographic axis in the optic plane of the
grain. Extinction angles, measured by rotation of a microscope stage, may be as great as
30 degrees. Quartz having an extinction angle greater than about 5 degrees is called undu-
latory quartz; quartz with extinction angles of 5 degrees or less is nonundulatory quartz.
Intensely strained quartz grains may also be marked by the presence of trains of minute
bubbles forming thin lines across the grains. These bubble trains are called Béhm lamellae.

Many quartz grains contain inclusions, either bubbles or mineral inclusions. The bubbles,
also called vacuoles, are filled with liquid, liquid and gas, or gas alone. They are distributed
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Table 4.2 Characteristics of detrital silica (SiO,) minerals

Quartz
Most abundant detrital SiO, mineral; uniaxial (+), but can have biaxial (—) flash figure when cut
nearly parallel to c-axis; low birefringence in sections cut perpendicular to optic axis; white to straw
yellow interference colors in parallel sections. Occurs as single grains (monocrystalline quartz) and
composite grains (polycrystalline quartz).
Monocrystalline quartz — consists of single quartz crystals that may be characterized by:
Undulatory extinction — ranging to 30°. Quartz with more than 5° undulatory extinction is called
undulatory quartz; quartz with 5° or less undulatory extinction is nonundulatory quartz.
Inclusions
Liquid inclusions — liquid- or gas-filled bubbles
Vacuoles — nonoriented bubbles
Bohm lamellae — bubbles oriented along strain lines
Mineral inclusions (microlites) — tourmaline or rutile particularly common
Polycrystalline quartz — quartz grains composed of aggregates of two or more quartz crystals
(composite quartz); some rock fragments (chert, quartzite, quartz-rich sandstone) are also
considered to be polycrystalline quartz grains by some authors.

Cristobalite and tridymite
High-temperature varieties of SiO, best identified by X-ray methods; metastable and invert slowly
with time and temperature to quartz; rare as detrital minerals in most sandstones, but may be present
in volcaniclastic sandstones

Chalcedony and microcrystalline quartz
Chalcedony is composed of sheaflike bundles of radiating, thin fibers of quartz that
average ~ 0.1 mm but range from ~ 20 pm to 1 mm. Microcrystalline quartz consists of aggregates of
nearly equant crystals that are commonly <5 pm but range to ~ 20 pm. Both may appear brownish in
plain light owing to the presence of minute, liquid-filled bubbles. Chalcedony and microquartz are
the principal minerals that make up chert, which may also contain opal.

Opal
Opal-A is a hydrous, cryptocrystalline form of cristobalite with submicroscopic pores containing
water; isotropic under crossed polarizing prisms; may appear brownish in plain light. Opal-A is
metastable and inverts in time to opal-CT and eventually quartz. Rare as a detrital mineral in most
sandstones, but may occur as a cement, particularly in volcaniclastic sandstones.

randomly through the quartz, in contrast to the oriented bubble trains of B6hm lamellae, and
may be extremely abundant or very sparse. Tiny mineral inclusions are common in quartz,
and include apatite, rutile, tourmaline, zircon, magnetite, micas, chlorite, and feldspars.
Detrital quartz grains, particularly small grains, tend to be subangular; however, grains
that have undergone an episode of intensive eolian transport, or polycyclic grains that have
undergone several episodes of transport and deposition, may be well rounded, with all traces
of original crystal faces or original angularity removed. Such rounded quartz grains that
undergo secondary silica cementation during diagenesis may assume crystalline outlines
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Figure 4.1 Detrital quartz grains (Q) that developed crystal faces owing to formation of overgrowths
(arrow). Deadwood Formation (Cambrian—Ordovician). South Dakota. Crossed nicols.

owing to precipitation of silica overgrowths onto the rounded grains in the presence of open
pore space (Fig. 4.1). The original rounded grain outline is commonly revealed by the
presence of small specks of hematite, clay, or other material. Not all quartz overgrowths are
marked by such inclusions; therefore, it may be necessary to use cathodoluminescence
petrography to identify the overgrowths (e.g. Boggs and Krinsley, 2006, p. 88).

Although quartz occurs preferentially in sandstones as individual sand-size crystals
(monocrystalline quartz), detrital polycrystalline quartz is extremely common in some
sediments. Polycrystalline quartz, also called composite quartz, is quartz made up of
aggregates of two or more crystals (Fig. 4.2). The character of polycrystallinity can vary
enormously. The individual crystals within a polycrystalline grain may be equant or
elongate in shape, fine grained or coarse grained, all about the same size or variable in
size, and have crystal boundaries that are relatively straight or sutured to various degrees.
Young (1976) has shown that polycrystalline quartz can develop from monocrystalline
quartz during metamorphism. Under the influence of increasing pressure and temperature,
nonundulatory monocrystalline quartz changes progressively to undulatory quartz, poly-
gonized quartz (quartz that shows distinct zones of extinction with sharp boundaries), and
finally to polycrystalline quartz. The polycrystalline quartz initially consists of elongated
original crystals characterized by sutured boundaries. With increasing metamorphism,
grains recrystallize to form small, new crystals. Some of these new crystals may grow larger
at the expense of others until the smaller crystals are replaced by a few large crystals. These
large crystals are characterized by polyhedral outlines, lack of undulose extinction, smooth
crystal—crystal boundaries, and interfacial angles of 120 degrees at triple junctions.

Polycrystalline quartz grains can also form in plutonic igneous rocks. The exact nature of
the polycrystalline grains putatively depends upon the type of igneous or metamorphic rock
from which the grains were ultimately derived. In addition to polycrystalline quartz grains
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Figure 4.2 Large, well-rounded polycrystalline quartz grain (arrow) that displays sutured internal
boundaries between composite crystals, indicating a probable early stage in development of
metamorophic polycrystalline quartz. Unknown formation. Crossed nicols.

that originate as single grains in metamorphic or plutonic igneous rocks, clasts of quartzite,
chert, and quartz-rich sandstone are considered by some authors (e.g. Pettijohn et al., 1987,
p. 30) to be polycrystalline quartz grains.

Quartz may be derived from igneous rocks, especially acid plutonic rocks, various kinds
of metamorphic rocks, and sedimentary rocks. Owing to the increase in the volume of
sedimentary rocks through time (Chapter 1), the principal source for detrital quartz in more
recent geologic time has probably been sedimentary rocks.

Chalcedony

Chalcedony is a fibrous variety of quartz containing submicroscopic pores. Water may be
present in the pore spaces or in the form of hydroxyl (Nesse, 1986, p. 254). Some
chalcedony may contain cristobalite. Chalcedony typically displays a “feathery” texture
owing to alignment of quartz fibers in a parallel or spherulitic pattern (Fig. 4.3). The fibers
are a few micrometers thick, up to a millimeter long, and average about 0.1 mm (Folk, 1974,
p. 80). Chalcedony commonly contains very tiny bubbles or inclusions that cause it to
appear brownish in transmitted light (uncrossed nicols).

Opal
Opal is SiO, that contains a few percent water. It consists of mixtures of amorphous and
crystalline silica. The amorphous silica commonly consists of very small (0.1-0.5nm),
closely packed spherical masses. The crystalline material consists of extremely small crystals
of cristabolite or tridymite. Water is contained in submicroscopic pores. Amorphous opal
(opal-A) is metastable and transforms in time to opal-CT (disordered cristobalite/tridymite)
and eventually to quartz. Opal is isotropic under crossed polarizing prisms, making it
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Figure 4.3 Fibrous to feathery texture of chalcedony. Unknown formation. Crossed nicols.

relatively easy to identify in thin section. It is rare as a detrital mineral, and occurs mainly in
sandstones as an uncommon secondary cement.

Feldspars
General characteristics and occurrence

Feldspars are the most common framework mineral in sands and sandstones after quartz.
Data on the feldspar content of Holocene and Pleistocene sands of North America compiled
by Pettijohn et al. (1987, p. 35) indicate that feldspars make up about 22 percent of the
average river sand and 10 percent of the average beach and dune sand. The overall average
content of feldspars in these Holocene and Pleistocene sands is about 15 percent, but their
range of abundance extends from less than 1 percent to more than 75 percent. Feldspars
make up about 10—15 percent of the average ancient sandstone, but their reported abundance
in sandstones ranges from zero to as much as 60 percent. Sandstones containing more than
25 percent feldspar are considered feldspar-rich.

Feldspars are commonly divided into two main groups: alkali feldspars (potassium
feldspars) and plagioclase feldspars. Both groups are well represented in detrital sediments.
Potassium feldspars are generally regarded to be more abundant than plagioclase feldspars
in the average sandstone; however, sandstones derived from source areas rich in volcanic
rocks may contain more plagioclase than potassium feldspar. Sodic plagioclase tends to be
more abundant in sandstones than calcic plagioclase. Some important characteristics of
detrital feldspars are summarized in Table 4.3.

Alkali feldspars

Alkali feldspars form a group of minerals in which the chemical composition can range
through a complete solid solution series from K(AISiz;Og) through (K,Na)(AlSi;Og) to
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Table 4.3 Characteristics of detrital feldspars

Alkali (potassium—sodium) feldspars

Complete solid-solution series from K(AlISizOg) (orthoclase, sanidine, microcline) to Na(AlSizOg)
(anorthoclase); all biaxial (—) with low negative relief

Orthoclase — a common detrital feldspar characterized by birefringence lower than quartz and 2V
ranging from ~40° to 75°; extinction angle ~ 13°-21°; twinned (Carlsbad twins most common) or
untwinned; may appear cloudy owing to alteration products; distinguished from quartz most
casily by staining

Sanidine — a high-temperature feldspar, with similar appearance to orthoclase, derived mainly from
volcanic rocks; distinguished from orthoclase by smaller 2V (0°—47°); extinction angle ~ 5°-21°;
commonly has fewer alternation products than orthoclase

Microcline — a common detrital feldspar distinguished particularly by distinctive
cross-hatch twinning with twin lamellae approximately at right angles; 2V commonly larger
than 65° (range 50°-85°); extinction angle ~ 5°—15°; may be cloudy owing to the presence of
alteration products

Anorthoclase — comparatively rare in sandstones; extinction angle ~ 5°-20°; distinguished from
microcline by finer-scale cross-hatch twinning and smaller 2V (~43°-54°)

Perthite — alkali feldspars characterized by platy intergrowths of albite

Plagioclase feldspars

Complete solid-solution series ranging from NaAlSi;Og (albite) to CaAl,Si,Og (anorthite);
composition commonly expressed as percent anorthite (An) molecule. Large 2V, which ranges with
composition from about 50° to 105°; biaxial (+) or (—); extinction angles vary as a function of
composition and temperature of crystallization and may range from ~ 3° to 60°; indices of refraction
also vary with composition. Twinned or untwinned; if albite twinning present, easily distinguished
from alkali feldspars. If untwinned, distinguished by large 2V, extinction angles, or by staining.
Plagioclase from igneous rocks may display compositional zoning. Very common in sandstones
derived from volcanic and metamorphic rocks but may also be derived from plutonic igneous rocks.
[Check published references such as Nesse (1986) for details of extinction angles, 2Vs, and indices
of refraction.] Members of the series are

Albite (Ang—An;)

Oligoclase (An;p—Anzg)

Andesine (Anzp—Ansg)

Labradorite (Ansg—Anyg)

Bytownite (An;o—Angg)

Anorthite (Angg—Angg)

Note: Data on extinction angles and 2Vs mainly from Nesse, 1986.

Na(AlSi;0g). Because potassium-rich feldspars are such common members of this group,
geologists often refer to all of these feldspars as potassium feldspars, or K-feldspars. A more
accurate name is potassium—sodium feldspars. Orthoclase, sanidine, and microcline all have
the chemical formula KAISi;Og, but may contain various amounts of sodium. Anorthoclase
is a sodium-rich alkali feldspar that can have the end-member formula NaAlSi;Og; however,
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Figure 4.4 Microcline grain (center of photograph) with well-developed grid twinning. Fountain
Formation (Pennsylvanian), Colorado. Crossed nicols.

it may contain considerable potassium and thus grade to microcline or one of the other
potassium feldspars. Orthoclase and microcline appear to be by far the most abundant
potassium feldspars in sandstones.

Orthoclase has lower birefringence than quartz, but can appear very similar in thin
sections. Thus, it can be confused with quartz and misidentified unless its optic sign is
checked (biaxial negative with a large 2V), cleavage faces are apparent, or the orthoclase is
clouded with alteration products, particularly if the alteration products are arranged in faint
lines parallel to crystal directions. The most reliable technique for distinguishing between
orthoclase and quartz is to stain the orthoclase (e.g. Houghton, 1980). Determining the
chemical composition by use of the electron microprobe is likewise a reliable (but expen-
sive) way of identifying orthoclase. Sanidine is a high-temperature feldspar, which occurs
in lavas and some intrusive rocks, that closely resembles orthoclase. Orthoclase may be
distinguished from sanidine by careful optical examination (orthoclase has a higher 2V, may
have a slightly higher extinction angle, and may contain microperthitic textures).

Microcline is generally easy to recognize in thin section owing to the common presence
of its distinctive “grid” twinning, with the two sets of twin lamellae approximately at right
angles to each other (Fig. 4.4). The lamellae are commonly tapered. Some microcline is
untwinned (Nesse, 1986, p. 271). Untwinned microcline may be misidentified as orthoclase
or quartz. Anorthoclase can have grid twinning resembling microcline; however, the
twinning is on a much finer scale and anorthoclase has a smaller 2V and extinction angle.
Perthite is microcline or orthoclase characterized by patchy intergrowths of albite
(described below) in the form of small strings, lamellae, blebs, films, or irregular veinlets
(Fig. 4.5). It forms by exsolution of sodium-rich albite from the potassium feldspar.

The alkali feldspars are derived particularly from alkali and acid igneous rocks and are
especially abundant in syenites, granites, granodiorites, and their volcanic equivalents.
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Figure 4.5 Large K-feldspar grain with abundant perthitic lamellae. Unknown formation. Crossed
nicols.

They occur also in pegmatites and acid and intermediate-composition metamorphic rocks
such as gneisses.

Plagioclase feldspars

The plagioclase feldspars constitute a solid-solution series ranging in composition from
NaAlSi;Og (albite) through CaAl,Si,Og (anorthite). As mentioned, sodic plagioclases
appear to be more abundant in sandstones than calcic plagioclases. Many plagioclase grains
are characterized by distinctive albite twinning, with twin lamellae that are straight and
parallel (Fig. 4.6). When such twinning is present, plagioclase is easily distinguished from
other feldspars and quartz. Unfortunately for the purpose of identification, much plagioclase
is untwinned, especially plagioclase from metamorphic source rocks. Some plagioclase
displays either oscillatory or progressive zoning (Chapter 7). Untwinned and unzoned
plagioclase can be identified by staining (Houghton, 1980) or by electron microprobe
analysis. In the past, many sedimentary petrographers have not bothered to identify the
individual plagioclase feldspars within the series. The growing usefulness of feldspars in
provenance determination has, however, made identification of the individual plagioclases
important. Determination of the identity of loose grains of plagioclase can be done by
refractive-index methods. In thin section, the approximate composition of plagioclase can
be determined on the basis of extinction angles by the so-called Michel-Lévy method. See,
for example, Jones and Bloss (1980, p. 17-3). Very accurate determination of the compo-
sition of plagioclase feldspars is now done routinely with the electron probe microanalyzer.
The principal source for detrital plagioclase is probably basic and intermediate lavas, where
it occurs as phenocrysts. It may also be derived from basic intrusive rocks and is a very
common constituent of many metamorphic rocks, where its composition is related to the
metamorphic grade of the host rock.
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Figure 4.6 Large, twined plagioclase grain from Miocene deep-sea sandstone, Ocean Drilling
Program Leg 127, Site 796, Japan Sea, 326 m below seafloor. Crossed nicols.

Figure 4.7 Large mica (biotite) grain cut normal to basal section. Hematite replaces biotite along some
cleavage planes (black). Minturn Formation (Pennsylvanian), Colorado. Plane polarized light.

Coarse micas

The principal coarse micas that occur as detrital grains in sandstones are muscovite and
biotite. These minerals are complex hydrous, potassium, aluminum sheet silicates; biotite
contains in addition iron and magnesium. Chlorite, which occurs as detrital grains in some
cases, is a hydrous, magnesium, iron, aluminum sheet silicate that resembles the micas in
many respects. The micas are distinguished from other minerals by their platy or flaky habit.
Also, their layered appearance in sections cut normal to the basal plane somewhat resembles
the grain in “birds-eye” maple (Fig. 4.7). Muscovite is colorless in thin section. Biotite is
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normally yellow, brown, or green, but may be leached pale yellow or almost colorless.
Muscovite has very weak or no pleochroism; however, flakes of biotite cut normal to the
basal plane commonly are strongly pleochroic and have parallel extinction. Muscovite and
biotite have moderately high birefringence in second-order reds, blues, and greens. In
addition to its dark color and pleochroism, biotite is distinguished from muscovite by its
lower 2V (0-25 vs. 3047 degrees). Chlorite is generally green and pleochroic. It is
commonly distinguished by anomalous interference colors, particularly in blues, but also
in gray-blue, russet brown, or khaki yellow.

Micas and chlorite are derived primarily from metamorphic rocks, but biotite occurs also
in basic intrusive and volcanic rocks and in granites. Muscovite occurs also in granites and
pegmatites. Coarse micas rarely form more than about two percent of the framework grains
of sandstones and commonly much less. Muscovite is chemically more stable than biotite
and is much more abundant in sandstones on the average than biotite. Coarse detrital chlorite
is less abundant than biotite, possibly as a result of the greater tendency of chlorite to
degrade mechanically to finer-size grains. Detrital micas are rarely rounded, and they are
commonly deposited with their flattened dimension parallel to bedding. Owing to their
sheetlike shape and consequent low settling velocity, they tend to be hydraulic equivalents
of finer grains and thus are commonly deposited in very fine sands and silts rather than in
coarser sands (Doyle ef al., 1983).

Clay minerals

Clay minerals are common in sandstones as matrix constituents. They occur also within
argillaceous rock fragments. Because of their fine grain size, clay minerals cannot easily be
identified under the petrographic microscope. Accurate identification requires X-ray dif-
fraction methods or use of the scanning electron microscope or the electron probe micro-
analyzer. Therefore, clay minerals are rarely identified during routine petrographic study of
sandstones. In most cases, they are simply lumped together with fine-size (<0.03 mm)
quartz, feldspars, and micas as “matrix.” Furthermore, there is growing evidence that much
of the matrix of sandstones may be authigenic, derived during diagenesis by chemical
precipitation of clay minerals into pore space or alteration of framework grains to clays.
The clay minerals are not discussed further at this point in the book, but are considered in
detail in Chapter 6.

Heavy minerals

Most sandstones contain small quantities of sand-size accessory minerals. Most of these
minerals have specific gravities that exceed 2.85 and are thus called heavy minerals.
Because of their generally low abundance in sandstones and siliciclastic sediments, heavy
minerals are usually concentrated for study by disaggregating the sandstones and then
separating the heavy minerals from the light-mineral fraction by using heavy liquids
(e.g. Lindholm, 1987, pp. 214-217). After washing and drying, a grain mount of the
heavy minerals is prepared for microscopic study. The heavy grains are sprinkled on a
warmed glass slide covered with a thin layer of resin or epoxy and then covered with a cover
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Table 4.4 Detrital heavy minerals in sandstones

Nonopaque heavy minerals

Ultrastable Rutile, tourmaline, zircon, anatase (uncommon)

Stable Apatite, garnet (iron-poor), staurolite, monazite, biotite
Moderately stable Epidote, kyanite, garnet (iron-rich), sillimanite, sphene, zoisite
Unstable Hornblende, actinolite, augite, diopside, hypersthene, andalusite
Very unstable Olivine

Relative stability not well Ankerite, barite, brookite, cassiterite, chloritoid, chrondrite, clinozoisite,
established corundum, chromite, dumortierite, fluorite, glaucophane, lawsonite,
magnesite, monazite, phlogopite, pitotite, pleonaste, pumpellyite,
siderite, spinel, spodumene, topaz, vesuvianite, wolframite, xenotime,
zoisite (many of the minerals in this group are uncommon as detrital
grains in sandstones)
Opaque heavy minerals

Stable to moderately Magnetite, ilmenite, hematite, limonite, pyrite, leucoxene
stable

Note: Relative stabilities of the nonopaque minerals, excluding those for which relative stability is
not well established (after Pettijohn et al., 1987, p. 262). Stability refers to chemical stability.

slide. Identification of heavy minerals in grain mounts can be challenging for beginning
petrographers, and considerable experience is generally required before the grains can be
identified rapidly and accurately.

Heavy minerals are commonly divided into two groups on the basis of optical properties:
opaque and nonopaque (Table 4.4). Opaque heavy minerals include magnetite, ilmenite,
hematite and limonite, pyrite, and leucoxene. Opaque minerals are difficult to identify with
an ordinary petrographic microscope, and few petrographers attempt to do so. The non-
opaque heavy minerals encompass a very large group of more than 100 minerals, of which
olivine, clinopyroxenes, orthopyroxenes, amphiboles, garnet, epidote, clinozoisite, zoisite,
kyanite, sillimanite, andalusite, staurolite, apatite, monazite, rutile, sphene (titanite), tour-
maline, and zircon are particularly common.

The average heavy-mineral content of sandstone is commonly reported to be about
1 percent or less. The heavy-mineral content of some modern sands, e.g. beach sands,
can be considerably higher. The lower average content in ancient sandstones reflects
selective destruction of heavy minerals by chemical weathering, sediment transport, and
diagenetic processes. Thus, ancient sandstones tend to be enriched in the more stable
heavy minerals.

The most stable heavy minerals (ultrastable minerals) are zircon, tourmaline, and rutile.
Zircon and tourmaline are particularly resistant to both chemical decomposition and
mechanical abrasion and, like quartz, can survive multiple recycling. Thus, the presence
of abundant, rounded zircon and tourmaline in a sandstone that contains few if any other
heavy minerals is suggestive of sediment recycling or of an episode of intensive chemical
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leaching or mechanical abrasion. Hubert (1962) proposed a zircon—tourmaline-rutile
(ZTR) index as a measure of mineralogic maturity of heavy-mineral assemblages in sand-
stones. The ZTR index is the percentage of combined zircon, tourmaline, and rutile grains
among the transparent, nonmicaceous, detrital heavy minerals. Hubert’s data for selected
formations suggest the ZTR index is highest for quartzose sandstones and may be least for
feldspathic sandstones.

The amount of study and interest lavished on heavy minerals in the past, judged by
published papers, is greatly out of proportion to their generally low abundance in sand-
stones. The primary reason for this past interest is that they were once considered to have
great significance in correlation and provenance studies. Currently, they play only a minor
role in correlation. They are still thought to be useful indicators of sediment provenance
(Chapter 7). That belief is probably the principal reason for their continued study today (see
review by Morton, 1984). They are used also for characterization of petrologic provinces.
Finally, some heavy minerals have economic value.

Rock fragments
Kinds of rock fragments

Rock fragments are detrital particles made up of two or more mineral grains. Depending
upon source-rock composition, almost any kind of rock fragment can be present in a
sandstone; however, clasts of fine-crystalline or fine-grained parent rocks are generally
most abundant. The most common igneous rock fragments are volcanic rock fragments and
glass. Metamorphic clasts include schist, phyllite, slate, and quartzite. Common sedimen-
tary rock fragments are shale, fine sandstone and siltstone, and chert. Clasts of limestone and
coarse plutonic and metamorphic rock are less common. Figure 4.8 shows examples of some
common types of detrital rock fragments.

Identifying rocks fragments

Correct identification of individual kinds of rock fragments is important to sandstone
classification and especially to provenance determination (Chapter 7). Identification of
some types of rock fragments can be extremely difficult, particularly if the fragments
become physically deformed or chemically altered during burial diagenesis. Table 4.5
lists the principal types of rock fragments that occur in sandstones and provides some
specific criteria that can be used in their identification.

Occurrence of rock fragments

Rock fragments are common constituents of both modern sediments and ancient
sandstones and conglomerates. They make up about 10-20 percent of the framework
grains in average sandstones. Their range in abundances in ancient sandstones is very
broad, however, and extends from less than | percent in some quartzose sandstones to
well above 50 percent in some lithic sandstones. The abundance of rock fragments in
ancient sandstones is a function of several factors, which include the lithology of their
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Figure 4.8 Examples of several kinds of common detrital rock fragments. A. Volcanic clast with
plagioclase phenocrysts, Miocene deep-sea sandstone, ODP Leg 127, Site 796, Japan Sea, 387 m
below seafloor. B. Sandstone clast, Taiwan shelf sand. C. Metamorhic clast, Taiwan shelf sand.
D. Chert clast, Taiwan shelf sand. Crossed nicols.

source rocks, their chemical and mechanical durability, and their transport and diage-
netic history.

On the whole, we find fewer rock fragments in compositionally mature (quartz-rich)
sandstones than in immature sandstones. Chert and quartzite clasts are the most chemically
stable and mechanically durable clasts. Shale and schist fragments may be less durable
mechanically, and limestone fragments are probably the least stable chemically.

Skeletal remains

Skeletal particles, generally in low abundances, are common grains in many sandstones.
These skeletal remains may be broken fragments of larger fossils or the unbroken remains of
smaller fossils or microfossils. Because of the usefulness of fossils in paleoenvironmental
and paleoecological studies, it is often desirable to identify the types of fossils present.
Identifying fossils and fossil fragments in thin sections can be an exercise in futility for the
uninitiated. Fortunately, excellent picture-atlas volumes are available that greatly aid in
identification (see, for example, Scholle and Ulmer-Scholle, 2003)). Identification of fossils
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Table 4.5 Principal kinds of rock fragments in sandstones (identification based on
textures, fabrics, and mineralogy of fragments)

Igneous rock fragments — igneous textures
Volcanic rock fragments — aphanitic and porphyritic textures

Felsic grains — characterized by an anhedral, microcrystalline mosaic, either granular or seriate
(commonly porphyritic; grain size varies gradually or in a continuous series); composed mainly of
quartz and feldspar; derived principally from silicic volcanic rocks, either lavas or tuffs

Microlitic grains — contain subhedral to euhedral feldspar crystals in felted or pilotaxitic
(groundmass of holocrystalline rock in which lath-shaped crystals, commonly plagioclase, are
arranged in a glass-free mesostasis and generally interwoven in an irregular fashion), trachytic
(feldspar crystals in groundmass have a subparallel arrangement corresponding to flow lines),
or hyalopilitic (needlelike crystals of the groundmass are set in a glassy mesostasis) patterns of
microlites (microscopic crystals); derived from lavas of intermediate composition

Lathwork grains — characterized by plagioclase laths forming intergranular and insertal
(triangular patches of interstitial glass between feldspar laths) textures; derived mainly from
basaltic lavas

Vitric to vitrophyric grains and glass shards — composed of glass or altered glass; alteration
products may be phyllosilicates, zeolites, feldspars, silica minerals, or combinations of these in
microcrystalline aggregates

Hypabyssal and plutonic igneous rock fragments — hypabyssal types are fine crystalline,

subhedral, commonly low in quartz and rich in feldspars; plutonic fragments are fine- to

coarse-crystalline, anhedral granular: commonly composed of quartz and feldspar; derived

mainly from acid igneous rocks; not common in sandstones owing to coarse crystal size

Sedimentary rock fragments — fragmental or microgranular textures

Epiclastic sandstone-siltstone grains — fragmental textures composed dominantly of
silt- to fine-sand-size quartz and feldspar; may display cement or interstitial clay (matrix)

Volcaniclastic grains — fragmental textures; zoned plagioclase, embayed quartz, glass shards; may
be difficult to differentiate from some epiclastic sandstone grains or some volcanic rock
fragments

Shale clasts — fragmental textures; dominantly clay- and silt-size particles

Chert — mainly microgranular texture; composed entirely of quartz, chalcedony, opal; may be
confused with silicified volcanic fragments

Carbonate grains — microgranular texture; composed of calcite or dolomite; may contain
microfossils or fossil fragments

Metamorphic rock fragments — foliated or nonfoliated fabrics
Grains with tectonite fabric — grains showing schistose, semischistose, or slaty fabric resulting
from preferred orientation of recrystallized mineral grains
Metasedimentary grains — characterized by presence of quartz and mica; include schist,
phyllite, slate; slate possibly distinguished from shale by mass-extinction effect
Metaigneous grains — mainly metavolcanic; contain abundant feldspars or mineral assemblages
that include chlorite and amphiboles
Grains with nonfoliated fabric — mainly microgranular textures; may include hornfelsic grains
(containing metamorphic minerals), metaquartzite clasts (composed mainly of quartz with
strongly sutured contacts), and marble fragments (coarse-crystalline carbonate)
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Table 4.5 (cont.)

Indeterminate microgranular grains — very fine-grained fragments in which individual mineral
grains are difficult to distinguish and textures are indeterminate; could be igneous, metamorphic,
or sedimentary

Indeterminate microphanerite grains — individual minerals large enough to identify, but identity
of clasts (gneiss, granite, etc.) difficult to establish; not common in sandstones

Source: Based on Dickinson, 1970.

is particularly important in carbonate rocks (Chapter 9), in which fossils and fossil fragments
are commonly abundant.

Organic matter

Organic matter can occur in sandstones as clay- to silt-size particles or as fragments ranging
to several centimeters in size. These organic substances are derived through the breakdown
of plant and animal tissue; thus, they can be considered a kind of detrital particle. Some
organic material, particularly woody and leafy material and mineral charcoal, originates on
land and is subsequently transported into depositional basins. Other particulate organic
material originates within depositional basins by disintegration of marine or freshwater
organisms.

In plain light in thin sections, organic material appears as black (opaque), brownish
translucent, or brownish transparent particles. Darkness of the color is related to increasing
organic carbon content (Pettijohn ef al., 1987, p. 52). Larger, elongated carbonaceous or
woody fragments are commonly oriented parallel or subparallel to bedding, and the frag-
ments may show evidence of compaction and flattening owing to diagenesis. In sandstones
that contain abundant silt- to sand-size carbonaceous detritus, the carbonaceous material
may be concentrated in layers. These organic-rich layers show up as thin, dark laminae that
superficially resemble heavy-mineral laminae.

Sandstones commonly contain less than about 0.1 percent organic matter (Chapter 13).
Sandstones deposited in oxygenated environments are particularly depleted in organic
matter, which is destroyed by oxidation. Rare sandstones, such as some graywackes, that
were deposited under more strongly reducing conditions may contain a few percent organic
matter. Mudrocks (shales) commonly contain much higher amounts of organic matter than
do sandstones. These higher concentrations probably result both because fine organic matter
tends to be deposited preferentially with clay- and silt-size sediment and because the lower
permeability of muds, compared to sands, inhibits entry of oxygen-bearing fluids into these
sediments. Organic-rich sedimentary rocks that contain extremely high concentrations
(>10-20 percent) of organic matter are discussed in detail in Chapter 13.

Organic matter deposited in sediments undergoes complex chemical change during dia-
genesis. Some of the organic matter in shales, for example, is believed to be converted into
liquid petroleum and natural gas at higher burial temperatures as a result of these processes
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(Chapter 13). This petroleum may subsequently be introduced into sandstones by migration
from the shale source rocks.

4.2.2 Authigenic minerals

General statement

Authigenic minerals are minerals that form in place within sediments either shortly after
deposition, while sediment is still in an unconsolidated state, or during burial and diagenesis.
They may include minerals from most of the major mineral groups: quartz and the other
silica minerals, feldspars, carbonates, iron silicates (glauconite and chamosite), clay miner-
als, iron and manganese oxides, sulfides, and sulfates. They can occur as cements, crystal-
lize in pore space as new minerals that do not act as cements, or form by replacement of
original detrital minerals or rock fragments.

Authigenic minerals in sandstones can be distinguished from detrital minerals by several
criteria: (1) they tend to be smaller than the associated framework grains, although some
may grow to sand size, (2) they may display either well-developed, euhedral crystal faces or,
alternatively, show highly irregular, intricate grain outlines that could not have survived
transport, (3) they may display definitive replacement textures such as transected grain
boundaries or caries texture (bitelike embayments; Chapter 8), or (4) they may exhibit
cementation textures such as syntaxial rims or drusy (void-filling) texture (Chapter 8).
Electron microprobe analysis, to determine chemical composition, and other instrumental
techniques such as cathodoluminescence are being used also to identify some authigenic
minerals.

Unless authigenic minerals form quite early, while sediment is still very close to the
depositional interface, they provide little or no useful information about depositional
conditions. They do, however, reflect the conditions of the diagenetic environment and in
this way provide an understanding of the course of diagenesis. Because many authigenic
minerals act as cements, they aid the process of lithification during burial. In so doing, they
have a strong effect on the porosity and permeability of sediments and thereby influence the
movement of fluids through the rocks and subsequent diagenetic processes. For example,
sandstones that undergo early cementation may resist intrastratal solution, so that unstable
minerals are preserved. Because authigenic minerals are diagenetic in origin, the formation
of these minerals is discussed in greater detail in Chapter 8.

4.2.3 Framework grains versus matrix and cement

Preceding discussion in this chapter suggests that sandstones are composed principally of
three fundamental kinds of constituents: framework grains, matrix, and cement. In
addition, replacement minerals and open pore space may be present. Framework grains
are coarse silt- and sand-size (0.03—2.0 mm) detrital particles that include quartz, feldspars,
coarse micas, and heavy minerals. Matrix is finer-grained material that fills interstitial
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spaces among framework grains. The upper size limit of material in sandstones consid-
ered to be matrix is arbitrary and debatable; however, a maximum size of 0.03 mm
appears to be favored by many workers. The most common matrix minerals in sandstones
are fine silica minerals, feldspars, micas, clay minerals, and chlorite. Matrix may make up
trace amounts to a few tens of percent of the total rock volume. Siliciclastic rocks that
contain more matrix-size material than framework grains are generally considered to be
shales or mudrocks.

Cements are authigenic minerals that fill interstitial areas that were originally open pore
spaces. Cement crystals may be any size up to or larger than the sizes of the individual
pores they fill. A single crystal of calcite, for example, can fill several adjacent pores.
Cements visible under a petrographic microscope rarely make up more than about
30 percent of the total volume of sandstones and commonly are much less abundant.
Several minerals may act as cements in sandstones; however, clay minerals, carbonate
minerals, and quartz are particularly common cements; see, for example, Morad (1998a)
and Worden and Morad (2003).

Because some cements can be composed of very fine-size crystals, an investigator may
find it extremely difficult, by standard petrographic examination, to differentiate between
matrix and fine-grained cements such as clay-mineral cements. In fact, the difference
between such fine-grained cements and matrix tends to become a matter of semantics if
the matrix is authigenic. Earlier workers assumed that most matrix in sandstones was
detrital; that is, it was sedimented along with framework grains at the time of deposition.
That point of view has undergone considerable revision. It now appears that most transport
and depositional processes separate clay-size grains from coarser detritus, so that most sand
when initially deposited contains very little if any matrix.

Current views suggest that much, if not most, matrix in sandstones originates (1) by
postdepositional infiltration of clay into interstitial spaces, particularly in fluvial deposits or
(2) as an authigenic filling owing to diagenetic alteration of unstable rock fragments,
feldspars, and ferromagnesian minerals. With respect to infiltration, Matlack et al. (1989)
conclude on the basis of experimental work that vadose infiltration of muddy water
through sand is an effective mechanism for emplacing clay into sand. They suggest that
this infiltration occurs most effectively in environments characterized by high suspended-
sediment concentration, fluctuating water levels, and minimum sediment reworking by
waves or currents.

Alteration of framework grains during diagenesis may also produce significant amounts
of clay matrix and cement. Alteration takes place mainly by dissolution and replacement of
framework grains, and the alteration products are reconstituted as clay minerals, chlorite,
micas, and fine quartz and feldspar. In particular, the matrix in so-called graywackes is now
believed to be largely authigenic.

Recognition of authigenic clay cements and matrix may be extremely difficult by
routine petrographic examination. Coarser-grained clays deposited in the form of radiat-
ing crystals that line interstitial voids (drusy texture; Fig. 4.9) may be identifiable as
cements under the petrographic microscope. On the other hand, much authigenic clay is
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Figure 4.9 Photomicrograph of coarse clay-mineral cement with drusy texture (arrows) filling pore
space among framework grains. Cuchara Formation (Eocene), Colorado. Ordinary light. (From
Walker, T.R., et al., 1978, Diagenesis in first-cycle desert alluvium of Cenozoic age, southwestern
United States and northwestern Mexico: Geol. Soc. Am. Bull., 89, Fig. 8A, p. 27. Photograph courtesy
of T.R. Walker.)

so fine sized that it shows up during petrographic examination as an indistinguishable
part of the interstitial matrix. At higher magnification under the scanning electron micro-
scope, authigenic clays may be distinguishable from detrital clays. Walker et al. (1978)
show, for example, that authigenic clays in fluvial sandstones have a characteristic
boxwork texture (Fig. 4.10), whereas mechanically infiltered clays consist of clay
platelets oriented parallel to grain surfaces (Fig. 4.11). Moraes and De Ros (1990) report
significant amounts of mechanically infiltrated clays in Jurassic sandstones of northeastern
Brazil. According to these authors, mechanically infiltrated clays can be identified in
ancient rocks on the basis of several criteria: (1) ridges and bridges between grains, (2)
geopetal fabric, (3) loose aggregates, (4) isopachous clay coatings (coatings that do not
completely surround grains) or tangentially accreted lamellae, (5) massive aggregates,
and (6) shrinkage patterns developed during diagenesis. The matrix of sandstones that
have undergone extreme diagenesis or incipient metamorphism may not, however,
preserve these distinctions between authigenic clays and infiltered clays.
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Figure 4.10 Electron micrograph showing typical boxwork structure of authigenic clay minerals. Gila
Group (Pliocene—Pleistocene), Tuscon, Arizona. (From Walker T.R. et al., 1978, Diagenesis in
first-cycle desert alluvium of Cenozoic age, southwestern United States and northwestern Mexico:
Geol. Soc. Am. Bull., 89, Fig. 8C, p. 27. Photograph courtesy of T. R. Walker.)

Philosophically and pragmatically, it is difficult to distinguish between fine-grain silicic
cements and authigenic matrix. Is there a difference? Dickinson (1970) attacked this
problem by grouping the interstitial constituents of sandstones into six categories:

1. Cement — easily recognizable authigenic calcite, chalcedony, zeolites, or other minerals not

common in the framework.

2. Phyllesilicate cement — clay-mineral or mica cements displaying growth patterns in open pores.
Dickinson suggests five textural characteristics of clay cements that may allow their distinction
from inhomogeneous matrix:

a.
b.
c.

clear transparency of clay cements, indicating absence of minute detritus or murky impurities
dominance of a single mineral type

radial arrangement of crystal platelets, projecting inward from surrounding framework grains
(drusy texture)

. medial sutures within the interstitial clays, indicating lines of junction of radially arranged crystals
. concentric color zonation, indicating successive compositional changes in minerals grown in

voids from interstitial fluids as coatings built on framework grains.

3. Protomatrix — unrecrystallized, detrital clay in weakly consolidated rocks.
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Figure 4.11 A. Electron micrograph of infiltered clay particles showing clay platelets oriented parallel
to grain surfaces. B. Enlargement of area outlined in A. Gila Group (Pliocene—Pleistocene), Red Rock,
New Mexico. (From Walker T.R. ez al., 1978, Diagenesis in first-cycle desert alluvium of Cenozoic
age, southwestern United States and northwestern Mexico: Geol. Soc. Am. Bull., 89, Fig. 1E and 1F,
p. 20. Photograph courtesy of T. R. Walker.)
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4. Orthomatrix — recrystallized detrital clay or protomatrix, recognized by relict detrital textures and
inhomogeneity, in contrast to the homogeneity of clay cements.
5. Epimatrix — authigenic interstitial materials grown in originally open interstices but lacking the
homogeneity of clay cements.
6. Pseudomatrix — discontinuous matrix-like material formed by squeezing and flowing of weak
detrital grains, such as shale or phyllite fragments, into adjacent pore spaces. Dickinson suggests
that pseudomatrix can be recognized by
a. flame-like wisps of mashed rock fragments that extend into pore spaces between rigid frame-
work grains

b. deformation of internal fabric of lithic fragments to form concentric drape lines that conform to
the margins of confining, rigid grains

c. irregular distribution of matrix, forming large matrix-filled patches in the framework (which are
separated by areas nearly free of matrix); true matrix should more or less fill all pore spaces.

Dickinson’s classification of interstitial components is valuable in the sense that it helps
us to understand the various possible origins of interstitial materials. The classification is,
however, extremely difficult to apply in practice. It is highly doubtful, for example, if even
an experienced petrographer using a petrographic microscope can routinely distinguish
protomatrix, orthomatrix, and epimatrix, or unambiguously distinguish these matrix types
from clay cement. On the other hand, recognition of pseudomatrix can often be made by
careful examination. Therefore, this term is a very useful one and has gained general
acceptance by geologists.

4.3 Chemical composition
4.3.1 Significance

Geologists are interested in the chemical composition of sandstones, but they generally regard
chemical composition to be less useful than mineralogy as a means of characterizing sandstones
and evaluating their provenance and depositional environments. Nonetheless, sandstone geo-
chemistry has a number of important applications. For example, major-element chemistry can
provide information about the tectonic setting of sandstone accumulation (Chapter 7), allowing
distinction among sandstones derived from oceanic island arc, continental island arc, active
continental margin, and passive margin settings (Bhatia, 1983; Roser and Korsch, 1986). Major-
and trace-element chemistry have been used to evaluate sedimentation rates and depositional
environments in orogenic belts (Sugisaki, 1984). Major-element chemistry has been utilized also
to infer the original clastic assemblages in deeply buried and altered sedimentary rocks and to
help clarify the processes that produced the sediments (Argast and Donnelly, 1987). Trace
elements also have value in some kinds of provenance studies (see discussion in Chapter 7).

4.3.2 Expressing chemical composition

It is customary in reporting the results of chemical analyses to express major elements as
oxides and report abundances in weight percent of the total oxides. Table 4.6 is an example
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Table 4.6 Average chemical composition of sandstones reported by Argast and
Donnelly (1987)

Source (n)

1 2 3 4 5 6 7 8 9
(1 @23 (30) (16)  (18) (12)  (119)  (12)  (59)

Si0; (wt.%) 86.5 67.8 65.6 56.9 56.2 68.4 70.6 37.3 50.3

TiO, 0.53 0.95 0.91 1.42 0.89 0.69 0.64 0.34 0.64
ALO; 5.71 15.4 15.1 12.3 15.3 13.5 12.6 7.91 14.0
Fe, 05 (1) 2.69 6.46 6.09 6.18 6.48 5.30 4.97 3.18 6.40
MnO 0.02 0.07 0.15 0.11 0.07 0.09 0.08 0.10 0.13
MgO 0.69 1.73 1.82 4.20 2.35 1.68 1.51 1.07 3.25
CaO 0.05 0.42 1.94 5.82 5.74 2.38 1.61 26.0 9.90
Na,O 0.02 1.07 0.87 1.92 1.28 3.15 2.76 0.92 -
K,O 1.55 2.74 3.03 1.90 2.80 2.62 2.20 0.51 2.09
P,0s 0.02 0.16 0.17 0.17 0.17 0.18 0.02 0.10 0.21
V (ppm) 51 123 159 100 126 71 79 103 -
Cr 55 82 88 225 71 55 44 31 -
Ni 19 231 58 130 49 30 8 5 49
Zn 29 52 104 84 114 69 - 66 91
Rb 60 123 133 72 125 93 - 10 79
Sr 29 134 113 233 168 310 110 879 267
Y 17 31 40 21 35 36 37 15 29
Zr 417 238 260 191 187 333 413 58 118

Note: Iron is reported as total Fe,Os; n is the number of samples in each average. No reported value
is shown with a dash.

Source:

1 Shawangunk Formation, near Ellenville, New York (quartz arenite)

2 Millport Member of the Rhinestreet Formation, Elmira, New York (lithic arenite/wacke)

3 Oneota Formation, Unadilla, New York (lithic arenite/wacke)

4 Cloridorme Formation, St. Yvon and Gros Morne, Quebec (lithic arenite/wacke)

5 Austin Glen Member of Normanskill Formation, Poughkeepsie, New York (lithic arenite/wacke)
6 Renesselaer Member of the Nassau Formation, near Grafton, New York (feldspathic arenite/wacke)
7 Renesselaer Member, averages of analyses from Ondrick and Griffiths (1969) (feldspathic arenite/
wacke)

8 Rio Culebrinas Formation, La Tosca, Puerto Rico (fossiliferous volcaniclastics)

9 Turbidites from DSDP site 379A (lithic arenites/wacke).

of the general form used in reporting chemical analyses. Note from this table that trace
elements are not reported as oxides; instead, their abundances are given in actual concen-
tration units, in this case parts per million (ppm). The concentrations of elements present in
even lower abundances are given in parts per billion (ppb). As suggested by Table 4.6, the
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major chemical elements in sandstones are silicon, aluminum, iron (expressed either as Fe,O;
or FeO), magnesium, calcium, sodium, potassium, titanium, manganese, and phosphorus.
Silicon is the most abundant element in sandstones, commonly followed by aluminum and
iron. The relative abundance of calcium, magnesium, sodium, and potassium vary consid-
erably in different sandstones, but these elements are commonly much more abundant than
manganese, titanium, and phosphorus.

4.3.3 Relation of chemical composition to mineralogy

The silicon content of sandstones is a function of all the silicate minerals present, but
obviously is most strongly influenced by the presence of quartz. Therefore, SiO, values are
particularly high in quartz-rich sandstones. Aluminum is contained mainly in feldspars,
micas, and clay minerals. Because of the abundance of aluminum in fine micas and clay
minerals, sandstones containing abundant clay matrix commonly have much higher alumi-
num contents than those with little or no matrix. Iron is a common constituent of many
minerals, and may be present both in the ferrous (Fe*") and ferric (Fe®") states. Ferrous iron
is particularly important in chlorites (and to a lesser extent in some other clay minerals such
as smectites), biotites, carbonates (siderite, ankerite), and sulfides (pyrite and marcasite).
Ferrous iron may occur also in some volcanic rock fragments and in minor quantities in
some silicate minerals such as feldspars. Ferric iron is most abundant in the
iron-oxide minerals hematite, goethite, and lepidochrocite and in glauconites. Iron is an
important constituent also of many heavy minerals such as magnetite; however, the content
of such minerals is so low in most sandstones that they do not greatly affect the bulk
chemical composition of the sandstones.

Sodium and potassium are contained especially in alkali feldspars and muscovite. They
are present also in illite and smectite clay minerals and most zeolite minerals. Calcium is
contributed to sandstones in calcitic plagioclases, calcite cements, and, to a minor extent,
smectite clay minerals. Calcite cements probably account for most of the calcium in sand-
stones that are particularly enriched in calcium. Magnesium is contained particularly in
chlorite, smectite clay minerals, and dolomite cements. Because dolomite cements in sand-
stones are much less common on the average than calcite cements, calcium is generally more
abundant than magnesium in sandstones. As Table 4.6 indicates, however, magnesium may
exceed calcium in an occasional sandstone. Titanium and manganese each commonly
make up less than one percent of the chemical constituents in sandstones. Titanium is
contained in some clay minerals and in the heavy minerals ilmenite, rutile, brookite, and
anatase. Manganese probably occurs mainly as a substitute for iron in the iron oxide
minerals, but minor amounts of manganese oxides occur also. Phosphorus is a common
element in sandstones but seldom exceeds a few tenths of one percent in abundance. Its
principal source is detrital and authigenic apatite. Numerous other elements may be present
in sandstones in trace amounts including, as shown in Table 4.6, V, Cr, Ni, Zn, Rb, Sr, Y, and
Zr. The trace-element composition of sandstones is mainly a function of detrital mineral
composition. Therefore, some trace elements contained in specific detrital minerals are



4.4 Relationship of particle and chemical composition to grain size 137

useful in provenance studies, as discussed above. On the other hand, trace elements can be
added to sandstones at the depositional site and during diagenesis. Thus, considerable
caution is necessary in interpreting provenance on the basis of trace-element abundances
in bulk samples.

The preceding discussion clearly suggests that chemical composition of sandstones is
strongly correlated with mineral composition, particularly detrital mineral composition. We
should expect, therefore, that mineralogically different kinds of sandstones will show
considerable variation in chemical composition.

4.4 Relationship of particle and chemical composition to grain size

Sandstones are composed of mixtures of mineral grains and rock fragments, but mineral
grains dominate in most sandstones. Mudrocks commonly contain few rock fragments.
Particle composition in sediments may vary considerably as a function of particle size. A
relationship between particle size and composition of sandstones has long been recognized
(e.g. P. Allen, 1945; Hunter, 1967). In a study of Illinois River sands, for example, Hunter
(1967) reported that the percentage of feldspar and heavy minerals increases with decreasing
grain size, whereas the amount of quartz, rock fragments, chert, and quartzite decreases.
Odom et al. (1976) also reported a strong relationship between feldspar content and grain
size in quartz-rich sandstones. They found that feldspars are concentrated especially in the
<0.125 mm size fraction and that a nearly linear inverse relationship exists between feldspar
abundance and grain size in some sandstones.

With respect to heavy minerals, Rittenhouse pointed out in 1943 that heavy minerals in
stream sediments are sorted by density and size. That is, fine-size heavy minerals tend to
occur with much coarser, lower-density quartz grains — the concept of hydraulic equivalent
size (the size of a larger or smaller grain that settles with a given mineral grain under the
same conditions). In general, the higher the specific gravity of the heavy minerals, the
smaller the heavy minerals will be with respect to the size of the quartz grains with which
they occur. Rittenhouse proposed use of the hydraulic ratio to express the quantity of any
given mineral in a sediment. The hydraulic ratio is equal to the weight of a heavy mineral in a
given size class divided by the weight of light minerals in the hydraulic equivalent class,
multiplied by 100.

These examples all point out a basic sedimentologic tenet as applied to the petrologic
study of siliciclastic sediments: comparison of composition between samples of different
sediments can be made only if sediments of approximately the same grain size are com-
pared. Ingersoll ef al. (1984) suggest that the problems inherent in grain size—composition
relationships can be minimized in point counts of sandstones by assigning the sand-sized
crystals and grains within larger rock fragments to the category of the crystals or grains,
rather than to the category of rock fragments. This technique is the so-called Gazzi—
Dickinson point-counting method. On the other hand, some geologists (e.g. Suttner and
Basu, 1985) believe that use of the Gazzi—Dickinson method obscures provenance informa-
tion (see discussion in Chapter 7, Section 7.6.2). Furthermore, it may not adequately address
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the composition changes when few rock fragments are present and the sizes of particles are
very different.

Because the chemical composition of siliciclastic sedimentary rocks is closely related to
the mineral composition of these rocks, as discussed, chemical composition varies as a
function of grain size along with variations in mineralogy. Pettijohn (1975, p. 270) points
out, for example, that SiO, abundance decreases progressively from fine sands to fine clays,
whereas the Al,O5 content systematically increases.

4.5 Classification of sandstones
4.5.1 Introduction

In the broadest sense, sandstones can be separated into two groups: epiclastic and volcani-
clastic. Epiclastic deposits are formed from fragments of pre-existing rocks derived by
weathering and erosion. Thus, they are composed mainly of silicate minerals and various
kinds of igneous, metamorphic, and sedimentary rock fragments. Volcaniclastic deposits are
those especially rich in volcanic debris, including glass. Many volcaniclastic deposits
consist principally of pyroclastic materials such as ash or lapilli, derived directly through
explosive volcanism. On the other hand, some material in volcaniclastic deposits may be
epiclastic debris derived by weathering of older volcanic rock. Epiclastic and volcaniclastic
deposits can be further classified on the basis of their composition. Unfortunately, there is
little agreement among geologists about sandstone classification, particularly classification
of epiclastic sandstones.

4.5.2 Classification of epiclastic sandstone

Parameters for classification

The framework grains in most sandstones are dominated by quartz, feldspars, and rock
fragments, as indicated in the preceding discussion. Many other minerals may be present in a
given sandstone, but the abundances of these other minerals are so low in most sandstones
that they can be ignored for the purpose of sandstone classification. Some sandstones
contain matrix in addition to sand-size framework grains. As mentioned, matrix is defined
as material less than about 0.03 mm (30 microns) in size. Thus, it is not a framework
constituent. Rather, it occupies the interstitial spaces among sand-size grains. The matrix
content of sandstones may range from zero to several tens of percent.

Owing to the simple framework composition of sandstones (mainly quartz, feldspars,
rock fragments), classification of sandstones ought to be a fairly straightforward process.
Practice has proven differently! Sedimentologists have had a difficult time indeed
developing a single sandstone classification scheme that is acceptable to most workers
in the field. According to Friedman and Sanders (1978, p. 190), more than 50 classi-
fications for sandstones have been published since the late 1940s in ten countries and
seven languages.
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Figure 4.12 Classification of sandstones on the basis of three mineral components: Q = quartz, chert,
quartzite fragments; F = feldspars; L = unstable lithic grains (rock fragments). Points within the
triangle represent relative proportions of Q, F, L end members. Percentage of argillaceous matrix is
represented by a vector extending toward the rear of the diagram. The term arenite is restricted to
sandstones essentially free of matrix (<5%); sandstones containing martix are wackes. (After
Williams, H., F.J. Turner, and C. M. Gilbert, 1982, Petrography, an Introduction to the Study of
Rocks in Thin Sections, 2nd edn.: W. H. Freeman, San Francisco, Fig. 31.1, p. 327. Modified from
Dott, R.H., Jr., 1964, Wacke, graywacke, and matrix — what approach to immature sandstone
classification? J. Sediment. Petrology, 34, Fig. 3, p. 629, reprinted by permission of SEPM, Tulsa, OK.)

Examples of classifications

I shall not attempt herein to trace the history of sandstone classification; however, two
fundamental types of classifications have emerged: those based upon both the composition
of framework grains and the abundance of matrix, and those based entirely upon the
composition of framework grains. Gilbert’s classification (in Williams et al., 1982,
p. 327), shown in Fig. 4.12, is an example of the first type of classification. A principal
feature of this classification is its simplicity. Sandstones are divided into two broad groups:
arenites, containing little or no matrix (<5 percent), and wackes, containing perceptible
matrix. Combining the matrix parameter with composition (QFL, see Fig. 4.12 for explan-
ation) yields six kinds of sandstones: quartz arenites and wackes, feldspathic arenites and
wackes, and lithic aenites and wackes.

The two classifications shown in Fig. 4.13 are examples of the second type of classi-
fication. These classifications divide sandstones into seven or eight compositional types;
however, the classifications do not use matrix as a classification parameter. Note that
Fig. 4.13B allows even finer subdivision of sandstones by erecting “daughter” composi-
tional triangles on the main composition diagram.
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Figure 4.13 Classification of sandstones according to (A) McBride (1963) and (B) Folk et al. (1970). In
Folk’s classification , chert is included with rock fragments at the R pole, and granite and gneiss fragments
are included with feldspars at the F pole. SS = sandstone, SH = shale, CRF = carbonate rock fragments,
SRF = sedimentary rock fragments, IRF = igneous rock fragments, MRF = metamorphic rock fragments.
(A, from McBride, E. F., 1963, A classification of common sandstones: J. Sediment. Petrology, 34, Fig. 1,
p. 667, reprinted by permission of SEPM. B, from Folk, R. L., P.B. Andrews, and D. W. Lewis, 1970,
Detrital sedimentary rock classification and nomenclature for use in New Zealand: New Zealand J. Geol.
Geophys., 13, Fig. 8, p. 955, and Fig. 9, p. 959, British Crown copyright, reprinted by permission.)
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Two common sandstone names that do not appear in many formal classifications require
some additional explanation. The term arkose is used in some sandstone classifications and
is in general use by many geologists. The exact meaning of this term is elusive because the
term has been defined in different ways. It has been applied to any sandstone containing
conspicuous amounts of feldspars, as seen in hand specimens, to sandstones containing
more than 20 percent, more than 25 percent, or more than 30 percent feldspars, and to
sandstones derived from granitic source rocks. Probably the most widely accepted defini-
tion for an arkose is a feldspathic sandstone containing more than 25 percent feldspars.
Presumably, an arkose also has a lower rock-fragment content than feldspar content.

The term graywacke is a much-maligned term that is still used by many geologists. Some
workers have suggested that the name be abandoned, but it manages to survive. In general,
the name graywacke is applied to dark-gray, greenish-gray, or black, matrix-rich, well-
indurated sandstones. According to Crook (1970), the origin of the term goes back to Werner
in 1787. The name was originally given to rocks on the basis of their field characteristics, but
the term has subsequently been defined in various other ways. Hence, the suggestion that it
be abandoned.

4.6 Petrography and chemistry of epiclastic sandstones
4.6.1 Major petrographic divisions

The preceding discussion indicates that epiclastic sandstones can be divided by particle
composition into three major groups: quartz-rich sandstones (quartz arenites and wackes),
feldspar-rich sandstones (feldspathic arenites and wackes), and rock-fragment-rich sand-
stones (lithic arenites and wackes). These major sandstone clans may differ in more than just
particle composition. They may show also detectible variations in texture, types of cements,
matrix content, and bulk chemistry.

4.6.2 Quartz arenites

General characteristics

Quartz arenites are composed of >90-95 percent siliceous grains (quartz, chert, quartzose
rock fragments). They are commonly white or light gray, but may be stained red, pink,
yellow, or brown by iron oxides. They are generally well lithified and well cemented with
silica or carbonate cement; however, some are porous and friable. Quartz arenites typically
occur in association with assemblages of rocks deposited in stable cratonic environments
such as eolian, beach, and shelf environments. Thus, they tend to be interbedded with
shallow-water carbonates and, in some cases, feldspathic sandstones.

Most quartz arenites are texturally mature to supermature according to Folk’s (1951)
textural maturity classification, but quartz arenites with low maturity exist. Cross-bedding is
particularly characteristic of these rocks, and ripple marks are moderately common. Fossils
are rarely abundant in these sandstones, possibly owing to poor preservation or to the eolian



142 Sandstones

origin of some quartz arenites, but both fossils and carbonate grains may be present. Also,
trace fossils such as burrows of the Skolithos facies may be locally abundant in some
shallow-marine quartz arenites. Quartz arenites are common in the geologic record.
Pettijohn (1963) estimates that they make up about one-third of all sandstones.

Particle composition

Quartz arenites have the simplest particle composition of all sandstones. Siliceous grains in
these sandstones range in abundance from 90 percent to more than 99 percent. Quartz
dominates the siliceous constituents; however, a few percent chert, metaquartzite clasts, or
siliceous sandstones/siltstone clasts may be included. Most quartz in quartz arenites is
monocrystalline. Polycrystalline grains commonly make up less than 10 percent (generally
about two percent) of the framework grains. The low content of polycrystalline grains in
quartz arenites has been attributed to size reduction of these grains. Polycrystalline quartz
grains apparently break up to form smaller monocrystalline grains owing to sediment
transport and other processes involved in grain recycling. Quartz arenites tend to be
characterized by high percentages of nonundulatory monocrystalline quartz, which may
be due to relative enrichment in nonundulose quartz over time owing to selective destruction
of less stable undulose quartz by mechanical and chemical processes operating during
successive sedimentary cycles.

Feldspars make up trace amounts to as much as 5 percent of the framework constitutents in
many quartz arenites. Chert and silicic rock fragments, both metaquartzite clasts and sand-
stone/siltstone clasts, occur in some quartz arenites in amounts that rarely exceed | percent.
Unstable rock fragments are very rare. Micas, commonly muscovite, occur in amounts that
generally do not exceed about 0.5 percent. Heavy minerals are common in most quartz
arenites, but generally make up no more than about 0.5 percent of total framework grains.
The most common heavy minerals are the ultrastable types zircon, tourmaline, and rutile;
therefore, the ZTR index of heavy minerals in quartz arenites is commonly very high. The
ultrastable heavy minerals are commonly well rounded. Less common heavy minerals include
magnetite, sphene, epidote, monazite, apatite, leucoxene, garnet, hypersthene, and horn-
blende. Minor amounts of secondary pyrite are present in some quartz arenites.

Cements

Most quartz arenites are well cemented with silica, carbonate, or hematite cement. Quartz
appears to be by far the most common cement and is typically present as syntaxial over-
growths on detrital quartz cores. When syntaxial overgrowths are picked out by a line of
bubbles or impurities (e.g. Fig. 4.14), they are easy to see. Application of cathodolumines-
cence petrography may be necessary to identify overgrowths not marked by such a line of
impurities. Microquartz and opal cements occur in some quartz arenites but are much rarer
than syntaxial overgrowths. Opal is distinguished by its isotropic character. Microquartz
cement occurs as equidimensional microquartz or fibrous chalcedony, and more than one
generation of cement may be present (Boggs, 2006, p. 100). In some pores, microquartz may
display well-developed drusy texture.
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Figure 4.14 Photograph of two quartz grains (Q) with overgrowths. Note that original grain outlines
are clearly marked by a line of impurities (arrows) and that the grain on the right is almost completely
surrounded by the overgrowth. Quartz arenites of the Deadwood Formation (Cambrian—Ordovician),
South Dakota. Crossed nicols.

Calcite is the most common carbonate cement in quartz arenites, but dolomite and, less
commonly, siderite may occur also. Calcite cement can occur as a mosaic of small crystals
within a single pore, but typically it forms single, large crystals that completely fill a pore. In
fact, in some portions of a sandstone, a single crystal may fill the pore spaces among several
grains, thus enclosing parts or all of several grains to form a poikilitic texture.

Matrix

Quartz arenites typically contain very minor amounts of matrix; many are matrix free. On
the other hand, some quartz wackes have more than 10 percent matrix. The small amount of
matrix present in most quartz arenites is probably best explained as the product of dia-
genesis. The matrix consists mainly of fine-size quartz, feldspars, micas, and clay minerals,
which likely form diagenetically by alteration of detrital feldspars and rock fragments.
Abundant matrix in quartz wackes is probably not the product of diagenesis but may
originate by some kind of special depositional conditions, such as conditions where quartz
sands are blown into a lagoon or other quiet-water environment or are washed over during a
storm. Alternatively, abundant matrix might result from bioturbation by organisms that mix
mud from an underlying or adjacent layer into a clean quartz sand or by vadose infiltration of
clays into sands (e.g. Matlack ef al., 1989).

Texture

Quartz arenites tend to be texturally mature to supermature; however, some are submature to
immature. They are typically well sorted with low matrix content, as discussed. Subrounded
to well-rounded grains predominate in many examples (Fig. 4.15). On the other hand, some
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Figure 4.15 Quartz arenites with subrounded to well-rounded, well-sorted grains. Navajo Formation
(Jurassic), Utah. Crossed nicols.

quartz arenites are more poorly sorted and may contain high percentages of subangular to
angular grains. Some quartz arenites exhibit textural inversions (Folk, 1974, p. 145) such as
a combination of poor sorting and high rounding, a lack of correlation between roundness
and size, such as small round grains and larger angular grains, or mixtures of rounded and
angular grains within the same size fraction. These textural inversions probably result from
mixing of grains from different sources, erosion of older sandstones, or environmental
variables such as wind transport of rounded grains into a quiet-water environment. Angular
grains may result also from diagenetic development of secondary overgrowths.

Chemical composition

Owing to their rather restricted mineral composition, the bulk chemical composition of
quartz arenites varies within very narrow limits. On the average, SiO, makes up 96-97
percent of the chemical components of quartz arenites; Al,O3, Fe,03, FeO, MgO, and CaO
together make up most of the remaining few percent of the chemical constituents. Other
elements are commonly present in trace amounts. Rare extreme variations from these
averages result mainly from differences in cement and matrix content rather than differences
in particle composition. Thus, significant amounts of calcite or dolomite cement are
reflected in abnormally high calcium and magnesium abundances, hematite cements
increase the iron content of samples, high clay matrix content is reflected in higher than
normal aluminum content, and so on.

Field characteristics

Quartz arenites tend to occur in sheetlike units, many of regional extent, which may range in
thickness from a few meters to several hundred meters. Thickness of individual units can
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vary considerably from place to place. The Jurassic Navajo Formation of the US Colorado
Plateau, for example, reaches a thickness of 425 m in some areas, but thins to about 5 m in
other localities. Quartz arenites may occur in dominantly nonmarine stratigraphic sections
or dominantly marine sections. In marine sections, they are typically present in association
with shallow-water limestones, dolomites, and, less commonly, feldspathic sandstones. On
the other hand, some quartz arenites are associated with siliceous shales and cherts,
suggesting a deeper-water origin (e.g. Bond and Devay, 1980). In nonmarine sections,
they may occur in association with fluvial, lithic or feldspathic sandstones, siltstones,
conglomerates, and evaporites.

Cross-bedding is a prominent feature of some quartz arenites, and some units display
giant-scale sets of cross-beds several meters thick that have foreset dips of 20 to 35 degrees
near the top of each bed. Other quartz arenites consist of thick-bedded, massive-appearing
units that lack cross-beds or that display only indistinct cross-beds with low-angle foresets.
Parallel-laminated quartz arenites are common also, and ripple marks are present in some
units. Body fossils may be present in some beds, but are rare in most. On the other hand,
bioturbation features and trace fossils can be locally abundant.

Origin

The extreme compositional maturity of quartz arenites requires that these sandstones
originate under rather specialized conditions. If quartz arenites are first-cycle deposits,
they must form under weathering, transport, and depositional conditions so vigorous that
most grains chemically and mechanically less stable than quartz are eliminated (see, for
example, Johnsson ef al., 1988). Conceivably, extreme chemical leaching under hot, humid,
low-relief weathering conditions, prolonged transport by wind, intensive reworking in the
surf zone or tidal zone (reworking by reversing tides), or a combination of these factors
might be adequate to generate a first-cycle quartz arenite. Stream transport is known to
produce little rounding of sand-size quartz grains, whereas wind transport is an effective
rounding agent. Therefore, the well-rounded and well-sorted character of many quartz
arenites, plus the common presence of large-scale sets of cross-beds with high-angle
foresets, suggests that many quartz arenites are eolian deposits. On the other hand, many
other quartz arenites are clearly of marine origin, as shown by their association with
carbonates or other marine deposits. These marine quartz arenites may have been deposited
in beach or barrier-island settings; however, the effectiveness of surf action in rounding of
sand-size quartz is still not well known. Ferree et al. (1988) conclude that both modern
beach sand and ancient beach sandstones have frameworks that are mineralogically more
mature than their fluvial counterparts. They suggest that breakdown of rock fragments on
beaches where wave power is high tends to enrich the sand in quartz and is an important
factor in increasing compositional maturity of the sands.

Suttner ef al. (1981) suggest that first-cycle quartz arenites cannot be produced under
“average” conditions. A unique combination of extreme climatic conditions, transportation,
and low sedimentation rates are required to produce such a sandstone. These authors
conclude that most quartz arenites in the geologic record are multicycle deposits. Less
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intensive weathering/transport processes operating through several sedimentation cycles
may be able to selectively remove less stable grains to produce a quartz arenite. To account
for the extreme grain rounding, many quartz arenites may have been subjected to an episode
of wind transport during at least one of these cycles, although not necessarily the last cycle.
On the other hand, Johnsson et al. (1988) report that definite first-cycle quartz arenites are
forming in the Orinoco River basin in Venezuela and Colombia. They cite two conditions
that are necessary to produce first-cycle quartz arenites: an environment of intense chemical
weathering and a mechanism to provide extended time over which weathering can operate
(e.g. temporary storage on extensive alluvial plains).

Occurrence and examples

Quartz arenites are present in geologic systems ranging in age from Precambrian to Tertiary.
Even some Holocene eolian, coastal plain, and fluvial sands are quartz-rich. At least 60
formations composed totally or in part of quartz arenites are known from North America
alone, and many may occur in other parts of the world. Distribution of North American
quartzites by age is skewed toward those of Precambrian, Cambrian, and Ordovician ages.
Some well-known examples include the Precambrian Barabo Quartzite of Wisconsin and
the Sioux Quartzite of Minnesota, the Cambrian Franconia Sandstone of the upper
Mississippi Valley and the Potsdam Sandstone of New York, the Ordovician St. Peter
Sandstone of the upper Mississippi Valley, and the Eureka Quartzite of Utah, Nevada, and
California.

Other well-known quartz arenites include the Silurian Tuscarora Quartzite of Pennsylvania
and New Jersey, the Devonian Oriskany Sandstone of Pennsylvania, the Pennsylvanian
Tensleep Sandstone of Wyoming, the Permian Coconino Sandstone of the Colorado
Plateau, the Triassic Wingate Sandstone and Jurassic Navajo Sandstone of the Colorado
Plateau, and parts of the Cretaceous Dakota Formation of the Colorado Plateau and the Great
Plains. See Pettijohn et al. (1987, pp. 179-184) for additional examples of quartz arenites
from North America, Europe, and other parts of the world. For a well-described case history
of a fairly typical quartz arenite, the Ordovician Kinnikinic Quartzite of Idaho, see James
and Oaks (1977).

4.6.3 Feldspathic arenites

General characteristics

Feldspathic arenites contain less than 90 percent quartz grains, more feldspar than unstable
rock fragments, and minor amounts of other minerals such as micas and heavy minerals.
They may contain as little as 10 percent feldspar grains, but most feldspathic arenites show
greater feldspar enrichment. In fact, rare feldspar values exceeding 80 percent have been
reported (e.g. Crook, 1960). As discussed, sandstones that contain more than about 25 percent
feldspar are commonly called arkoses. Some feldspathic arenites are colored pink or red
owing to the presence of K-feldspars or iron oxides; others are light gray to white. They are
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typically medium to coarse grained and may contain high percentages of subangular to
angular grains. Matrix content may range from trace amounts to more than 15 percent, and
sorting of framework grains can range from moderately well sorted to poorly sorted. Thus,
feldspathic sandstones are commonly texturally immature or submature.

Feldspathic arenites are not especially characterized by any particular kinds of sedimen-
tary structures. Bedding may range from essentially structureless to parallel laminated or
cross-laminated. Fossils may be present in marine examples. Feldspathic arenites typically
occur in cratonic or stable shelf settings, where they are associated with conglomerates,
shallow-water quartz arenites or lithic arenites, carbonate rocks, and evaporites. Less typically,
they occur in sedimentary successions that were deposited in unstable basins or other
deeper-water, mobile-belt settings. Feldspathic arenites of the latter type, which are matrix
rich and well indurated owing to deep burial, are often called feldspathic graywackes.

The abundance of feldspathic arenites in the geologic record is not well established.
Pettijohn (1963) estimates that arkoses make up about 15 percent of all sandstones.
Feldspathic arenites in total are probably more abundant than 15 percent, especially if
feldspathic graywackes are included.

Particle composition

Quartz is the dominant particle constituent in most feldspathic arenites and typically makes
up about 50—60 percent of the framework grains. Reported quartz abundances range from
about 10 percent to more than 75 percent. Quartz tends to be less abundant in plagioclase-rich
feldspathic arenites than in K-feldspar-rich feldspathic arenites. Most quartz is monocrystalline.
Polycrystalline quartz grains generally make up less than 6 or 7 percent of the framework
constituents

Total feldspar content of feldspathic arenites can range from as little as 10 percent to more
than 75 percent of grains; a more typical range is 20 to 40 percent. Available data indicate
that feldspathic arenites in which K-feldspars exceed plagioclase feldspars are most com-
mon; however, plagioclase is the dominant feldspar in many sandstones, particularly those
from mobile-belt settings. Microcline is a common K-feldspar in many feldspathic arenites;
however, K-feldspar identified as orthoclase equals or exceeds microcline in some feld-
spathic sandstones. Plagioclase is typically sodic, in the range of Ans to Anso, with
oligoclase and andesine being most common; however, calcic plagioclases have been
reported. Both twinned and untwinned, and zoned and unzoned plagioclase occur. The
feldspars in feldspathic arenites may range from fresh, unaltered grains to those showing
various degrees of alteration to sericite or kaolinite. Feldspar grains may also be stained with
hematite and partially replaced by calcite or other minerals. Figure 4.16 shows a fairly
typical K-feldspar-rich arkose.

Coarse muscovite and biotite are common minor constituents of feldspathic arenites.
Muscovite is generally unaltered, but may be stained with hematite or limonite. Biotite
grains may show alteration to hematite or chlorite. Heavy minerals commonly make up only
1 or 2 percent of the framework grains. In contrast to the quartz arenites, the heavy minerals
in feldspathic arenites may include unstable or metastable types such as olivine, pyroxenes,
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Figure 4.16 Poorly rounded feldspars (M = microcline, O = orthoclase, P = plagioclase) and quartz (Q)
in a feldspathic arenite. Belt (Precambrian) facies, Montana. Crossed nicols.

amphiboles, magnetite, epidote, garnet, and kyanite, as well as ultrastable rutile, tourmaline,
and zircon. Therefore, the ZTR index of heavy minerals in many of these sandstones is
typically lower than that in quartz arenites. On the other hand, some feldspathic arenites
contain very restricted suites of heavy minerals, possibly owing to destruction of less stable
heavy minerals by intrastratal solution during diagenesis. Rock fragments are common
but are much less abundant than feldspars. These fragments may include quartzose clasts
(mainly metaquartzite) and various kinds of less stable plutonic igneous, volcanic, meta-
morphic, and sedimentary clasts. Rock fragments, especially volcanic rock fragments,
appear to be most abundant in plagioclase-rich feldspathic arenites. Feldspathic arenites
can grade compositionally into lithic arenites.

Cements

Carbonate cements appear to be the most common cements in feldspathic arenites and range
from trace amounts to more than 20 percent of total constituents. Carbonate cements are
typically calcite, but may include dolomite. The cement may occur as a mosaic of smaller
crystals but more commonly occurs as large, single crystals that entirely fill pores or even
surround grains. Other cements, which generally occur in minor amounts, may include silica
(quartz overgrowths), authigenic feldspars (overgrowths), hematite, and sulfate minerals
such as barite, pyrite, and clay minerals.

Matrix

The matrix content of feldspathic arenites may range from trace amounts to more than
15 percent of total constituents. Many of these sandstones contain very little matrix and have
correspondingly higher amounts of cement, commonly carbonate cement. The matrix in
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many feldspathic arenites appears to consist mainly of sericite and kaolinite, typically
stained with hematite. It is probably derived by alteration of biotite or other iron-bearing
minerals. In others, the matrix materials may include also chlorite, fine quartz, feldspar, and
organic matter. Although some matrix in feldspathic arenites may be detrital, or may have
been introduced by vadose infiltration, much of it is probably derived by diagenetic
alteration of feldspars, micas, and ferromagnesian minerals. Therefore, the matrix content
of these rocks is probably not a reliable indicator of depositional conditions.

Texture

Feldspathic arenites are typically coarse grained, but grain size can range from coarse silt or
very fine sand to very coarse sand. Several investigators have reported that the feldspar
content of feldspathic arenites tends to increase with decreasing grain size of the sediment.
This inverse correlation of increasing feldspar abundance with decreasing grain size may
reflect the tendency of feldspars to break into smaller fragments (owing to the presence of
twin planes, etc.) during sediment transport.

Sorting of framework constituents in feldspathic arenites can range from moderately well
sorted to poorly sorted; moderate sorting is most common. Both quartz and feldspars in
feldspathic arenites are typically angular to subangular (e.g. Fig. 4.16); subrounded to well-
rounded quartz is less common. Owing to the presence of matrix in many feldspathic
arenites and generally poor rounding of these grains, most feldspathic arenites are texturally
immature to submature.

Chemical composition

Feldspathic arenites contain markedly less silica and considerably more aluminum, sodium,
and potassium than do quartz arenites. Silica content is influenced both by quartz abundance
and the abundance of rock fragments, feldspars, and other silicates. Aluminum content is
affected particularly by feldspars, micas, and clay minerals, all of which are commonly more
abundant in feldspathic arenites than in quartz arenites. Iron in both the oxidized (ferric) and
reduced (ferrous) states is common in feldspathic arenites. The high content of sodium and
potassium in feldspathic arenites compared to that in quartz arenites is a function mainly of
the greater content of sodium and potassium feldspars in these rocks. Calcium and magne-
sium abundances are influenced particularly by the content of carbonate cements.

Field characteristics

As defined in this book, feldspathic arenites include all sandstones that contain less than
90 percent quartz and more feldspars than rock fragments. Thus, they encompass both
classic arkoses (25 percent or more feldspars) and sandstones that are less feldspar rich,
some of which may be considered graywackes by some workers. Feldspathic arenites may
be deposited under a wide range of conditions, ranging from nonmarine to deep marine
(turbidite). Therefore, feldspathic arenites may display considerable variation in their field
characteristics.
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Many feldspathic arenites were deposited in fluvial, lacustrine, or transitional marine
environments. These arkoses are typically red or pink and tend to form thick (to 2000 m or
more), wedge-shaped units adjacent to ancient uplifts. These so-called aprons, or fans,
commonly become thinner and finer grained basinward, where the arkoses may interfinger
with finer-grained lacustrine or marine deposits. Arkoses may be interbedded with a variety
of nonmarine to marine deposits including conglomerates, shales, limestones, and evapor-
ites. Individual arkose beds may range in thickness from a few centimeters to several meters
and tend to be poorly sorted, irregularly bedded, and laterally discontinuous. Trough
cross-bedding is common. Other evidence of fluvial deposition such as cut-and-fill struc-
tures and plant fossils may be present. Feldspathic arenites deposited in marine environ-
ments tend to have less feldspar than nonmarine arkoses and are better sorted, more evenly
bedded and laterally continuous. Also, they may contain marine fossils. Feldspathic arenites
deposited by turbidity currents may display graded bedding and sole markings of various

types.
Origin

Feldspathic arenites originate mainly by weathering of feldspar-rich crystalline rocks, either
plutonic igneous rocks or feldspar-rich metamorphic rocks. Therefore, most feldspathic
arenites are probably first-cycle deposits. Most reported feldspathic arenites contain con-
siderably more K-feldspar than plagioclase; however, several plagioclase feldspathic are-
nites are known. These plagioclase-rich feldspathic arenites are derived mainly from
volcanic sources. Most plagioclase in these sandstones is sodic, commonly oligoclase and
andesine. The feldspar composition of feldspathic arenites thus suggests that most of these
sandstones were derived from acid (felsic) to intermediate crystalline rocks.

Rarely, plagioclase arenites contain calcic plagioclase, indicating derivation from more
basic igneous rocks. The preservation of large quantities of feldspars during the process of
weathering appears to require that feldspathic arenites originate either (1) under very cold or
very arid climatic conditions where chemical weathering processes are inhibited or (2) in
warmer, more humid climates where marked relief of local uplifts allows rapid erosion
of feldspars before they can be decomposed. Dickinson (1984) suggest that feldspar-rich
sandstones are derived especially from fault-bounded, uplifted basement areas in
continental-block provenances, where high relief and rapid erosion of uplifted sources
gives rise to quartzo-feldspathic sands of classic arkosic character. These sandstones may
accumulate in basins related to transform ruptures of continental blocks, incipient rift
blocks, or zones of wrench tectonism within continental interiors. Some feldspathic arenites,
particularly plagioclase-rich arenites, could conceivably be derived from dissected
magmatic-arc settings, where they might be deposited in forearc or backarc basins.

As discussed, most feldspathic arenites, particularly arkoses, appear to have been depos-
ited as clastic wedges or fans very close to their sources. Pettijohn et al. (1987, p. 152)
suggest that some arkoses are in situ, or residual, deposits that formed essentially in place by
disintegration of coarse crystalline rocks. These residual deposits tend to have very poor
sorting, high detrital matrix content, and very angular grains. Residual arkosic debris shifted
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downslope short distances by mass-transport processes probably has much the same
characteristics as that of residual arkoses. On the other hand, arkosic sediment transported
greater distances by traction currents is “cleaned up.” Thus, transported arkoses display
better sorting and various degrees of grain rounding. Less detrital matrix is likely present in
these transported arkoses than in residual arkoses, but the transported arkoses may contain
considerable diagenetic matrix. Arkosic material transported into marine environments
undergoes additional sorting and perhaps mixing of sediment from other sources, which
may dilute the feldspar content below that typical of residual arkoses. Feldspathic sediments
may be retransported by turbidity currents into deep water.

Occurrence and examples

Feldspathic arenites are present in geologic formations ranging in age from Precambrian to
Holocene. They do not appear to be especially characteristic of any particular geologic
period. In contrast to the quartz arenites, they tend to be of local rather than regional extent.
They apparently formed whenever and wherever tectonic processes generated marked
uplifts of crystalline basement rocks, allowing rapid erosional stripping of these tectonic
blocks and accumulation of thick, localized deposits of arkosic debris in adjacent, subsiding
basins. Some formations contain feldspathic arenites only at their bases. These basal
feldspar-rich units grade upward into either lithic arenites or quartz arenites.

Some well-known examples of feldspathic arenites include the Precambrian Torridon
sandstones of Scotland, the Silurian Clinton Formation of Pennsylvania (USA), the
Devonian Old Red Sandstone of England, the Pennsylvanian Minturn and Fountain for-
mations of Colorado, the Triassic Newark Group of Connecticut, and the Paleocene Swauk
Formation (a plagioclase-rich arkose) of Washington.

4.6.4 Lithic arenites

General characteristics

Lithic arenites are an extremely diverse group of rocks that are characterized by generally
high content of unstable rock fragments. Classified according to Fig. 4.12, any sandstone
that contains less than 90 percent quartz (plus chert and quartzite) and unstable rock
fragments in excess of feldspars is a lithic arenite. Colors may range from light gray (“salt
and pepper”) to uniform, medium to dark gray. Many lithic arenites are poorly sorted,;
however, sorting ranges from well sorted to very poorly sorted. Quartz and many other
framework grains are generally poorly rounded. Lithic arenites tend to contain substantial
amounts of matrix, most of which may be of secondary origin. They may range from
irregularly bedded, laterally restricted, cross-stratified fluvial units to evenly bedded, later-
ally extensive, graded, marine turbidite units. They occur in association with fluvial con-
glomerates and other fluvial deposits and in association with generally deeper-water, marine
conglomerates, pelagic shales, cherts, and submarine basalts.

Classified as mentioned, lithic arenites include many sandstones that are called gray-
wackes. Some authors (e.g. Pettijohn ef al., 1987) consider graywackes to be distinctly
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different from lithic arenites (or feldspathic arenites) and treat them as different groups of
rocks. The origin, meaning, and usage of the term graywacke remain controversial. Even the
spelling of the term varies: greywacke vs. graywacke. Although consistent usage of the term
graywacke is still lacking, it appears to be used mainly for sandstones that are dark gray or
dark green, well indurated or lithified, and matrix rich. The matrix, often referred to as a
chloritic “paste,” tends to pervade the rock and obscure the boundaries of rock fragments
and other grains, making identification of grains difficult. Most graywackes appear to be
turbidites and thus are associated with deep-water deposits of various types.

As indicated, graywackes are defined largely on the basis of field characteristics and
matrix content, rather than on particle composition, and they all look very much alike in
overall field appearance. When examined petrographically, they turn out to be mainly lithic
wackes or feldspathic wackes. Graywackes that classify as quartz wackes are rare. In this
book, I do not treat graywackes as a separate group of sandstones. Rather, I regard them to be
special types of either lithic or feldspathic arenites and include them in discussion of these
sandstone types. Some workers have suggested that we abandon any precise definition of
graywacke, and simply use these terms for imprecise field descriptions (e.g. Dickinson,
1970). Pettijohn (1963) estimates that lithic arenites and graywackes together make up
nearly one-half of all sandstones.

Particle composition

Sandstones that classify as lithic arenites may have highly variable compositions. The
quartz-grain content of lithic arenites can range from less than 1 percent to more than
70 percent, and no particular range of quartz values seems typical. Available data suggest
that the percentage of polycrystalline quartz is much higher (up to about 10 percent)
than that in either feldspathic arenites or quartz arenites. Feldspar content may range
from less than 1 percent to more than 25 percent of grains. Plagioclase predominates over
K-feldspars in many lithic arenites. Plagioclase is typically sodic, ranging in composition
from about An;s to Anss (albite to andesine). Among the K-feldspars, orthoclase appears to
be more common than microcline.

Rock fragments are clearly the most distinctive feature of lithic arenites. Both stable
fragments (e.g. chert) and unstable fragments may be present. Although detrital chert is
included with quartz in some sandstone classifications, chert is nonetheless a rock fragment
(e.g. Fig. 4.17). Many lithic arenites contain only minor amounts of chert; however, chert
concentrations ranging to 75 percent or more have been reported.

It is, of course, the presence of abundant unstable, fine-grained rock fragments that
particularly characterize lithic arenites. The abundance of these rock fragments may range
from less than 10 percent to as much as 80 percent, but abundances of 20 to 40 percent are
more typical. Volcanic rock fragments (e.g. Fig. 4.18) are especially common in lithic
arenites derived from magmatic-arc settings. Granite and other coarse plutonic igneous
rock fragments are reported in some lithic arenites, but generally in very minor amounts.
Common metamorphic rock fragments include slate, phyllite, and schist (Fig. 4.19). Coarser
crystalline gneiss fragments are much less common, as are serpentinite fragments.
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Figure 4.17 Detrital chert grains (C) in a chert-rich lithic arenite. Otter Point Formation (Jurassic),
southwest Oregon. Crossed nicols. (Sample courtesy of R. L. Lent.)

Figure 4.18 Large volcanic clast showing plagioclase laths in a glassy groundmass. Miocene
volcaniclastic sandstones, ODP Leg 127, Site 796, Japan Sea (depth 283 m below seafloor). Crossed
nicols.

Sedimentary rock fragments include fine-grained sandstone (Fig. 4.20), siltstone, shale or
mudstone (Fig. 4.21), and, less commonly, carbonates. Owing to the large variety of rock
fragments that may be present in lithic sandstones, some workers have suggested subdivid-
ing these sandstones on the basis of rock-fragment type (e.g. Folk, 1974, p. 129). This
procedure yields such special names as volcanic arenite, phyllarenite, chert arenite, and
calclithite (composed predominantly of carbonate clasts), depending upon rock-fragment
composition.
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Figure 4.19 Large metamorphic fragments (fine schist/phyllite), modern shelf sediment, Taiwan
Strait. Crossed nicols.

Figure 4.20 Large well-rounded sandstone clast, modern shelf sediment, Taiwan Strait. Crossed
nicols.

Micas are absent or very scarce in some lithic arenites; however, they are very abundant in
others, particularly some fluvial sandstones. Rarely, mica values exceeding 10 percent have
been reported. Muscovite appears to be somewhat more common than biotite. Heavy
minerals are present in lithic arenites in amounts ranging from traces to more than
10 percent. Although some lithic arenites contain mainly ultrastable zircon, tourmaline,
and rutile, most contain a variety of unstable heavy minerals. These less-stable heavy
minerals may include epidote, sphene, garnet, hornblende, glaucophane, clinopyroxenes,
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Figure 4.21 Silty mudstone clast, modern shelf sediment, Taiwan Strait. Crossed nicols.

orthopyroxenes, apatite, fluorite, pumpellyite, clinozoisite, laumontite, lawsonite, cordierite,
magnetite, pyrite, leucoxene, chromite, and corundum. Thus, the ZTR index of these
sandstones is generally low compared to that of quartz arenites. Many lithic arenites of
Devonian or younger age contain charcoal fragments or opaque organic material that is
probably mostly macerated plant debris. In some lithic arenites, fine organic matter is
concentrated in thin laminae that give the sandstones a laminated appearance.

Cements and matrix

Some lithic arenites contain no visible cements, whereas others contain cements in amounts
ranging to more than 30 percent of total constituents. Carbonate cements appear to be most
common and may include calcite, dolomite, and siderite. Silica cement (quartz overgrowths)
is moderately abundant in some lithic arenites. Other common cements are chlorite, clay
minerals, iron oxides, and pyrite. The matrix content of lithic arenites ranges from trace
amounts to as much as 40 percent, although most contain less than 20 percent matrix.

As discussed, clay matrix and clay cements are difficult to distinguish under a petro-
graphic microscope, unless the clays are fairly coarse grained and exhibit distinctive cement
textures such as the drusy texture shown in Fig. 4.9. This problem of identification is
compounded owing to the authigenic origin of much matrix. So-called authigenic matrix
that fills original pore space or pore space created by dissolution of cement or framework
grains is, in fact, cement, although it may not be recognizable as such under a petrographic
microscope. Other authigenic matrix forms by replacing framework grains or cements.
Finally, some authigenic matrix is simply original detrital or infiltrated matrix that has
undergone recrystallization.

Lithic arenites deposited in fluvial or nearshore marine environments may have less
matrix on the average than deeper-water, graywacke-type lithic arenites. This difference
may simply reflect different diagenetic histories rather than significant differences in
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original, detrital matrix content. Therefore, we should be extremely careful about making
environmental interpretation on the basis of matrix content of sandstones.

Texture

Many lithic sandstones are coarse-grained; however, the grain size of these rocks may range
from very fine sand to very coarse sand or granules. Classified according to Folk’s (1951)
textural maturity classification, most lithic arenites are texturally immature owing to their
high matrix content. If we ignore matrix as being largely authigenic and classify them on the
basis of the sorting and rounding characteristics of the framework grains, they are mainly
submature to mature. Sorting of framework grains may range from well sorted to very
poorly sorted. Although lithic arenites derived from sedimentary source rocks may contain
moderately well-rounded quartz, or quartz with rounded outlines beneath inherited over-
growths, the roundness of quartz in most lithic arenites tends to range between angular to
subrounded. Subangular quartz is probably most common. Lithic fragments and other
framework grains in lithic arenites are also commonly subangular to subrounded. Few lithic
arenites are composed predominantly of well-rounded grains.

Chemical composition

The chemical composition of lithic arenites is quite variable, and the composition of some
lithic arenites is very similar to that of some feldspathic arenites. Silicon dioxide values are
moderate and commonly range between 50 to 70 percent, whereas Al,O5 values tend to be
high and commonly exceed 10 percent. Iron, potassium, and magnesium values are mod-
erately high also. The high Al, Fe, K, and Mg concentrations may reflect the generally high
clay content of lithic arenites. Argast and Donnelly (1987) suggest that Al,05, K,O, Fe,O3,
and MgO all tend to be enriched in the fine-grained, phyllosilicate-rich fraction of sand-
stones, whereas SiO, and Na,O concentrations are related to the coarser-grained, tectosili-
cate fraction. The Na,O content is probably strongly correlated to the albitic composition of
sodium-rich plagioclase feldspars. Magnesium content can be affected by the presence of
detrital dolomite clasts and dolomite cements, and calcium abundance is affected by detrital
limestone clasts and calcite cements.

Origin and field characteristics

The high content of unstable rock fragments and the moderately high feldspar content of lithic
arenites suggest that they are derived from rugged, high-relief source areas. Detritus is stripped
rapidly from these elevated areas before weathering processes can destroy unstable clasts and
other framework grains. Furthermore, most lithic arenites contain fine-grained clasts derived from
source regions composed mostly of fine-grained rocks, that is, volcanic rocks, schists, phyllites,
slates, fine-grained sandstones, shales, and limestones. Source areas with these characteristics
occur primarily in orogenic belts located along the suture zones of collision plates and in
magmatic arcs (e.g. Dickinson, 1985). Lithic arenites are probably derived only rarely from
continental-block provenances, which typically yield quartz arenites and feldspathic arenites.
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Lithic arenites derived from recycled orogen provenances that formed by collision of
continental blocks may be deposited in proximate alluvial fans or other fluvial environ-
ments. They are light-gray, “salt-and-pepper,” or light-brown sandstones that display bed-
ding characteristics ranging from evenly bedded to irregular, laterally discontinuous. Both
tabular and trough stratification may be prominent. Scour-and-fill structures, current line-
ation, and ripple marks are common sedimentary structures. Many beds may be highly
micaceous. Fluvial lithic arenites are commonly associated with thin shales and conglom-
erates and may be locally very coarse grained.

In some settings, deposition can take place in marine foreland basins adjacent to
foldthrust belts. Alternatively, lithic detritus may be transported by large rivers off the
continent into deltaic or shallow, pericontinental shelf environments. Lithic arenites depos-
ited in deltaic environments can have many characteristics in common with alluvial depos-
its, but the deltaic sands tend to be somewhat better sorted and more evenly bedded. They
may be interbedded with shales containing marine fossils or with tidal flat or marsh deposits.
Lithic arenites deposited in shallow-marine environments are commonly more evenly
bedded and laterally persistent than fluvial and deltaic sandstones. Horizontal laminations
and both tabular and trough cross-bedding may be common. Some units may display
hummocky cross-stratification. Ripple marks are common, especially oscillation ripples.
Marine fossils may be present and bioturbation structures can be scarce to abundant.
Macroscopic plant fragments may be locally abundant in marine lithic arenites of
Devonian age or younger. Shallow-marine shelf arenites may be interbedded with shelf
muds that are commonly bioturbated also.

Lithic arenites derived from magmatic-arc settings are typically enriched in volcanic rock
fragments and plagioclase feldspars. Lithic detritus may be deposited in nonmarine settings
within intra-arc basins, but most is probably carried by rivers to coastal areas. There,
much of it is retransported into deeper water by turbidity currents or other sediment
gravity-flow mechanisms. Ultimately, this detritus is deposited in forearc basins, backarc
basins, or subduction-zone trenches. Lithic arenites deposited in these settings are partic-
ularly likely to undergo deep burial and incipient metamorphism, leading to development of
characteristics generally ascribed to graywackes. They are typically dark gray, dark green, or
black, well indurated and well bedded. The bedding may be repetitious or rhythmic
(Fig. 4.22) and laterally extensive. Individual sandstone beds may display distinct vertical
size grading and Bouma sequences. Lithic arenites of turbidite origin are typically inter-
bedded with pelagic clays and may also be associated with resedimented conglomerates,
bedded cherts, and submarine basalts.

Examples

Lithic arenites are very abundant in the geologic record. Examples of lithic arenites include
the Mississippian Mauch Chunk Formation of Pennsylvania, sandstones of the Carboniferous
Trenchard Group in England, some Cretaceous and Jurassic sandstones of the southern
Rocky Mountains of Canada, and some sandstones of the Jurassic Morrison Formation in
the Colorado Plateau. Probable deltaic lithic arenites in these tables include the Oligocene
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Figure 4.22 Rhythmic bedding in thin, graded lithic arenites of the Roseburg Formation (Eocene),
southern Oregon Coast Range. The beds are tilted at an angle of about 70 degrees. Note the hammer for
scale.

Frio Formation of Texas and the Triassic Ivishak Formation in Alaska. Shallow-marine lithic
arenites include the Cretaceous Shannon Sandstone of Wyoming, the Eocene Bushnell Rock
Member of the Lookingglass Formation in Oregon (fluvial to shallow marine), and the
North Peak and Glenure formations of New Zealand. Overall, turbidites are probably the
most abundant type of lithic sandstones.

4.7 Volcaniclastic sandstones
4.7.1 Introduction

The term volcaniclastic is applied to all siliciclastic sedimentary rocks enriched in volcanic
fragments regardless of the mechanism that produced the fragments. Volcaniclastic deposits can
be emplaced or deposited in any environment, on land, under water, or under ice, and may be
mixed in any significant proportion with nonvolcanic fragments. Volcaniclastic deposits thus
include both epiclastic sedimentary rocks, made up of products generated by fragmentation of
pre-existing volcanic rocks owing to weathering and erosion, and rocks formed by primary
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volcanic processes. Primary volcanic processes include pyroclastic (explosive) eruptions and
autoclastic processes, e.g. fragmentation of magma that flows into water. Both processes
generate fragmented products that are deposited contemporaneously with fragmentation.

Volcaniclastic rocks composed of abundant sand-size, epiclastic volcanic clasts are
simply volcanic-derived epiclastic sandstones. These sandstones are studied and classified
as any other epiclastic sandstones and differ from other sandstones primarily in their high
content of volcanic-derived particles. They classify as either lithic arenites or feldspathic
arenites, depending upon feldspar/rock fragment ratios. Sand-size volcaniclastic rocks that
form by primary volcanic processes are called tuffs and are commonly regarded to be
igneous rocks rather than sedimentary rocks. Such rocks are not, however, wholly igneous.
They originate by igneous processes (e.g. magmatic explosions) but they are deposited by
sedimentary processes (e.g. airfall). Owing to their mixed origin, the classification and
genetic affinities of these rocks are intriguing problems. Additional information about the
processes that form volcaniclastic sediments may be found in numerous sources, including
Cas and Wright (1987), Leyrit and Montenat (2000), and White and Rigs (2001).

4.7.2 Classification

As mentioned, both epiclastic volcanic detritus and redeposited pyroclastic detritus (as well as
nonreworked pyroclastic detritus) form volcaniclastic deposits. When volcaniclastic sandstones
are classified on the basis of particle composition, they classify as lithic arenites (wackes) or
feldspathic arenites (wackes). Typically, volcanic clasts exceed feldspars; however, plagioclase
feldspars may be more abundant than volcanic clasts in some volcaniclastic sandstones. Owing
to their high content of unstable volcanic rock fragments that can alter diagenetically to form
matrix, most epiclastic volcaniclastic sandstones are wackes rather than arenites. Some volcani-
clastic sandstones, such as sandstones deposited as lahars, may also contain detrital matrix.

4.7.3 Petrographic characteristics of volcaniclastic sandstones

The compositional features that particularly distinguish volcaniclastic sediments, whether
composed of pyroclastic or epiclastic detritus, are their content of particles derived from
volcanic sources. Particles generated as a direct result of volcanic action are called pyro-
clasts. Three principal kinds of pyroclasts are recognized: glassy fragments, crystals, and
lithic fragments.

1. Glassy fragments are fragments consisting of partially recrystallized to unrecrystallized, consoli-
dated pieces of erupted magma. These glass fragments are transparent in thin section in ordinary
light and isotropic under crossed nicols. Glasses may have other colors such as red, yellow, and
black depending upon impurities and the oxidation state of iron in the glasses. More viscous, silicic
to intermediate lavas give rise to highly vesicular magmas that during explosive eruptions yield
pumice fragments of various sizes. Sand-size pumice fragments (Fig. 4.23) are called pumice ash.
Magmatic explosions cause fragmentation of pumice vesicle walls or bubble walls, producing
angular, ash-size glass particles called shards. Magmatically produced glass shards tend to have
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“Y” and cuspate shapes (Fig. 4.24) and may become plastically deformed and welded if they are
still hot enough when deposited.

2. Crystals, both entire crystals and angular fragments of crystals, occur in many pyroclastic deposits.
Broken crystals may be particularly abundant. Crystals of plagioclase feldspar are most common
and may display zoning (Fig. 4.25). Also, pyroxene and amphibole crystals are common in some
tuffs. If quartz crystals are present they generally show the slight rounding and embayment typical
of volcanic quartz. Fragments of glassy material may remain attached to the crystals as blebs or
crusts. Most such crystals are phenocrysts derived by magmatic or phreatomagmatic explosive
disruption of porphyritic magmas. Less commonly, crystals or crystal fragments may be derived by
fragmentation of accessory or accidental lithic fragments.

3. Lithic fragments are the denser, generally nonvesicular, nonglassy volcanic fragments in pyro-
clastic deposits. Some glass may be present within the fragments as interstitial material between
small crystals. A variety of rock-fragment textures may be present, including fragments with small
oriented laths (Fig. 4.26A), small unoriented laths (Fig. 4.26B), large phenocrysts set in a
fine-grained matrix (Fig. 4.26C), and both large phenocrysts and small laths in a fine groundmass
(Fig. 4.26D).

Epiclasts are crystals, crystal fragments, glass fragments, and rock fragments that have
been released from pre-existing volcanic rock by weathering or erosion and transported
from their place of origin by gravity, air, water, or ice (Schmid, 1981). It can be difficult to
differentiate between epiclasts and pyroclasts. Pettijohn et al. (1987, p. 192) suggest that the
following features constitute criteria that can be used to identify pyroclasts.

. Euhedral feldspars, many of which are broken, are commonly zoned and generally oscillatory

. Volcanic quartz, which is generally rounded or embayed owing to magmatic resorption

. Minerals such as olivine and pyroxenes that are not commonly abundant in epiclastic sandstones
. Glassy fragments

. Low quartz content, and high (euhedral) feldspar to quartz ratio.
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Figure 4.23 Large pumice fragment (arrows) surrounded by small glass shards. Colestin Formation
(Eocene—Oligocene), southern Oregon. Ordinary light. (Sample courtesy of E. A. Bestland.)
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Figure 4.24 Glass shards in a volcaniclastic deposit. Note large Y-shaped cleat near center of

photograph. Colestin Formation (Eocene—Oligocene), southern Oregon. Ordinary light. (Sample
courtesy of E. A. Bestland.)

Figure 4.25 Broken, oscillatory zoned plagioclase grain. Miocene deep-sea sandstone, ODP Leg 127,
Site 796, Japan Sea (depth 250 m below seafloor).

4.7.4 Alteration of volcaniclastic sandstones

Volcaniclastic sandstones contain a variety of unstable constituents (fine-grained lithic
fragments, glassy fragments, mafic minerals, plagioclase feldspars) that alter readily during
diagenesis (Fisher and Schmincke, 1984, ch. 12). Glass is particularly susceptible to
alteration. It typically alters to smectite clay minerals, zeolite minerals, or silica minerals.
Devitrification of silicic glass can generate microcrystalline textures that resemble
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Figure 4.26 Crossed-nicols photomicrographs of typical volcanic rock fragments in volcaniclastic
sediments. A. Small lithic fragment (center of photograph) containing very small, mainly oriented
plagioclase laths. B. Large lithic fragment containing numerous small, unoriented plagioclase laths. C.
Lithic fragment (center of photograph) containing large phenocrysts in a glassy groundmass. D. Lithic
fragment containing both large phenocrysts and small, unoriented phenocrysts. Samples A, C, D from
Miocene deep-sea sandstone, ODP Leg 127, Japan Sea. Sample B from Colestin Formation (Eocene—
Oligocene), southern Oregon, courtesy of E. A. Bestland.

sedimentary chert. Such fragments may be extremely difficult to distinguish from chert
unless distinctive euhedral crystals, such as feldspar laths, are preserved in the fragments.
Also, glass can be replaced by minerals such as zeolites or calcite. Alteration of glass,
feldspars, and lithic fragments can produce large amounts of authigenic clay matrix/cement.
Silica cement may be present also as chalcedony or opal. Finally, squeezing of soft volcanic
grains can produce pseudomatrix. These diagenetic changes in volcaniclastic sandstones
make identification of original constituents difficult and differentiation of volcanic clasts
from matrix a challenging task.

4.7.5 Occurrence and field characteristics

Volcaniclastic sandstones are common throughout the geologic record. Accurate measure-
ments of the overall abundance of volcaniclastic sediments are not available; however, the
volume of such ancient sediments is believed to be large (Fisher and Schmincke, 1984, p. 3).
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Figure 4.27 Well-bedded Quaternary andesitic airfall pyroclastic deposits. The uppermost layers are
draped over previously formed deposits along an irregular erosional surface. The beds are not folded;
the inclined layers accumulated at the attitudes shown in the photograph. Oshima Island, Japan.
(Photograph courtesy of A.R. McBirney.)

They occur preferentially in rock successions deposited in convergent-margin, magmatic-
arc settings, including trenches, forearc basins, backarc basins, and intra arc basins.
Epiclastic and reworked volcaniclastic sediments can be deposited by various
fluid-flow and sediment gravity-flow processes in both continental and marine environ-
ments. Many ancient epiclastic or redeposited pyroclastic volcaniclastic sandstones appear
to be turbidites that are associated with deeper-water deposits such as pelagic shales and
cherts.

Pyroclastic detritus can also be deposited in both subaerial and subaqueous environments.
Deposition of pyroclastic deposits is probably most common on land, including deposition
in lakes. Ancient pyroclastic deposits are commonly closely associated with lava flows.
Airfall, flows, and surges may generate well-bedded sequences of deposits (Fig. 4.27) that
can appear very similar to epiclastic deposits. See Pettijohn ez al. (1987, table 6.4, p. 224 and
table 6.6, p. 236) for some distinguishing characteristics of pyroclastic deposits and rede-
posited volcaniclastic deposits. Pyroclastic deposits may contain graded beds (normal,
reverse, complex grading), cross-beds, massive beds, and thin, parallel beds. Other sedi-
mentary structures include antidunes, chute-and-pool structures, convolute bedding, load
casts, and mudcracks

4.8 Miscellaneous sandstones

As indicated in preceding sections, the framework grains in epiclastic and volcaniclastic
sandstones are dominantly quartz, feldspars, and rock fragments. Rock-fragment composition
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can be quite varied. Most clasts are pieces of fine-grained igneous rocks, silicic metamorphic
rocks, or siliciclastic sedimentary rocks; however, fragments of limestone, dolomite, and
chert are common also. Occasionally, we find sandstones that contain significant amounts of
framework constituents other than quartz, feldspars, and common rock fragments. These
constituents may include heavy minerals such as magnetite, ilmenite, zircon, and rutile that
were probably concentrated by placer-forming processes, as on beaches. Rarely, unusual
rock fragments such as serpentinite fragments may make up a substantial fraction of the
framework grains. Sand-size fragments of intrabasinal precipitates such as carbonate grains
(ooids, pellets, intraclasts, fossils) can be abundant in some sandstones. Sandstones enriched
in carbonate grains are called calcarenaceous sandstones. Greensands, sandstones con-
taining significant amounts of glauconite, are moderately common in the geologic record,
especially along unconformity surfaces. Phosphatic sandstones containing appreciable
amounts of phosphatic skeletal fragments (Chapter 12), ooids, etc. occur also but are
much less common.
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Conglomerates

5.1 Introduction

Siliciclastic sedimentary rocks that consist predominantly of gravel-size (> 2 mm) clasts are
called conglomerates. The Latin-derived term rudite is also sometimes used for these rocks.
Conglomerates are common rocks in stratigraphic sequences of all ages, but make up less
than about one percent by weight of the total sedimentary rock mass (Garrels and McKenzie,
1971, p. 40). Geologists have focused a level of attention on conglomerates, judged by the
number of published papers, quite out of proportion to their relative abundance. This focus
stems from their usefulness in tectonic and provenance analysis (Chapter 7) and the growing
interest of sedimentologists in the rather specialized depositional environments of conglom-
erates. Also, some conglomerates serve as reservoir rocks for oil and gas.

The framework grains of conglomerates are composed mainly of rock fragments (clasts)
rather than individual mineral grains. These clasts may consist of any kind of rock. Some
conglomerates are composed almost entirely of highly durable clasts of quartzite, chert, or vein
quartz. Others are composed of a variety of clasts, some of which, limestone and shale clasts for
example, may be unstable or weakly durable. Conglomerates may contain various amounts of
matrix, which commonly consists of clay- or sand-size particles or a mixture of clay and sand.

Owing to their coarse grain size, conglomerates do not lend themselves readily to study
in the laboratory. They are studied primarily in the field, by a variety of techniques. Clast
counts, which consist of identifying several hundred randomly chosen clasts from a given
outcrop, are used to determine clast composition. Size and sorting of clasts can be determined
by measuring the dimensions of individual pebbles with a caliper. Some shape parameters
such as sphericity can be derived also from these size measurements. Roundness is commonly
determined by visual estimates. Conglomerate beds exposed in three-dimensional outcrops
can be studied to determine aspects of fabric such as fabric support (clast-supported versus
matrix-supported), the long-axis orientation of clasts, and the imbrication dips of clasts. All of
these textural elements are useful in environmental interpretation.

In this chapter, we examine the composition, textures, and structures of conglomerates.
Further, we see how some of these properties can be used as a basis for conglomerate
classification and as tools for environmental analysis. Finally, some generalized deposi-
tional models for conglomerates are presented and discussed.

165
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5.2 Definition of conglomerates

In contrast to sandstones, conglomerates contain a substantial fraction of gravel-size
(>2 mm) particles. The percentage of gravel-size particles required to distinguish a con-
glomerate from a sandstone or mudstone (shale) is arguable. Folk (1974, p. 28) sets the
boundary between gravel and gravelly mud or gravelly sand at 30 percent gravel. That is, he
considers a deposit with as little as 30 percent gravel-size fragments to be a gravel. On the
other hand, Gilbert (Williams et al., 1982, p. 330) indicates that a sedimentary rock must
contain more than 50 percent gravel-size fragments to be called a conglomerate. Siliciclastic
sedimentary rocks that contain fewer than 50 percent gravel-size clasts (possibly fewer
than 30 percent according to Folk’s usage) are conglomeratic sandstones or conglomeratic
mudstones. Some geologists use the terms pebbly sandstone or pebbly mudstone to describe
such sandstones or mudstones, although Gilbert reserves these terms for rocks with less
than about 25 percent gravel-size clasts. Crowell (1957) suggested the term pebbly mud-
stone for any poorly sorted sedimentary rock composed of dispersed pebbles in an abundant
mudstone matrix. The term “pebbly” is not an appropriate adjective for all such rocks with
sparse clasts, however, because many of these rocks contain larger clasts (cobbles or
boulders). Because of this somewhat confusing terminology for conglomeratic rocks that
contain considerable mud or sand matrix, Flint et a/. (1960) proposed the term diamictite for
nonsorted to poorly sorted, siliciclastic sedimentary rocks that contain larger particles of any
size in a muddy matrix

Thus, there are two kinds of rudites: (1) conglomerates with low to moderate amounts
of matrix, and (2) conglomerates with abundant matrix (diamictites). Although the term
diamictite is often applied to poorly sorted glacial deposits, it may be used for any sedimentary
rock having the characteristics described. Flint (1971, p. 154) indicates that the term diamictite
can be used “for nonsorted terrigenous sediments and rocks containing a wide range of
particle sizes, regardless of genesis.”

Unfortunately, we don’t know exactly what “abundant matrix” means when applied to
diamictites. Flint ef al. (1960) did not specify the minimum amount of matrix that characte-
rizes a diamictite. Rather than characterizing conglomerates on the basis of matrix content
alone, perhaps a better approach is to make distinction on the basis of fabric support. If mud
or sand matrix is so abundant that the clasts in a rudite or gravelly sediment do not form a
supporting framework, the fabric is commonly referred to as matrix-supported (Fig. 5.1).
Rudites or gravelly sediments that contain so little matrix that the gravel-size framework
grains touch and thus form a supporting framework are called clast-supported (Fig. 5.2).
(To avoid unnecessary confusion regarding diamictites, throughout the remainder of this
chapter all rudites will be called conglomerates, which can be either clast-supported or
matrix-supported.)

Because fabric support depends upon clast shape as well as upon the relative abundance of
framework clasts and matrix, there is no fixed percentage of matrix that characterizes a clast-
supported fabric versus a matrix-supported fabric. To determine the kind of fabric support
in a gravel deposit or in a consolidated rock, one must commonly examine the deposit in
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Figure 5.1 Matrix-supported fabric in conglomerates of the Bushnell Rock Member of the
Lookingglass Formation (Eocene), southern Oregon Coast Range. Note that the large clasts appear
to “float” in the mud-sand matrix.

Figure 5.2 Clast-supported fabric in terrace gravels of the Umpqua River, southwest Oregon. Clasts
are in contact and thus form a supporting framework. Hammer head for scale.

a three-dimensional outcrop. Clasts that do not appear to touch in a two-dimensional outcrop
may actually touch in three dimensions. Furthermore, clast-supported fabrics may grade to
matrix-supported fabrics within the same depositional unit. Careful, detailed field examination
of three-dimensional outcrops of gravel deposits or ancient conglomerates and diamictites is
the only way to determine fabric support.

The gravel-size material in conglomerates consists mainly of rounded to subrounded rock
fragments (clasts). By contrast, breccias are aggregates of angular, gravel-size fragments.
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Table 5.1 Fundamental genetic types of conglomerates and breccias

Major types Subtypes Origin of clasts
Extraformational Breakdown of older rocks of any kind through the
conglomerate and processes of weathering and erosion; deposition by
Epiclastic breccia fluid flows (water, ice) and sediment gravity flows
conglomerate Intraformational Penecontemporaneous fragmentation of weakly
and breccia conglomerate and consolidated sedimentary beds; deposition by fluid
breccia flows and sediment gravity flows
Pyroclastic breccia Explosive volcanic eruptions, either magmatic or

phreatic (steam) eruptions; deposited by airfalls or
pyroclastic flows

) ) Autobreccia Breakup of viscous, partially congealed lava owing to
Volcanic breccia continued movement of the lava
Hyaloclastic breccia Shattering of hot, coherent magma into glassy

fragments owing to contact with water, snow, or
water-saturated sediment (quench fragmentation)

Landslide and slump ~ Breakup of rock owing to tensile stresses and impact
breccia during sliding and slumping of rock masses
Tectonic breccia: fault, Breakage of brittle rock as a result of crustal
Cataclastic breccia fold, crush breccia movements
Collapse breccia Breakage of brittle rock owing to collapse into an

opening created by solution or other processes

Solution breccia Insoluble fragments that remain after solution of more
soluble material; e.g. chert clasts concentrated by
solution of limestone

Meteorite-impact Shattering of rock owing to meteorite impact
breccia

Source: Modified from Pettijohn, 1975, p. 165.

The particles in breccias are distinguished from those in conglomerates by their sharp edges
and unworn corners, although no specified roundness limit for breccias is in common use.
Many breccias, such as volcanic and tectonic breccias, are nonsedimentary in origin. Table 5.1
lists the major kinds of conglomerates and breccias, classified on the basis of origin.

The most common kinds of rudites are extraformational, epiclastic conglomerates and
breccias. These rocks are called extraformational because they are composed of clasts that
originated outside the formation itself. They are called epiclastic because they are generated
by breakdown of older rocks through the processes of weathering and erosion. Thus, they
are formed by the same kinds of processes that create epiclastic sandstones.

Intraformational conglomerates and breccias are deposits that formed by penecontem-
poraneous fragmentation of weakly consolidated beds and subsequent redeposition of the
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resulting fragments within the same general depositional unit. Sedimentary processes, such
as storm waves or mass flows, that bring about fragmentation and redeposition of clasts to
create intraformational conglomerates and breccias are probably very short-term events,
possibly requiring only a few hours or days. These intraformational deposits commonly
occur as thin units that are generally localized in extent. The fragments in these deposits may
be well rounded or angular depending upon the amount of transport and reworking. Very
commonly, they are flat or disc-shaped, giving rise to the term flat-pebble conglomerate.
Flat-pebble conglomerates characterized by flattened pebbles stacked virtually on edge,
owing to strong current activity, are called edgewise conglomerates. The most common
intraformational conglomerates and breccias are those formed of (1) limestone or dolomite
clasts in a limestone or sandy limestone matrix and (2) shale (mudstone) clasts in a sandy
matrix (Pettijohn, 1975, p. 184). In this book, epiclastic sedimentary breccias are considered
to be a kind of angular conglomerate and are not further differentiated from conglomerates.

Many breccias are generated by nonsedimentary processes such as volcanism. Volcanic
breccias are formed by primary volcanic processes that may include explosive volcanism,
autobrecciation of partially congealed lavas, or quench fragmentation of hot magmas that
come into contact with water, snow, or water-saturated sediment. (Note: Volcanic conglo-
merates made up of clasts formed by weathering and erosion of older volcanic rocks are
epiclastic conglomerates.) Less-common breccias are those that form through the processes
of cataclasis or collapse (cataclastic breccias) and solution of soluble rocks such as lime-
stone or salt, leaving insoluble gravel-size residues (solution breccias). Meteorite-impact
breccias are even less common.

Although nonsedimentary breccias and intraformational conglomerates are interesting,
our concern in this chapter is primarily with the more common and abundant extraforma-
tional, epiclastic conglomerates. Therefore, most of the remaining part of this chapter deals
with these conglomerates. A very short discussion of volcanic breccias and agglomerates
is included near the end of the chapter. Readers who wish a more extended discussion of
breccias may wish to consult Laznicka (1988).

5.3 Composition of epiclastic conglomerates
5.3.1 Composition of framework clasts

Gravel-size particles are the framework grains of conglomerates. Conglomerates may
contain gravel-size pieces of individual minerals such as vein quartz; however, the frame-
work fraction of most conglomerates consists of rock fragments (clasts). Virtually any kind
of igneous, metamorphic, or sedimentary clast may be present in a conglomerate, depending
upon source rocks and depositional conditions. Some conglomerates are made up of only
the most stable and durable types of clasts, that is, quartzite, chert, or vein-quartz clasts.
The term oligomict conglomerate is often applied to stable conglomerates composed
mainly of a single clast type, as opposed to polymict conglomerates, which contain an
assortment of clasts. Polymict conglomerates made up of a mixture of largely unstable or
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metastable clasts such as basalt, limestone, shale, and phyllite are commonly called
petromict conglomerates.

Some conglomerates that are enriched in quartzose clasts may be first-cycle deposits
(i.e., not recycled from an older generation of conglomerates) that formed by erosion of a
quartzite, quartz arenite, or chert-nodule limestone source. Others were probably derived
from mixed parent-rock sources that included less-stable rock types. Continued recycling of
mixed ultrastable and unstable clasts through several generations of conglomerates leads
ultimately to selective destruction of the less-stable clasts and concentration of stable,
quartzose clasts. Petromict conglomerates, and oligomict conglomerates made up of weakly
durable clasts such as limestone and basalt, are more likely than conglomerates enriched in
quartzose clasts to be first-cycle deposits. The clast composition of first-cycle conglome-
rates depends upon both the composition of the source rocks and the nature and intensity of
the transport and depositional processes. These processes may destroy some very weakly
durable clasts even in a single depositional cycle.

In addition to these factors, the clast composition of conglomerate deposits may be a
function also of sorting by clast size. As a result of weathering, some parent rocks typically
yield large clasts, whereas others break down to yield smaller fragments. For example,
metaquartzites and dense, volcanic-flow rocks such as rhyolite tend to yield large fragments
whose sizes are determined by the thickness of bedding and spacing of joints, whereas
shales and argillites yield clasts in the finer pebble sizes owing to their fissile nature and
closely spaced joint patterns in outcrop (Blatt, 1982, p. 144). Furthermore, less-durable frag-
ments such as shale clasts tend to break into still finer-sized clasts during transport, whereas
metaquartzite and rhyolite are more durable. Thus, the clasts of a given size in a conglom-
erate may be biased toward a particular rock type. Meaningful comparison of conglomerate
composition from one unit to another requires that comparison be made between units of
comparable clast size.

Other than the distinction made here between oligomict and petromict conglomerates,
few generalities can be stated about clast composition. Almost any combination of clast
types is possible in conglomerates, as shown in Table 5.2. Note from this table that
conglomerates may be made up of various mixtures of igneous, sedimentary, and meta-
morphic clasts, or they may be composed dominantly of a single clast type. For example,
some conglomerates are composed dominantly of volcanic clasts, others of metamorphic
quartzite clasts, and still others of sedimentary chert, limestone, or dolomite clasts. For
additional examples of conglomerate compositions see Seiders and Blome (1988).

5.3.2 Composition of matrix and cements

The matrix of conglomerates is composed mainly of clay- and sand-size particles. In contrast
to the upper size limit of about 30 microns set for the matrix in sandstones, no grain-size
limit has been established for the matrix of conglomerates. Conglomerate matrix is simply
the finer material that fills the interstitial spaces among gravel-size clasts. Any kind of
mineral or small rock fragment, including glassy fragments, can be present as matrix. Thus,
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Table 5.2 Clast composition of some North American conglomerates

Clast type Range of values (%) Average value (%)
Quartzite <1-95 21
Chert <1-95 17
Vein quartz <1-20 2
Basalt/Andesite <1-90 17
Rhyolite/Dacite <1-75 10
Granite/Diorite <1-15 5
Metavolcanics <1-55 7
Metasediments (undifferentiated) <1-10 2
Schists/Argillite <1-30 4
Sandstone/Siltstone <1-50 15
Shale <148 4
Conglomerate <1-6 1
Limestone/Dolomite <1-90 13
Other <1-10 2

Based on data from 17 localities, mostly in western USA (See Boggs, 1992,
p. 216 for sources)

the matrix may consist of various kinds of clay minerals and fine micas and/or silt- or
sand-size quartz, feldspars, rock fragments, heavy minerals, and so on. The matrix itself may
be cemented with quartz, calcite, hematite, clay, or other cements. Together, these cements
and matrix materials bind the framework grains of the conglomerates.

5.4 Texture
5.4.1 Matrix content and fabric support

High-energy processes, such as fluvial and beach processes, that transport and deposit
gravels may remove most fine-size detritus and deposit gravels with little sand or mud
matrix. On the other hand, gravels transported by glaciers and sediment-gravity-flow
processes such as debris flows may contain abundant matrix. In fact, many gravel deposits
that originate by these processes may contain more muddy matrix than framework clasts.
Thus, as mentioned, some gravel fabrics are matrix-supported.

Conglomerates that contain essentially no matrix (voids among pebbles unfilled) are
called openwork conglomerates (Pettijohn, 1975, p. 157). Openwork conglomerates are
uncommon, in contrast to many sandstones that are deposited with open pores. That is, the
pores of many sandstones are filled at the time of deposition only by fluids and not by
matrix. Thus, in contrast to sandstones, conglomerates tend to have two size modes, one in
the gravel-size range (the framework grains) and one in the sand- to mud-size range (the
matrix grains).
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5.4.2 Clast shape and orientation

The shape and orientation of sedimentary particles are discussed in detail in Chapter 2.
The discussion in Chapter 2 applies to the particles in conglomerates as well as those in
sandstones; however, the shapes and orientations of particles in conglomerates may differ in
some respects from those of associated sandstones. For example, gravel-size particles can
become moderately rounded with comparatively short distances of stream transport, whereas
sand-size particles undergo very little rounding. Therefore, clasts in a fluvial conglomerate
may be well rounded, whereas grains in associated sandstones may be subangular to angular
(Pettijohn, 1975, p. 163). The form (sphericity) of conglomerate clasts tends to be related
to the shapes of the initial rock fragments released from the parent rocks. Parent rocks with a
schistose or fissile fabric are likely to release tabular or disc-shaped fragments, whereas
more-massive rocks such as metaquartzite tend to release more-equant-shaped clasts. Clast
shape may, of course, be subsequently modified to some extent during transport owing to
abrasion and clast breakage.

Because many conglomerate clasts do have an elongated or tabular shape, these clasts
may assume a preferred orientation during transport and deposition. For example, elon-
gated, gravel-size clasts tend to become oriented transverse to current flow (Fig. 2.21D)
during stream transport, whereas sand-size grains are more likely to become oriented
parallel to current flow. Tabular and elongated clasts also tend to develop an imbricated or
shingled fabric under strong unidirectional currents (Fig. 2.21E; see also Fig. 5.7). For more
details on particle orientation, see Section 2.3.8.

5.5 Sedimentary structures in conglomerates

Many of the sedimentary structures described in Chapter 3 do not occur in conglomerates,
which tend to have restricted suites of structures. Many conglomerates are massive (struc-
tureless); however, crude to well-developed planar horizontal or inclined stratification is
moderately common. Tabular and trough cross-bedding is also present in some conglo-
merates, such as fluvial conglomerates; however, cross-bedding is much less common in
conglomerates than in sandstones. Conglomerates may be nongraded, or they may display
normal, inverse, or normal-to-inverse size grading. Other structures include gravel-filled
scours and channels, and gravel lenses. Conglomerates may be associated with sandstones
that display a much greater variety of sedimentary structures.

5.6 Descriptive classification of conglomerates
5.6.1 General statement

In spite of the strong interest that geologists have in coarse-grained sedimentary rocks, we
lack an adequate system for formally classifying conglomerates. Instead of formal names for
conglomerates, geologists commonly use a variety of informal names. Some of these names
are based on composition of the clasts (e.g. quartzite conglomerates), others on grain size
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(e.g. pebble conglomerates), and still others on presumed depositional environment or
depositional process (e.g. fluvial conglomerates, debris-flow conglomerates). Pettijohn’s
(1975) classification is probably the best known of the few published conglomerate classi-
fications, but it appears to be little used.

The paucity of formal conglomerate classifications stands in sharp contrast to the more
than 50 classifications for sandstones that have been proposed (Friedman and Sanders,
1978, p. 190). Although sandstones may be overclassified, there appears to be a need for an
adequate conglomerate classification. One reason that few conglomerate classifications
have been proposed may be because conglomerates are not as easily classified as sand-
stones. For example, the many kinds of framework clasts that can be present in conglo-
merates make it difficult to reduce clast lithologies to three principal kinds. Thus, in contrast
to classification of sandstones, it is not easy to plot the clast composition of conglomerates
on a ternary classification diagram.

5.6.2 Classification by relative clast stability

One way to deal with the composition of conglomerates for the purpose of classification is to
place clasts into two groups on the basis of relative clast stability: (1) ultrastable clasts
(quartzite, chert, vein quartz), and (2) metastable and unstable clasts (all other clasts). Thus,
on the basis of clast stability, we recognize two kinds of conglomerates. Conglomerates
made up of framework grains that consist dominantly of ultrastable clasts (>~90 percent)
are quartzose conglomerates. Conglomerates that contain fewer ultrastable clasts are
petromict conglomerates. As indicated in Section 5.3.1, the term petromict conglomerate
is in common use for conglomerates containing abundant unstable or metastable clasts.

The compositional boundary between quartzose and petromict conglomerates is com-
monly placed at 90 percent stable clasts. This 90 percent boundary is arbitrary; however, it
does agree with the boundary between stable grains and unstable grains set in some sand-
stone classifications. Also, it coincides with the boundary suggested by Pettijohn (1975,
p. 165) in his conglomerate classification.

Classifying conglomerates on the basis of clast stability has some important genetic signifi-
cance. For example, some quartzose conglomerates probably originate as a result of intense
chemical weathering of source rocks such as chert-nodule limestones. Others form as a result
of prolonged transport or multiple recycling of clasts, processes that mechanically eliminate
less-durable clasts. By contrast, petromict conglomerates are more likely to be first-cycle deposits
that originate under less-intensive weathering conditions or that undergo less-prolonged transport
and abrasion. Thus, the proposed stability classification has important interpretative value.

5.6.3 Classification by clast lithology

Although classification of conglomerates on the basis of clast stability is useful, as discussed,
it reveals little about the actual clast lithology of conglomerates. Because conglomerates
can contain a wide variety of clast types (Table 5.2), it is often desirable in the study of
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Figure 5.3 Classification of conglomerates on the basis of clast lithology. Note that conglomerates can
be either clast-supported or matrix-supported.

conglomerates to focus on clast composition rather than on clast stability, particularly in
source-rock studies.

For classification purposes, conglomerate clasts can be grouped into three fundamental
kinds: igneous, metamorphic, and sedimentary. Admittedly, some subjectivity may be
involved in assigning clasts to these genetic groups; however, clast identification is com-
monly rather easy. The relative abundance of the different kinds of clasts (e.g. basalt, schist,
sandstone) in a conglomerate is established in the field by clast counts. Once composition
has been determined, clasts are grouped by genetic type (igneous, metamorphic, sedimen-
tary) as end members of a classification triangle. Thus, all clasts, including ultrastable clasts,
are normalized in terms of these three fundamental end members.

Figure 5.3 shows how conglomerates can be classified on the basis of these end-member
clast types. The classification triangle in Fig. 5.3 is divided into four fields to yield four kinds
of conglomerates: metamorphic (clast) conglomerates, igneous (clast) conglomerates,
sedimentary (clast) conglomerates, and polymict conglomerates. The term polymict can
be applied informally to all conglomerates containing clasts of mixed lithology; however, it
is used in a formal sense in this classification to denote conglomerates made up of roughly
subequal amounts of metamorphic, igneous, and sedimentary clasts. Although this classi-
fication is largely descriptive, these conglomerate names obviously have some provenance
significance because the terms identify major genetic categories of source rocks from which
conglomerates are derived.

To arrive at the actual name of a conglomerate on the basis of dominant clast lithology
requires that daughter triangles be erected on the basic classification diagram, as shown in
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Fig. 5.3. For conglomerates that fall into the metamorphic, igneous, or sedimentary fields,
the clasts are renormalized in the daughter triangle to 100 percent metamorphic, igneous, or
sedimentary clasts, as appropriate. Clast composition is then plotted on the correspon-
ding daughter triangle. Thus, sedimentary conglomerates, for example, could be classified
as limestone or dolomite conglomerates, sandstone conglomerates, chert conglomerates,
and so on, depending upon the relative percentages of various kinds of sedimentary clasts.
Metamorphic conglomerates include schist conglomerates, gneiss conglomerates, quartzite
conglomerates, and so on. Igneous conglomerates include granite conglomerates, basalt
conglomerates, and so on. Informal names such as limestone conglomerate have been in use
for years. This recommended classification simply formalizes the classification procedure and
places some definite compositional limits on each kind of conglomerate on the basis of clast
types. Note that polymict conglomerates, which contain roughly equal amounts of metamor-
phic, igneous, and sedimentary clasts, are not further classified by specific lithologic types.

In verbal descriptions of conglomerates, the stability class name can be combined, if
desired, with the appropriate lithologic name (derived from the classification diagram) to
provide additional clarification of the composition. Thus, for example, a chert conglomerate
might be called a quartzose chert conglomerate if it contains more than 90 percent stable
clasts, or a petromict chert conglomerate if it contains fewer than 90 percent stable clasts and
chert is the dominant clast type.

5.6.4 Classification by clast size

Finally, terms for the relative sizes of clasts in a conglomerate can be used as adjectives that
are added to appropriate compositional terms, if desired. Thus, we could have a cobble-rich
quartzose conglomerate, a boulder-rich petromict conglomerate, and so on.

5.7 Occurrence of quartzose and petromict conglomerates
5.7.1 General statement

Conglomerates occur in sedimentary successions of all ages from Precambrian to Holocene
and on all continents of the world. The clasts that make up conglomerates are derived from
many kinds of igneous, metamorphic, and sedimentary source rocks. These clasts can be
transported and deposited by a variety of fluid-flow and sediment-gravity-flow processes.
Space does not permit detailed discussion of conglomerate occurrence; however, a brief
discussion of quartzose and petromict conglomerates and some generalities about their
sources are given below.

5.7.2 Quartzose conglomerates

Quartzose conglomerates, which consist dominantly of metaquartzite, vein-quartz, or
chert clasts, are derived from metasedimentary, sedimentary, and some igneous rocks. As



176 Conglomerates

suggested by Pettijohn (1975, p. 166), these clasts are a residuum concentrated by destruc-
tion of a much larger volume of rock. Quartzite clasts are derived from metasedimentary
sequences containing quartzite beds. Less-stable metasedimentary clasts such as argillite,
slate, and schist, originally present in such metasedimentary sequences, must have been
destroyed by weathering, erosion, and sediment transport. Quartz-filled veins occur broadly
scattered through mainly igneous and metamorphic rocks. Concentrations of vein-quartz
clasts in quartzose conglomerates implies destruction of large bodies of such primary
igneous or metamorphic rock. Likewise, the concentration of chert clasts in a conglomerate
implies destruction of large volumes of chert-nodule limestone to yield a chert-clast con-
centrate. Some chert clasts may, of course, be derived also by erosion of bedded chert
deposits.

Such wholesale destruction of rock masses to yield relatively small concentrates of
quartzose clasts implies either extremely intensive chemical weathering or vigorous trans-
port that mechanically destroyed less durable clasts. More than one cycle of weathering and
transport could be involved. The source rocks that yield quartzose clasts are most likely to
occur in recycled orogen or continental block provenances (Chapter 1). Because quartzose
clasts represent only a small fraction of a much larger original body of rock, the total volume
of quartzose conglomerates is commonly small. They tend to occur as scattered pebbles,
thin, pebbly layers, or lenses of pebbles in dominantly sandstone units (Pettijohn, 1975,
p. 166). They appear to be largely of fluvial, particularly braided-stream, origin, but marine,
wave-worked quartzose conglomerates also exist.

Examples of quartzose conglomerates are known from throughout the world in sedimen-
tary units ranging in age from Precambrian to Tertiary. Precambrian examples include the
jasper-bearing Lorrain quartzites (Huronian) of Ontario, and Paleozoic examples include
parts of the Silurian Tuscarora Quartzite and the Devonian Chemung and Mississippian
Pocono formations of the US central Appalachians. Mesozoic and Tertiary examples include
quartzose conglomerates in the Cretaceous Hornbrook Formation and Mississippian Bragdon
Formation of the northern Klamath Mountains of northern California, the Tertiary Brandywine
upland gravels of Maryland, and the Lafayette upland gravels of western Kentucky. Many
quartzose conglomerates also occur in Tertiary successions in the US Rocky Mountains
(e.g. Kraus, 1984). Some stratigraphic characteristics of these conglomerates are illustrated in
Fig. 5.4. Additional examples are discussed by Pettijohn (1975, p. 166). This tabulation of
examples is by no means comprehensive.

5.7.3 Petromict conglomerates

As discussed, petromict conglomerates contain significant amounts of metastable rock
fragments. Most are polymictic conglomerates, made up of a variety of metastable clasts.
They may be derived from many different types of plutonic igneous, volcanic, metamorphic,
or sedimentary rock. As shown in Table 5.2, the clasts in a given conglomerate unit may be
dominantly volcanic, dominantly metamorphic, or dominantly sedimentary, depending
upon the source-rock lithology. Conglomerates composed dominantly of plutonic igneous
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Figure 5.4 Massive or horizontally stratified conglomerate facies assemblage in Tertiary quartzite
conglomerates of Wyoming. A. Crude horizontal stratification in gravel facies. B. Large-scale
planar cross-stratification as a lens in the gravel facies. C. Stratigraphic section of part of the gravel
facies assemblage; St=cross-stratified sandstone, Gm=massive or crudely stratified gravel,
Sh=horizontally laminated sandstone, Ss=sandstone with broad, shallow scours. (From Kraus,
M.J., 1984, Sedimentology and tectonic setting of early Tertiary quartzitic conglomerate,
northwest Wyoming, in Koster, E.H. and R.J. Steele, (eds.), Sedimentology of Gravels and
Conglomerates: Canadian Society of Petroleum Geologists Memoir 10, Fig. 8, p. 210, reprinted
by permission.)
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clasts appear to be uncommon, probably because plutonic rocks such as granites tend to
disintegrate into sand-size fragments rather than forming larger blocks. Among petromict
conglomerates containing significant amounts of sedimentary clasts, clasts of siliciclastic
sedimentary rock are generally more common than clasts of carbonate rocks. On the other
hand, some conglomerates are composed mainly of carbonate clasts (Table 5.2). Owing to
their lesser stability compared to quartzose clasts, the clasts of petromict conglomerates are
more likely than quartzose clasts to be of first-cycle origin. Nonetheless, the fact that some
petromict conglomerates contain clasts of a previous generation of petromict conglomerates
shows that some metastable clasts can survive recycling.

The volume of ancient petromict conglomerates is far greater than that of quartzose
conglomerates. The petromict conglomerates form the truly great conglomerate bodies of
the geologic record, and they may reach thicknesses of thousands of meters. Some con-
glomerates composed mainly of volcanic clasts form especially thick sequences. The
preservation and accumulation of such thick sequences of metastable clasts, particularly
clasts of highly soluble limestone or dolomite, imply rapid erosion of sharply elevated high-
lands (or areas of active volcanism in the case of volcanic conglomerates). Alternatively, some
petromict conglomerates, such as some limestone conglomerates, may have accumulated at
lower elevations but under very cold conditions where glacial activity provided the erosion
mechanism. In any case, the metastable clasts of petromict conglomerates must have been
stripped from source areas before chemical weathering processes could bring about solution or
promote disintegration to sand-size particles. Furthermore, they must have been transported
only short distances from the source, or they were transported by processes that did not
mechanically destroy the clasts. Petromict conglomerates can accumulate in any tectonic
provenance (continental block, recycled orogen, or magmatic arc) where the requisite con-
ditions that allow their preservation are met. They are deposited in environments ranging from
fluvial through shallow-marine to deep-marine, although the bulk of the truly thick petromict
conglomerate bodies are probably nonmarine.

Examples of petromict conglomerates in the geologic record are so numerous and so
varied that a listing of occurrences is essentially pointless. Examples could be cited from
sedimentary sequences of all ages and from all continents of the world. See, for example,
Seiders and Blome (1988). Space does not permit extended discussion of specific examples,
but one example of a mixed-clast conglomerate in the Miocene Kotanbetsu Formation of
Hokkaido, Japan is shown in Fig. 5.5.

5.8 Conglomerate properties and depositional environments

Descriptive classification of conglomerates (Fig. 5.3) is useful as a means of identifying
the compositional differences among conglomerates and in relating clast composition to
sediment sources (provenance). On the other hand, many conglomerate workers focus on
study of depositional environments and are thus interested in the properties of conglom-
erates that relate to depositional origin. They are commonly more concerned with the
textural and structural properties of conglomerates than with clast composition. Instead of
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Figure 5.5 Polymict conglomerates of the Miocene Kotanbetsu Formation of Hokkaido, Japan. This
facies displays inverse-to-normal grading and overlies finer-grained turbidite units. The vertical scale
is 100 cm long. (From Okada, H. and S. K. Tandon, 1984, Resedimented conglomerates in a Miocene
collision suture, Hokkaido, Japan, in Koster, E. H. and R.J. Steele, (eds.), Sedimentology of Gravels
and Conglomerates: Canadian Society of Petroleum Geologists Memoir 10, Fig. 9, p. 419, reprinted
by permission. Photograph courtesy of H. Okada.).

discussing and classifying conglomerates on the basis of clast lithology, they are more
likely to classify them on the basis of presumed depositional origin. Thus, they may refer
to a particular conglomerate as a wave-worked conglomerate, a resedimented conglom-
erate, and so on.

The textural and structural characteristics of conglomerates are generated owing to
deposition under a particular set of environmental conditions. Thus, a goal of many
conglomerate studies is to identify the paleoenvironments of conglomerates on the basis
of these characteristic properties. Gravels are deposited in modern environments ranging
from fluvial to deep-marine by a variety of fluid-flow, ice-flow and rafting, and sediment-
gravity-flow processes. We assume that ancient conglomerates were deposited in similar
environments and that the characteristics of ancient conglomerates and modern gravels
deposited in similar environments are also similar. The scope of this book does not allow
detailed discussion of depositional environments. Readers who wish more background
knowledge of depositional environments may turn to a variety of sources; see, for example,
Boggs (20006, ch. 8—11) and references therein.

Each environment in which conglomerate is deposited is characterized by a particular
set of depositional processes, which produces conglomerates with distinctive textures and
sedimentary structures that reflect depositional setting and depositional process. This
relationship is summarized in Table 5.3. Conglomera